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ABSTRACT
The structure and tectonics of planetary lithospheres
reflect both their initial state and their subsequent evolution.
This thesis is an investigation of several aspects of these
relationships for terrestrial mid-ocean ridges and lunar impact
basins. A common thread linking oceanic lithosphere and impact
basins is that both are born hot and cool with time. The
objectives of this thesis are to determine the structure of young
oceanic lithosphere and large lunar basins, to interpret these
structures in terms of the processes responsible for their
formation, and to assess the contribution of cooling, thermal
contraction, and thermal stress to the tectonics of oceanic and
lunar lithosphere.
Seismograms recorded by a three-component ocean-bottom
seismometer from two orthogonal refraction lines in the ROSE area
of the East Pacific Rise at 110 20'N are used to constrain the
structure of young oceanic crust and the nature of magma bodies
beneath the rise axis. Converted shear waves are clearly
observed on the horizontal seismometers for both lines, including
paths crossing the rise axis. Neither a travel-time delay nor
measurable attenuation is observed for shear or compressional
waves which have passed beneath the rise crest at depths down to
4 km. On the basis of these observations, there can be no large
crustal magma chamber beneath the rise at this latitude. The P
wave velocity distribution, as inferred from travel-time and
amplitude data, does not differ markedly from that of "normal"
young oceanic crust. The shear velocity distribution, as inferred
from the travel times of converted S arrivals, however, indicates
a Poisson's ratio (0.32) that may be more typical of fractured
crust in rise-axis regions. A combined consideration of the
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results of this experiment and other observations of
rise-crossing crustal phases elsewhere in the ROSE area leads to
the conclusion that any magma within the crust beneath the rise
axis of this region must be confined to narrow dikes or pipes or
to small isolated bodies with a vertical thickness of less than
about 1 km.
Over 500 seismograms collected by five ocean-bottom
hydrophones are used to examine the structure and variability of
O.5-m.y.-old oceanic crust in the ROSE area. There are no
significant differences among the first arrival travel times for
10 independent refraction lines along the isochron. However,
line-to-line variability of an amplitude pattern signaling the
transition from seismic layer 2 to layer 3 suggests that
structural boundaries within the upper crust vary by hundreds of
meters in depth over lateral distances of tens of kilometers
within this 200 km segment of lithosphere. Based on the modeling
of these amplitude patterns and on comparisons with the upper
crust sampled at DSDP hole 504B and in ophiolite complexes, layer
2 can be divided into three units: 2A corresponds to extrusive
volcanic rocks with a steep velocity gradient, 2B to extrusives
with a near-zero velocity gradient, and 2C to a complex region of
transition from extrusives to sheeted dikes. The total thickness
of layer 2 varies by about 0.7 km over the length of the line.
The variability of the layer 2 -layer 3 amplitude event provides
direct evidence that the along-strike structure of oceanic crust
in the ROSE area is definably heterogeneous and that the process
of crustal accretion is likewise variable on the scale resolved
by amplitude and travel-time information.
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Models for the structure of the crust and upper mantle
beneath lunar impact basins are derived from an inversion of
gravity and topographic data from the nearside of the Moon.
All basin models display a thinner crust and an elevated Moho
beneath the central basin region compared to surrounding areas,
a signature of the processes of basin excavation and mantle
uplift during collapse of the transient cavity. A general
decrease in the magnitude of apparent uplift of mantle material
with increasing basin age is attributable to enhanced rates of
ductile flow of crustal material early in lunar history when
crustal temperatures were relatively high. The more relaxed
topographic and Moho relief associated with older basins on the
central nearside may, in particular, be at least partly a
consequence of the extensive subsurface heating associated with
the formation of the large Procellarum basin. The deep
structure of the youngest basins constrains the geometry of the
cavity of excavation and the amount of crustal material ejected
beyond the basin rim. From the volumes of the topographic
basin, of mare basalt fill, and of uplifted mantle material,
the volume of crustal material ejected beyond the basin rim for
an Orientale-size event was on the order of 107 km3 . A near
constant thickness of non-mare crustal material beneath the
central regions of young basins of various diameters and
pre-impact crustal thicknesses suggests that the transient
cavity excavated to at least the base of the crust for the
largest basins; significant excavation into the mantle may have
been impeded by an abrupt increase in strength at the lunar
Moho.
Thermal stress may have been a significant contributor to
the topography and tectonics of large lunar impact basins.
Heat converted from impact kinetic energy and contributed from
the uplift of isotherms during early cavity modification are
important components in the energy budget of a newly-formed
basin. That subsequent cooling may have been an important
factor in the tectonic history of lunar basins is partially
supported in the Orientale basin by a deep central depression
and a surrounding region of extensive fissuring. The
significance of thermal stress to the formation of these
features is tested by examining the response of an elastic
half-space to cooling of the sub-basin region. All models
predict subsidence of the basin floor and a state of stress in
which fissuring is likely. In addition, the rates of 'cooling
and of accumulation of thermal stress are consistent with the
inferred timing of fissure formation in Orientale. The
sensitivity of the displacement and stress fields predicted by
our models to the distribution of initial temperatures allows
us to use the observed topography and tectonics to place
approximate bounds on thv quantity and distribution of impact
heat emplaced during basin formation. The impact heat
deposited beneath the Orientale basin was probably between 1
and 6 x 1032 erg. It is likely that most of this heat was
concentrated within a distance of 100 km from the point of
impact.
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Chapter 1
INTRODUCTION
Volcanism, impact cratering, and tectonism are three
geologic processes which have at one time or another been
important in the shaping of the surfaces of all the terrestrial
planets. This thesis examines aspects of all three of these
processes, including the structure of volcanically-emplaced
crust near a terrestrial mid-ocean ridge, the deep structure of
impact basins on the Moon, and a process potentially important
to the tectonics of the lithosphere in both settings: thermal
stress.
The most extensive zone of active volcanism in the inner
solar system is located along the Earth's mid-ocean ridges.
This essentially continuous chain of ridges and rises extends
for over 50,000 km beneath the oceans. It is here that over
70% of the terrestrial lithosphere has been accreted and
structurally ordered. Though the structural heterogeneity of
oceanic crust and upper mantle is definable, the seismically
measured depth to any structural horizon probably varies by at
most a few kilometers within lithosphere of a given age [e.g.,
Spudich and Orcutt, 1980].
On the Moon, impact cratering has been the most prominent
sculptor of the outer shell of that one-plate planet. The
largest craters, called impact basins, exceed hundreds of
kilometers in diameter and dominate our naked-eye view of the
Moon as seen from the Earth. Impact basins were the center of
volcanism and tectonic activity early in lunar history [Solomon
and Head, 1979; Solomon et al., 1982]. The shaping of the
lunar lithosphere bore no resemblance to the relatively steady
accretion of oceanic plates seen on our planet today. The deep
structure of the Moon's lithosphere is largely a product of an
intense and random period of bombardment that ended almost
4 b.y. ago. Gravity data over lunar basins and adjacent
terrain suggest variability in crustal thickness of tens of
kilometers over lateral distances of 100 km [Bills and Ferrari,
1977].
A key ingredient in the creation of both oceanic
lithosphere and lunar impact basins is heat. The loss of this
heat during lithospheric cooling can significantly affect the
structural and tectonic evolution of crust and upper mantle. A
first-order consequence of oceanic heat loss is the observed
subsidence of the seafloor with increasing age [e.g., Parsons
and Sclater, 1977]. That the amount of impact kinetic energy
converted to heat during the formation of a single
600-km-diameter basin [- 1032 erg, O'Keefe and Ahrens, 1975] is
probably at least 10 4 times the annual loss of heat through the
ocean floor [~ 1028 erg, Sclater et al., 1980] attests to the
potential importance of cooling and associated thermal stress
to the modification of impact basins.
In this thesis, I use seismic, gravity and topographic
data to examine the structure of the lithosphere near the East
Pacific Rise (Chapters 2, 3 and 4) and beneath impact basins on
the lunar nearside (Chapters 5 and 6). The structures
determined provide important information on the processes
responsible for the formation and modification of the
respective lithospheres. Finally, I assess the contribution of
cooling, thermal contraction and thermal stress to the tectonic
history of lithosphere in the vicinity of terrestrial mid-ocean
ridges and lunar impact basins.
Chapter 2 presents an investigation of the structure of
crust less than 0.5 m.y. old at 11020'N on the East Pacific
Rise. The use of a three-component ocean-bottom seismometer
(OBS) to record refraction seismic data from lines both
crossing and flanking the rise facilitates the analysis of both
compressional and converted-shear arrivals. In addition to
determining the P- and S-wave velocity structure of the
youngest oceanic crust, I appraise the efficiency of shear wave
propagation beneath the rise axis as a test for the existence
of large magma bodies within the crust. Comparison of these
results with refraction data collected elsewhere on the rise
allows the degree of heterogeneity in the process of crustal
accretion to be explored. This work has been recently
published [Bratt and Solomon, 1984].
The structure and variability along a 200-km-long line of
0.5-m.y.-old crust just north of the OBS is examined in
Chapter 3. Over 500 seismograms recorded by 5 identical ocean-
bottom hydrophones comprise a large, uniform data set with
which arrival-time and amplitude data can be interpreted in
terms of structure. Also, the variability within the data set
provides clues to the heterogeneity of the shallow lithosphere
and variability in the processes responsible for its creation.
Comparison of the results of this analysis with observations of
the structure of ophiolite complexes [e.g., Casey et al., 1981;
Christensen and Salisbury, 1975) and in Deep Sea Drilling
Project hole 504B [Anderson et al., 1982; Becker et al., 19823
suggests geologic analogs to the seismic structural units in
young oceanic crust. Also, comparison of the P-wave data
recorded on 0.5 m.y. old crust with data from a similar study
on 140 m.y. old crust [Purdy, 1983J gives additional insight
into the evolution of lithosphere with time. Chapter 3 has
also recently appeared in published form [Bratt and Purdy,
1984J.
A well known product of the aging and cooling of oceanic
lithosphere is thermal subsidence [e.g., Parsons and Sclater,
19773. In Chapter 4, I examine the possibility that cooling
and contraction of the lithosphere also produces a thermo-
elastic stress field important to the state of stress in young
lithosphere. This study has been motivated by recent
determinations of the focal mechanisms and depths of near-ridge
earthquakes [e.g., Bergman and Solomon, 1984J which suggest a
concentration of seismicity in lithosphere younger than
15 m.y., where cooling rates are relatively high. To assess
the importance of thermal stress to near-ridge seismicity, the
lithosphere is modeled as a half-space in which the elastic
response [Mindlin and Cheng, 19503 to cooling is computed. The
thermal stress field predicted by standard half-space cooling
and by cooling models which simulate the effects of
hydrothermal circulation are calculated and compared to the
state of stress inferred from the earthquake record. A paper
reporting on the results of this analysis has been submitted
for publication [Bratt et al., 1984].
The deep structure of lunar impact basins offers informa-
tion on the processes of basin formation and modification not
available from observations of surface morphometry and
morphology. Models for the structure of the crust and upper
mantle are derived in Chapter 5 from an inversion of gravity
and topographic data from the lunar nearside. Other global
models lacking the resolution of this analysis [e.g., Thurber
and Solomon, 19783 suggest that lunar basins are characterized
by generally thinned crust, a remnant of crater excavation and
mantle uplift during basin formation. Comparison of the
preserved mantle uplift beneath basins as a function of basin
age furnishes insight into changes in the processes of basin
formation and modification as the Moon's elastic lithosphere
cooled and thickened with time. The amount of crustal thinning
displayed beneath the youngest basins can also provide
constraints on the volume of material excavated and ejected
bev?'d the basin rim, a quantity that for the largest basins is
pre"..ntly uncertain by an order of magnitude [Head et al.,
19753. The analysis and results of this chapter are in press
[Bratt et al., 1984b3.
Basin formation focusses large quantities of heat into the
shallow lithosphere beneath the point of impact [e.g., O'Keefe
and Ahrens, 19753. Chapter 6 is an assessment of the
contribution of cooling, subsidence, and thermal stress to the
topography and tectonics of impact basins. The two primary
components of a basin's initial energy budget are heat
converted from the kinetic energy of the projectile and the
uplift of isotherms during collapse of the excavated cavity and
formation of the basin. The quantity and distribution of the
first component is highly uncertain. Isotherm uplift is
constrained by the structural models of Chapter 5. The
importance of thermal stress as a tectonic process in impact
basins is examined by modeling the response of an elastic
half-space to cooling of a cylindrically symmetric initial
temperature field. The modeling procedure differs from that of
Chapter 4 only in the symmetry of the changing temperature
field. The quantity and distribution of impact heating is
varied so as to match the relief of the central depression, the
location of a band of fissures, and the timing of deformation
within the relatively young and unmodified Orientale basin
[Church et al., 1982]. A sensitivity of the models presented
here to the quantity and distribution of initial heat allows
the observed topography and tectonics to be used as constraints
on the quantity and distribution of impact heat emplaced during
basin formation.
In Chapter 7, I discuss some general conclusions of this
thesis, address questions generated by the analyses contained
in this work, and suggest future work designed to help answer
these questions.
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Chapter 2
COMPRESSIONAL AND SHEAR WAVE STRUCTURE OF THE
EAST PACIFIC RISE AT 110 20'N:
CONSTRAINTS FROM THREE-COMPONENT OCEAN-BOTTOM SEISMOMETER DATA
INTRODUCTION
Of substantial interest to marine seismologists during the
past two decades has been the structure of the lithosphere at
the locus of plate creation: the mid-ocean ridge or rise. It
is there that a systematic compositional order develops in
oceanic crust and upper mantle. Most of the currently accepted
models for the formation of oceanic crust require that magmas
originating in the mantle first undergo some degree of
differentiation in a crustal magma chamber before material is
accreted onto neighboring young crust [e.g., Cann, 19741. Many
recent seismic experiments have focused on testing for the
presence of such proposed bodies of magma or partial melt
beneath mid-ocean ridge axes as well as on delineating the
velocity structure of young oceanic lithosphere. Because
theoretical models for viscous dissipation of seismic energy in
a partially molten material [Walsh, 1968, 1969] predict that
the effects of melt on the velocity and amplitude of a passing
seismic wave are much greater in shear than in compression,
shear wave propagation can be a particularly sensitive
indicator of melt beneath a mid-ocean ridge. Few observations
of shear wave propagation at crustal depths beneath the axis of
a ridge, however, have been reported. In this chapter, we
present an analysis of data from two seismic refraction lines
oriented parallel to and across the East Pacific Rise and
recorded by a three-component ocean-bottom seismometer (OBS)
during the Rivera Ocean Seismic Experiment, or Project ROSE
[Ewing and Meyer, 1982]. The data allow us to identify
refracted shear energy, to test directly for the existence of a
crustal magma chamber, and to investigate more completely than
would be possible with only single-component data the structure
of the crust beneath and adjacent to the East Pacific Rise.
Seismic surveys conducted on the Mid-Atlantic Ridge (MAR)
and the East Pacific Rise (EPR) have led to the view that while
crustal magma chambers may be steady-state features beneath
intermediate to fast spreading ridges, they are intermittent
structures along slow spreading ridges [e.g., Macdonald, 1982;
Sanford and Einarsson, 1982]. From observations of converted
shear waves that had passed beneath the median valley of the
MAR at crustal depths at latitudes 370 and 45*N, Fowler [1976,
1978] concluded that no crustal magma chamber could be resolved
beneath the slowly spreading ridge in either survey area.
Efficient propagation of crustal compressional energy beneath
the crest of the MAR led Steinmetz et al. [1977] to suggest
that no crustal magma body was present beneath the ridge axis
at 400N. Microearthquakes have been shown to occur throughout
the crustal column beneath the MAR axial valley at 450N
[Lilwall et al., 1978] and 230 N [Toomey et al., 1982], probably
precluding crustal magma chambers in both regions. In fact, we
know of no studies which have convincingly demonstrated the
presence of a shallow magma body at any location beneath the
MAR. Current models for plate formation at slow spreading
rates based on thermal constraints [Sleep, 1975] and on
seismological, thermal, petrological, and geochemical data
[Nisbet and Fowler, 1978] are consistent with these findings
and predict that any crustal magma resides in regions too
narrow to be resolved by conventional seismic refraction
investigations. Several studies, it should be noted, have
resolved zones of low velocity and high attenuation in the
upper mantle beneath the MAR [e.g., Solomon and Julian, 1974;
Forsyth, 1977; Steinmetz et al., 1977; Fowler, 1978], but such
regions need not be related to crustal magma chambers.
In contrast to the results from experiments on the
Mid-Atlantic Ridge, travel-time delays and attenuated
compressional arrivals seen in seismic refraction data from
several locations along the East Pacific Rise [e.g., Rosendahl
et al., 1976; McClain and Lewis, 1980) have been interpreted as
evidence for low velocity zones, possibly magma chambers,
within the crust beneath the rise crest. Reid et al. [1977]
noted delayed first arrivals from explosive shots and
attenuated shear arrivals from earthquakes when wave paths from
either type of source to a vertical-component ocean bottom
seismometer passed obliquely beneath the EPR at 210N. They
suggested partial melting at a depth of about 2.5 km beneath
the ridge as an explanation of their observations. Orcutt et
al. [1976], on the basis of refraction data, and Herron et al.
[1978], on the basis of a multi-channel reflection profile,
both concluded that a magma chamber was present at about 2 km
depth beneath the rise crest at 90N. The proposed magma
chamber along this section of rise is about 5-10 km wide, and
its roof deepens slightly with distance from the axis
[Rosendahl et al., 1976; Herron et al., 1978, 1980; Hale et
al., 1982]. Lewis and Garmany [1982], working with vertical-
component ocean bottom seismometer data collected between
11*and 130 N on the East Pacific Rise, cited amplitude
attenuation and travel-time offsets for waves crossing beneath
the rise as possible indicators of an axial low-velocity zone
less than 2 km wide and about 3 km deep. Most of the
geophysical evidence gathered to date support the thermal
models of Sleep [1975], which predict that a steady-state magma
chamber should exist beneath intermediate and fast-spreading
ridges such as the East Pacific Rise.
With the exception of the work of Reid et al. [1977], no
published seismic studies in the Pacific have examined shear
propagation beneath the EPR as a means of testing for the
existence of molten material in the crust, and none have
employed three-component ocean-bottom instruments to resolve
more clearly the later arrivals such as converted shear waves.
This chapter presents an analysis of two orthogonal seismic
refraction lines recorded by a three-component OBS located
25 km to the east of the EPR axis. One 45 km-long line crosses
the rise crest; a 40 km-long line parallel to the rise axis is
used as a basis for comparison with the rise-crossing line.
The various phases studied and the nomenclature used in the
text are illustrated in Figure 1.
Briefly, our analysis of the two refraction data sets
consists of the following stages:
(1) We invert the travel times of first arrivals (the
phases marked P in Figure 1) to obtain the compressional
velocity structure of the upper crust beneath and adjacent to
the rise crest. Amplitude and waveform modelling of crustal
refractions (P) and Moho reflections (PmP) are used to
constrain further the structure of the lower crust and Moho
along the rise-crossing line.
(2) The reverberatory character of the seismograms, the
steep incidence angles of the first arrivals, and the presence
of a converted shear phase (Ps) suggest that the OBS is sitting
on well sedimented crust. We use the difference between the Ps
and P arrival times to estimate the thickness of the sediments
beneath the OBS.
(3) Converted shear refractions (Ss) arrive with large
amplitudes from all shots on the rise-crossing line, including
shots with wave paths passing beneath the rise crest.
Refracted shear waves arriving at the OBS from shots along the
rise-flanking line, in contrast, are considerably less
energetic. From the arrival times and amplitudes of these
converted shear waves for the rise crossing line, we derive the
shear velocity structure of the crust and we examine the
implications for a magma chamber beneath the rise axis.
(4) Finally, we compare the information on travel times,
amplitudes, and particle motions obtained from this analysis
with independent observations made elsewhere within the ROSE
area, and we attempt to synthesize these findings into a
consistent view of the seismic structure of the region.
EXPERIMENT DESCRIPTION
From January through March 1979, groups from twelve
institutions, including the Massachusetts Institute of
Technology (MIT), cooperated in a study of the structure and
evolution of young oceanic lithosphere and the structure and
tectonics of an active transform [Ewing and Meyer, 1982].
Project ROSE brought together 5 research vessels, 67 ocean-
bottom seismometers and hydrophones, and several towed
hydrophone arrays in a two-part study located between 110 and
160N latitude near the East Pacific Rise (Figure 2). During
the first experiment phase, refraction data were recorded along
lines parallel and perpendicular to the rise crest.
In this chapter we examine the seismic data collected
along two lines which intersected near the site of a
three-component MIT OBS (Figure 3). Line 6 is perpendicular to
the strike of the rise arid crosses the EPR axis at 110 20'N
latitude. Line 4 is parallel to and 25 km east of the rise
axis. The local spreading rate is 104 mm/yr (full rate) with
an azimuth of N80*E [Klitgord and Mammerickx, 1982]. The MIT
instrument was located within the Brunhes magnetic polarity
epoch and sits on crust that is 0.5 m.y. in age. Bathymetric
data along line 6 (Figure 4a) resolve no signature of an axial
trough nor of the severe topography common along slower
spreading ridges. However, there is 550 m of seafloor relief
between the MIT OBS and the rise crest 25 km to the west. The
dominant bathymetric feature of line 4 (Figure 4b) is a
seamount with 600 m of relief located 14 km to the north of the
OBS.
A total of 29 seismograms from shots along line 6 were
picked for use in this study on the basis of clarity of first
or later arrivals. Included in this set are records from 6
large (217 kg) charges spaced 10 km apart and 23 small (11 kg)
charges spaced 1.5 km apart. Of the 20 records examined from
line 4, 4 are from large charges (217 kg) shot at irregular
intervals and the remainder are from small charges (11 kg)
spaced at 1.5 km intervals.
The MIT OBS is a free-fall, pop-up instrument designed
primarily for recording earthquakes [Mattaboni and Solomon,
1977; Duschenes et al., 1981]. The three orthogonal geophones
are housed in a separate pressure vessel which is deployed from
the main instrument package after the instrument comes to rest
on the seabed. The geophones are suspended from a gimbal joint
to insure that the vertical component remains nearly vertical
for instrument tilts up to 30*. Events are recorded digitally
for ease of later processing and to ensure adequate signal
dynamic range. The MIT OBS utilizes a simple event-detector
scheme with an 18.3 s memory to allow for the preservation of
first motion information from earthquakes and from most
refraction shots. The first arrival from an explosion will not
be recorded if the water wave rather than a crustal phase
triggers the event detector and if the shot-receiver offset is
su-ficiently large so that the water wave arrives more than
18 s after the first refracted arrival. As a result, first
arrivals from small charges at ranges greater than 25 km and
from large charges at ranges greater than about 40 km were
usually not preserved.
A receiver planted on the seafloor has a distinct
advantage over ocean-surface receivers because it can provide
clear recording of both compressional and shear energy as well
as better resolution of shallow crustal structure. Inadequate
coupling of the geophones to the mechanically weak sediments,
however, may be a cause of the reverberatory character of some
OBS records [Sutton et al., 1981a]. Poor coupling causes
signal magnification at one or more resonant frequencies that
depend on sediment properties and on instrument geometry and
mass [Sutton et al., 1981b; Zelikovitz and Prothero, 1981;
Garmany, 1984]. Because the instrument response is relatively
undistorted at frequencies below and attenuated at frequencies
above such resonant frequencies, poor coupling can act as a
low-pass filter operating on the incoming signal.
Transient tests conducted to measure OBS instrument
responses at Lopez Island, Washington [Sutton et al., 1981a]
and Woods Hole, Massachusetts [Trehu and Solomon, 1981] have
indicated that the MIT instrument records with relatively
little noise and resonant distortion, but the resonant
frequency for the vertical geophone can fall in the range
typically used for marine refraction work (2-15 Hz) if the OBS
is situated on sediment with a low shear modulus and high
Poisson's ratio. In addition, the horizontal geophones have a
resonant frequency that is lower than that of the vertical
geophone and are therefore even more prone to site-related
filtering effects when located on soft sediments. At Lopez
Island, where the sediments were perhaps slightly more
consolidated than typical deep sea muds [Sutton et al., 1981a],
the resonances of the MIT OBS vertical and horizontal geophones
were at about 22 Hz and 6-10 Hz, respectively [Trehu and
Solomon, 1981]. If sediments similar to or less consolidated
than those at Lopez Island existed under the ROSE site of the
OBS in this study, some distortion of horizontally received
signals would be likely.
Three-component record sections of the data from lines 6
and 4 are shown in Figures 5 and 6, respectively. Vertical
seismograms appear narrow banded, the horizontal seismograms are
even more band-limited, and the entire data set has a somewhat
reverberatory character. These features are at least partly
ascribable to the source spectrum, which is dominated by energy
at a frequency equal to the reciprocal of the bubble pulse
period appropriate to the charge size and detonation depth
[e.g., Dobrin, 1976]. There is also a prbable contribution
from imperfect coupling of the OBS to the seafloor, indicating
that the instrument likely sits on poorly consolidated
sediments. Any reverberatory quality, however, does not greatly
inhibit the interpretation of the several different phases (see
Figure 1 for nomenclature) which can be seen as clear arrivals
consistent across the record sections.
DATA PROCESSING
Horizontal component orientation was determined by
calculating the mean of the differences between the shot-
receiver azimuth and the observed direction of horizontal
particle motion for 16 water-wave arrivals on lines 4 and 6
[Trehu, 1984]. Assuming that the water wave follows a direct
path and that the shot and receiver locations are known, the
horizontal components have orientations of 3510 (H1) and
81* (H2) measured clockwise from north (Figure 7). The
seismograms and particle motion plots of water-wave arrivals in
Figure 7 show that the OBS plant was fortuitous: component H1
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horizontal slowness obtained from first arrival times, we next
applied water-path corrections [Purdy, 1982a] to the data. This
correction effectively places the shot at the point where the
ray path from that shot to the OBS intersects the seabed and
requires no assumptions to be made about the velocity structure
of the uppermost crust. The total uncertainty associated with
the assumptions, measurements, and corrections applied to travel
time data of this type is discussed in Chapter 3. We estimate
the overall uncertainty in the travel-time data on lines 4 and 6
to be between 0.05 and 0.11 s.
All record sections presented here have been reduced by a
velocity of 8 km/s and have been left unfiltered beyond the
effects of the anti-alias filter in the MIT OBS [Mattaboni and
Solomon, 1977]. For ease of display, the amplitudes of all
seismograms in the record sections in Figures 5 and 6 are scaled
linearly with range and normalized to a range of 5 km. The
amplitudes of small shots are increased by a factor of 4
relative to large shots for all three components, and the
vertical component is shown amplified by a factor of 4 relative
to the horizontal components for records generated by shots of
both charge weights.
COMPRESSIONAL VELOCITY STRUCTURE
The Rise-Crossing Line
As a first step toward understanding the structure of the
East Pacific Rise along line 6, we examine the travel times of
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Figure 9a shows the
west of the OBS, all
and corrected for wa
constrained to have
arrivals (denoted by P in Figure 5a).
19 first-arrival travel times from shots
picked from vertical-component seismograms
ter path. A piecewise parabolic spline,
a negative second derivative, was fit
the travel times with a root-mea
s. This deviation is well below
travel time on the line. As is ty
ents using surface sources, energ3
crust is obscured by the direct
k of Ewing and Purdy [1982] and a
structure with a linear velocity
bservables: the range and travel
t range and, from the spline fit,
After correcting the travel time
his linear-gradient 1
ntercept at each shot
ayer, we determine
point and invert
n-square
the min
pical of
y which
(rms
imum
most
refra
water wave.
) deviation
uncertainty
refraction
cts in the
We follow
pproximate the shallow
gradient obtained from
time of the data point
the slowness at that
curve for the effect of
the slowness and
these data directly for
function which
The resulting compressio
upper crust is shown in
A velocity gradient
uppermost 0.4 km of crus
[1982]. This procedure
seafloor. Substantial g
the young shallow crust
to a de'crease in the vol
in the basaltic extrusiv
i
nal
ncreases
velocity
with depth [Purdy, 1982b).
(Vp) structure for the
Figure 10a.
of 4.5 s- 1 was calculated for the
t using the method of Ewing and Purdy
gives a velocity of 3.1 km/s at the
radients such as that computed for
along line 6 can be attributed
ume-of pores and cracks with depth
e layer [e.g., Chapter 3]. It is likely
through
of 0.02
in any
experim
shallow
the wor
crustal
three o
at leas
range.
a velocity
that a decrease in shallow crustal velocity gradients with age
occurs as a result of sediment infilling and chemical sealing
of cracks and pores, and that this metamorphosis is a major
contribution to the structural evolution of oceanic crust
[Spudich and Orcutt, 1980a; Chapter 3].
Between 0.4 and 1.4 km depth, in the lower 1.0 km of what
is commonly referred to as layer 2, the velocity gradient is
reduced to 1.3 s- 1 .  The upper 2.3 km of layer 3 (between 1.3
and 3.7 km depth) is characterized by gentle gradients of
between 0.1 and 0.2 s"] . The deepest crust sampled by
compressional waves along line 6 is at 3.7 km depth, where the
velocity is 7.3 km/s. The shape of the velocity-depth curve
below 3 km depth is poorly constrained by travel times alone
because of the limited quantity of data from shots west of the
rise.
The P wave from a shot 7 km west of the rise crest passes
more than 3 km beneath the rise and arrives with a clear first
motion (Figure 5a) and with no apparent time delay (Figure 9a).
The travel-time delays and amplitude attenuation of entire
seismograms seen by others [e.g., Rosendahl et al., 1976;
Orcutt et al., 1976; Lewis and Garmany, 19823 on vertical-
component records of P waves with rise crossing paths are not
evident on any of our vertical seismograms. Our data show no
evidence for a zone of low compressional velocity or enhanced
P-wave attenuation within at least the upper 3 km beneath the
East Pacific Rise crest at 11020'N.
The modelling of amplitudes of different phases as they
appear on a seismic refraction section can often provide
complementary information to that derived from travel-time
interpretation alone. Several factors, however, limit this
approach. The data for line 6 are sparse and range-limited.
Further, the focussing and defocussing effects of topography at
scales greater than seismic wavelengths can profoundly affect
seismic waveforms, especially in areas such as the EPR where
the bathymetric signature is rough relative to older, well
sedimented areas [see Figure 2 of Purdy, 1982a]. With the
above cautions in mind, we nonetheless consider amplitude
information as an additional constraint on P velocity structure.
In particular, we seek models that match amplitude character-
istics consistent on several seismograms within the vertical-
component seismic section.
As a starting model, we use the upper crustal structure
determined from the first arrival travel-time inversion, and we
assume a lower crustal and upper mantle structure similar to
that determined from waveform modelling of OBH data on line 4
[Chapter 3]. Waveforms are synthesized using the WKBJ method
[Chapman, 1978]. The starting model is perturbed to fit the key
characteristics of the observed seismic section for line 6. The
final synthetic section is compared to the vertical-component
observations collected on the rise-crossing line in Figure 11.
The steep velocity gradient in the uppermost crust
determined from the travel-time data satisfactorily accounts for
the focussing of energy at ranges of 13 km and less. The
amplitudes in this range decrease with distance from the OBS.
This is in contrast to structures with a distinct transition
between lay.ers 2 and 3 which display amplitudes that typically
build to a maximum at 5 to 10 km range [Spudich and Orcutt,
1980b; Chapter 3]. The amplitude data for line 6 cannot resolve
a transition zone at the base of layer 2 beneath the EPR.
Because the velocity signature of this transition has been shown
to be variable along strike in this region [Chapter 3], however,
the absence of a strong signature from such a transition zone on
line 6 and the apparent presence of such a signature on a
rise-crossing line (line 1, see Figure 3) to the north [Lewis
and Garmany, 1982] is not surprising.
The existence of supercritical Moho reflections (PmP) from
20 km range to the end of our section suggests that a Moho is
present beneath at least the eastern flank of the EPR. To model
the strength of PmP relative to lower crustal refractions (P 3 ),
we hold the velocity constant at 7.3 km/s in the lower crust.
To model the time separation between P3 and PmP, we set the
thickness of the Moho transition to 0.5 km, and we place the top
of the Moho at a depth of 6 km. In a limited data set such as
that from line 6, the Moho thickness and depth can be traded off
to match the interaction of P3 and PmP phases. No mantle
refractions (Pn) were recorded which might provide information
on the velocity and depth of the uppermost mantle and thus
assist in the modelling of the Moho. Nevertheless, the
structure for the lower crust and Moho derived from waveform
modelling (Figure 10a, at depths below the asterisk) of line 6
seismograms are in general agreement with those derived from
larger data sets along line 1 [Lewis and Garmany, 19823 and
line 4 [Lewis and Garmany, 1982; Chapter 33.
The Rise-Flanking Line
Although the limited quantity of data along line 4,
especially in the range where PmP , P3 and Pn are expected to
arrive, precludes the possibility of using amplitudes to model
the structure of the crust and upper mantle, we can analyze the
first-arrival travel times from line 4 to constrain further the
shallow crustal structure in the vicinity of the EPR. The
number of shots useful for a first-arrival time analysis on this
line is, however, limited by the end of shooting 10 km to the
south of the OBS and by the complication of the large seamount
14 km to the north. The 14 water-path corrected travel times
from line 4 shown in Figure 9c are a merged set of the arrival
times from north and south of the OBS. The data out to 11 km
range can be fit with a piecewise parabolic spline with an rms
deviation of 0.01s. The effects of the seamount on the travel
times of the arrivals from the two most distant shots is evident
in Figure 9c. Wave paths from these large charges are refracted
beneath the seamount where the velocity structure most likely is
laterally heterogeneous. Because of this effect, we invert only
the data at ranges less than 11 km to determine the shallow
crustal structure near the instrument.
The resulting compressional velocity structure is shown in
Figure 10. The solution is very similar to that determined for
the crust along line 6. A velocity of 2.9 km/s was calculated
for the top of the crust along line 4. In the uppermost 0.8 km
of crust the velocity gradient is 4.0 s- 1 .  The velocity
gradient in the final 0.6 km depth interval sampled by this
small data set is 1.0 s-1.
Figure 12 compares the travel-time data from lines 4 and 6
of this study with the merged set of first-arrival travel-time
data examined in Chapter 3. The merged data set includes travel
times from 10 independent refraction line segments along line 4
and collected by 5 OBHs located to the north of the MIT OBS
(Figure 3). The data from that study were processed using
techniques identical to those used in this chapter. The
travel-time curve fit through the merged OBH data lags the
travel time curves from lines 4 and 6 in this study by 0.10 to
0.15 s. Comparisons of the travel-time curves shown in Figure
12 and of the velocity structures derived from the travel time
data sets (Figure 6 of Chapter 3 and Figure 10 of this chapter)
suggest that the velocity of the shallow crust along line 6 and
near the OBS along line 4 is higher than the average of this
quantity determined for line 4 in Chapter 3. Possible
explanations for this difference in shallow structure will be
discussed below.
EFFECTS OF A SEDIMENT LAYER
On the horizontal-component records from both lines 4 and
6, energy associated with the first refracted P arrivals
is curiously absent. Particle motion analysis indicates
near-vertical motion for all first arrivals except those from
shots located closest to the OBS. Compressional energy arriving
at a phase velocity of 6.8 km/s, typical of arrivals from 14 to
22 km range, should arrive at an incident angle of 270 for a
receiver sitting on low velocity basement (3.1 km/s). The
apparent angle of incidence, due to energy reflected and
transmitted at the seabed-water boundary, would be 100 less than
this value for a basement with a Poisson's ratio as high as 0.40
[Trehu, 19843. Even at ranges less than those appropriate to
a 6.8 km/s phase velocity, however, the first P wave is incident
much closer to the vertical than would be expected for an
instrument situated on even highly porous basement.
Typical marine sediments with a P-wave velocity near
1.5 km/s [Hamilton, 19723 would not only decrease the actual
angle of incidence at the OBS, but because of their high
Poisson's ratio [v > 0.48; Hamilton, 19763 would transmit most
of the arriving compressional energy into the water and thus
decrease the apparent angle of incidence to that found from the
particle motion analysis for lines 4 and 6. The presence of
mechanically weak sediments would also result in poor OBS-
substrate coupling if the shear modulus is sufficiently small.
It is therefore likely that a sediment layer is present beneath
the MIT OBS and that its high Poisson's ratio and low shear
modulus are responsible for the steep apparent incidence angles
of compressional arrivals and at least partially responsible for
the resonant character of the seismograms.
Additional information about the sediment layer can be
gained by studying the earliest arrivals (denoted by Ps in
Figures 5 and 8) visible on the horizontal components from shots
on lines 4 and 6. This energy arrives at phase velocities equal
to that of first refracted arrivals, but is delayed by 0.33 to
0.36 s relative to the initial P arrival observed on the
vertical component. Lewis and McClain [1977] recognized a
similar phenomenon in refraction records from the Gulf of
California and identified the second arrival as a shear wave
converted from the refracted compressional wave at the basement-
sediment interface. Compressional-to-shear mode conversion at a
basement-sediment boundary is quite efficient at horizontal
phase velocities greater than the basement compressional
velocity (Figure 13). Lewis and McClain [1977] derived a mean
sediment-layer shear velocity (VS) of 0.15 km/s using a sediment
thickness (150 m) and compressional velocity (1.5 km/s) obtained
from reflection profiles and bottom shots and a Ps-P lag time
and Ps phase velocity measured from their OBS records.
Unfortunately, there are no reflection data with which to
constrain sediment thickness and velocity along lines 4 and 6.
However, given the young age of the crust, an assumed
sedimentation rate of 35 um/yr EPurdy, 1982b], and the possible
topographic effects on that rate on a local scale, a sediment
thickness less than 100 m is likely. Setting the Ps-P lag time
equal to the difference between the travel times of the s and p
waves through the sediment layer, we can estimate the sediment
thickness beneath the OBS. We assume that Vp = 1.5 km/s and
VS = 0.2 km/s [Hamilton, 1972; 1976] in the sediments and that
the phase velocities of Ps and P arrivals are equal. A Ps-P lag
time of 0.33 to 0.36 s then gives a sediment thickness of about
80 m at the OBS site.
A possible contributor to the ringing quality of the
seismograms could be shear energy that is multiply reflected
within the sediment layer. The near-vertically incident
(incidence angle < 2*) Ps arrivals should be almost totally
reflected at the sediment-water interface. Multiples with a
phase velocity greater than the P-wave velocity in the basement
are also efficiently reflected at the base of the sediments.
Figure 13 shows the reflection coefficient for SV waves incident
from above at a representative sediment-basement contact. The
two-way travel time for vertically propagating shear waves in a
sedimentary layer 80 m thick with VS = 0.2 km/s is 0.8 s.
Packets of energy at approximately 0.8 s intervals can be seen
especially well on the radial component records from small
charges along line 6 (Figure 5b) and may represent shear
multiples trapped within the sediment layer. Alternatively,
these reverberatory pulses on the seismograms from the small
charges may be the effect of frequency-dependent OBS-sediment
coupling. Distinguishing between these two alternatives is
precluded by a lack of further information on the OBS site
characteristics.
THE NATURE OF REFRACTED SHEAR ENERGY
In a marine refraction experiment, efficient generation of
shear energy occurs only at the contact of the sediment or water
layer with the underlying basement [White and Stephen, 1980].
The appearance and strength of converted shear refractions have
been noted by many investigators to vary within a given region
and even between adjacent shots and seismometers [e.g., Ewing
and Ewing, 1959; Lewis and McClain, 1977]. Because the
characteristics of an OBS site are, of course, constant for a
given deployment, the variability of arriving shear refractions
in such a situation can be largely attributed to lateral
variation in the crust beneath the the seafloor at entry points
of waves from different shots. Young ocean crust in general is
highly cracked and porous near the surface. The low shear
velocity of the shallow pillow basalts and rubble greatly
reduces the energy of the transmitted S wave at the water-
basement interface [Spudich and Orcutt, 1980b]. Lewis and
McClain [1977] concluded that conversion from p to S is more
likely to occur at a ray entry point where a sediment blanket is
present. Cementation and infilling of cracks and pore spaces
resulting from a cover of sediments, by this view, could raise
VS and decrease shear attenuation enough to make p to S mode
conversion more efficient. It is unclear just how much the
substitution of low velocity sediments (Vp < 2.0 km/s) for water
in the porous upper crust would raise the bulk compressional
velocity of young seafloor, however. Alternatively, a sediment
layer may provide a capping blanket to hydrothermal circulation
and thereby accelerate the cementation of cracks and pores by
hydrothermal mineralization [Stephen and Harding, 1983]. A
third hypothesis is that the porosity of young seafloor in areas
where efficient p-to-S conversion is observed is inherently low,
and the P and S wave velocities intrinsically high, perhaps as
a result of the presence of large-scale lava flows.
The conversio,. coefficient for downgoing p-to-S waves at
the base of the sediments is shown in Figure 14 for represen-
tative physical properties of sediments and basement. The
figure shows that a higher shear velocity for the basement
enhances conversion to shear. Shear conversion at a water-
basement interface is similarly affected. Variability in the
amplitudes of shear arrivals for a given average structure may
be due to topographic focussing and defocussing, crack and pore
space heterogeneity in the basement, or lateral variation in
both the amount of sediment present and the degree to which the
underlying basement has been cemented and infilled. Also, when
the phase velocity approaches Vp for the basement, p to S
conversion efficiency is low (Figure 14). Since typical phase
velocities for refracted shear arrivals (3.0 to 4.0 km/s) are
within the range of characteristic basement compressional
velocities (2.6 to 5.5 km/s [Spudich and Orcutt, 1980a]), weak
shear arrivals may also be attributed to waves propagating at
phase velocities near Vp for the local basement.
In light of the above discussion, we examine refracted
shear energy on lines 4 and 6, and we comment on the
implications of such arrivals for the sediment and basement
structure along these lines.
The Rise-Crossing Line
The prominent later arrivals with phase velocity
substantially less than that for P on the vertical, radial, and
transverse sections from the rise-crossing line (Figures 5 and
8) are shear waves converted from p at the top of the basement
near the source and then refracted as S through the crust. All
seismograms on the radial section (Figure 5b), including those
from shots up to 12 km west of the rise crest, contain strong
shear arrivals. -This efficient conversion of p to S energy
suggests that the shear-wave velocity at the top of the volcanic
basement may be high relative to what is thought typical for
young crust.
The refracted shear energy arrives at the OBS primarily as
a shear wave (Ss phase in Figure 1). In areas with a high shear
velocity at the top of the basement, it is also possible to
record the arrival of energy refracted as S but converted to p
at the basement-sediment boundary beneath the OBS. (The trans-
mission coefficient curve for upgoing S to p conversion at phase
velocities greater than 3.1 km/s is equal to the coefficient
shown in Figure 14.) The seismograms in Figure 8 indicate that
both Sp and Ss phases are present. Because the Sp phase is a
doubly-converted arrival (p-S-p), however, it arrives with only
a small fraction of the energy of the Ss arrivals. The weak Sp
phase shows up best on the vertical channel (Figures 5 and 8),
and the Ss phase appears strongest on the horizontal channels
about 0.25 to 0.45 s later. These Ss-Sp time differences,
together with the sediment velocities assumed earlier and the
phase velocities of the shear refractions, give sediment
thicknesses of 60 to 100 m beneath the OBS, a range compatible
with the estimate obtained from the Ps-P lag times.
Because the doubly converted phase Sp is not very energetic
along line 6, an OBH or vertical-component OBS situated near the
OBS site might fail to detect shear refractions propagating
through the young oceanic lithosphere. In older, more heavily
sedimented areas, however, such as the 15 m.y. old site in the
Pacific examined by Spudich and Orcutt [1980b] and the 140 m.y.
old site in the Atlantic studied by Purdy [1983], efficient p to
S to p conversion produced strong arrivals on near-surface and
ocean-bottom hydrophones, respectively, at phase velocities
appropriate to refracted S waves. In these regions, chemical
alteration and sediment infilling of the basalts with age
presumably enhances p to S and S to p conversion by increasing
the upper crustal velocities and thus forming a sharper velocity
contrast at the sediment-basement contact where conversion takes
place.
Particle motion diagrams for refracted shear arrivals
recorded on the horizontal components are shown in Figure 15.
The particle motion is dominated by the Ss arrival. The Sp
phase is virtually undetectable on these diagrams because the
background energy is large compared to the Sp arrival on the
horizontal components (see the amplitude scales on the seismo-
grams in Figure 8). Resonance of the horizontal geophone-
sediment system may be partially responsible for the relative
amplification on the horizontal components [Garmany, 1984]. The
examples shown in Figure 15-are typical of all Ss phases
recorded on line 6. Motion is not in the radial direction as
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determined from the direct water wave, but consistently arrives
at azimuths 10 to 35* southward of the expected westerly
direction. The rectilinearity seen in many of the plots
suggests that much of the energy is in phase on the two
horizontal components. No obvious correlation is evident
between the degree of deflection from a radial azimuth and
whether the wave path crosses beneath the rise.
The deviations of these particle motions from the radial
direction are probably too large and too consistent as a
function of range to be ascribed to the deflection of ray paths
from the shot to the OBS by a velocity heterogeneity near the
rise axis, such as a low-velocity magma body. A three-
dimensional analysis of the OBS-seafloor system by Garmany
[1984] suggests that the oblique particle motion observed for
arriving shear energy on line 6 could be the result of
preferential excitation of one of several possible system
resonances which can fall within the frequency band of a seismic
refraction experiment. An alternative explanation for the
observed deflections is that the shear arrivals have both radial
(SV) and transverse (SH) polarizations. The arrival of both SV
and SH phases from explosive sources would indicate some form of
lateral heterogeneity along line 6. Because the particle
motion of the Ss arrivals is fairly constant with range and
because both SV and SH arrive at about the same time, the
contributing heterogeneity would, most probably, be located near
the OBS. A non-horizontal interface between sediments and
basement is one possibility.
The Rise-Flanking Line
In sharp contrast to the line 6 data, shear arrivals (Ss or
Sp) on all three components of the line 4 record sections
(Figure 6) are relatively weak and are not coherent from shot to
shot. Furthermore, no shear refractions were detected on any of
the 10 refraction profiles recorded by OBHs to the north of the
MIT OBS on line 4 [Chapter 3]. While particle motion and
amplitude spectral studies therefore provide little information
about the propagation of shear energy or the shear velocity
structure along line 4, the absence or relative weakness of
shear energy along this line nonetheless permits some further
constraints to be placed on the shallow velocity structure along
this flank of the EPR.
One explanation suggested to us for the difference in shear
wave excitation between the two orthogonal lines is anisotropy
of the oceanic crust EJ.D. Garmany, personal communication,
1983]. Geologic observations from deep tow cameras and
submersibles suggest that young seafloor is characterized by
fissures striking parallel to the rise axis [e.g., Macdonald,
1982]; the consistent orientation of these fissures should
result in some degree of velocity anisotropy. Garmany's
suggestion is that SV waves travelling in the upper crust across
the rise would have larger vertical components for a given phase
velocity than SV waves travelling parallel to the rise and, as a
consequence, the efficiency of p-to-S conversion would be
greater for the rise-crossing line. A difficulty with the
suggestion of velocity anisotropy, however, is that the inferred
compressional wave velocities in the upper crust on lines 4 and
6 and near the OBS are quite similar. Further, although some
refracted shear energy appears in the vertical component data
recorded by our OBS on line 6 (Figure 5a), none is apparent in
the data recorded on the parallel line 1 (Figure 3) presented by
Lewis and Garmany [1982]. Thus a simple and consistent
geometric pattern to the observed shallow crustal velocities and
mode conversions is not manifest throughout the ROSE area.
Alternatively, the lack of strong shear arrivals on either
the OBS or OBH data from line 4 relative to line 6 could be due
to differences in upper crustal structure between the two
regions. Based on the previous discussion, if the pore and
crack volume within the basement at the crustal entry points of
waves propagating to the instruments were high along much of
rise-flanking line relative to that of the crust along the
rise-crossing line, the shear velocity contrast (and probably
the compressional velocity contrast) at the top of the basement
would not be as sharp and conversion of compressional to shear
energy would be less efficient on line 4 than along line 6. The
mean compressional velocity structure along line 4 determined in
Chapter 3 supports this suggestion. The mean seafloor velocity
inferred from the line 4 OBH data (2.1 km/s) is lower than that
inferred from the line 6 OBS arrivals (3.1 km/s). The
comparison of travel-time curves from both lines in Figure 12
further illustrates the difference in the upper crustal velocity
structures. It should be noted that the seafloor velocity
derived from the merged OBH data along line 4 is lower than
that calculated
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SHEAR VELOCITY STRUCTURE AND ATTENUATION BENEATH THE RISE
Using the travel times of the refracted shear waves (Ss),
we have determined the shear-velocity structure along line 6.
To determine arrival times, we have used--in addition to the
individual components of data (V, R and T)--the product of the
two horizontal components (Figure 8). Multiplication of R and T
improves signal-to-noise ratio [Key, 1967; Fowler, 1976) and,
because a substantial amount of shear energy was recorded on
both horizontal components, tends to accentuate Ss arrivals.
The shear travel times were corrected by the same methods used
to correct the compressional first arrivals. Figure 9b shows
the shear-wave travel times corrected for water path and plotted
against range. The spline fit through these data has an rms
deviation of 0.07 s. The onset of arriving Ss phases is not as
sharp as that for first compressional arrivals so that picking
errors are larger (>0.04 s). Also, reverberations interfere
with picking accuracy, though the use of multiplied components
appears to circumvent much of this problem (Figure 8).
The shear velocity structure beneath the EPR (Figure 10)
can be determined following the procedure used earlier, by
correcting the travel-time data for the effects of a surficial
linear gradient [Ewing and Purdy, 1982), converting time and
range to slowness and intercept for each shot, and then
inverting these data for velocity as a function of depth. An
average gradient of 1.3 s-1 was calculated for the upper 1.2 km
of crust. The gradient in the highly porous upper few hundreds
of meters is probably much higher than this, and the shear
velocity at the surface is likely to be lower [Spudich and
Orcutt, 1980a] than the 1.8 km/s computed using the first clear
shear arrival and the method of Ewing and Purdy [1982].
However, a substantially lower v'alue for VS at the top of the
basement would decrease p-to-S conversion efficiency (Figure
14). The lowest shear velocity directly measurable from an
observed refraction is 3.4 km/s at a depth of 1.2 km. The shear
velocity increases smoothly below this depth with a gradient of
0.1 to 0.2 s-I to a velocity of 3.8 km/s at 4.6 km. The layer-3
shear velocity found by Fowler [1976] beneath the Mid-Atlantic
Ridge (3.8 km/s) is similar to that at a depth of 4.5 km in our
study. The entire shear structure calculated from the line-6
data, however, is in general slow compared to the shear velocity
structures for crust older than 20 m.y. compiled by Spudich and
Orcutt [1980a].
No attempt was made to model the refracted shear amplitudes
with synthetic seismograms because of the variability in the
generation of shear energy at the sediment-basement or
water-basement contact and the possible distortion of observed
shear amplitudes because of poor coupling between the horizontal
geophones and the oceanic sediments.
Given both the compressional and shear velocity structures
for the upper 3.7 km of crust, we can calculate Poisson's ratio
v as a function of depth for the crust along line 6 (Figure 10).
For depths from which clear refracted arrivals were recorded
(1.2 to 3.7 km), v is nearly constant at 0.32. This Poisson's
ratio is high relative to values reported elsewhere for normal
layer 3 [e.g., Helmberger and Morris, 1970; Spudich and Orcutt,
1980b] and for some tectonically active regions Ee.g., Fowler,
1978; Trehu and Solomon, 1983]. Compressional and shear
velocity measurements from refraction [Fowler, 1976] and
earthquake [Francis, 1969] investigations on the Mid-Atlantic
Ridge yielded Poisson's ratios of 0.31, a value which is
essentially equivalent to that computed for most of the crust
beneath the EPR in this study. The Vp/VS ratio necessary to
produce the observed Poisson's ratio along line 6 is the result
of crustal shear velocities that are less than in older, perhaps
better sealed, oceanic crust.
Because the generation of shear energy is highly dependent
on the velocity structure of the uppermost crust at the ray
entry point, a lack of shear energy recorded in a region does
not necessarily indicate a zone of high shear attenuation at
depth. If, however, shear energy does propagate through a
region, the presence of a large magma chamber or zone of partial
melt is unlikely. Fowler [1976] and Nisbet and Fowler [1978],
for instance, concluded that no large crustal magma chamber
exists beneath two sections of the Mid-Atlantic Ridge on the
basis of clear arrivals of crustal shear waves that had passed
beneath the ridge axis. From an examination of the seismograms
in Figures 5, 6, and 8, it is obvious that shear energy
propagates across the East Pacific Rise at crustal depths.
The amplitudes and ray paths of refracted shear energy may
be used to constrain the shear-wave attenuation and to limit the
dimensions of any magma body beneath the crest of the East
Pacific Rise. Figure 16 shows the amplitude spectra of Ss
phases from four large shots on the rise-crossing line 6. The
spectra of Ss. from shots at ranges of 32.6 and 37.1 km are for
waves that have propagated beneath the rise. The amplitude of
the shear arrival from 32.6 km is at least as strong as those
from shorter ranges. Though the 37.1 km shear arrival is an
order of magnitude less energetic than the arrival from 32.6 km,
both arrivals show up clearly on the horizontal seismic sections
(Figures 5 and 6). As was the case for compressional
refractions through layer 3, a near-zero shear velocity gradient
in the lower crust could explain the comparatively weak shear
arrival at 37.1 km. Also, three-dimensional refraction effects,
poor p-to-S conversion at the ray entry point, or some small
amount of partial melt could result in a less energetic shear
arrival from the most distant shot. However, no travel time
delay, which might be expected for a shear refraction through
partial melt, was resolvable (Figure 9b).
Because of the highly variable nature of shear wave
generation in marine refraction experiments, the calculation of
Q from spectral amplitude ratios (either between lines or
between arrivals along the same line) would not be meaningful.
However, it is evident from both the line-6 shear spectra in
Figure 16 and the seismic profiles (Figure 5) that shear energy
propagates efficiently across the EPR at crustal depths and that
no large zone of high attenuation for shear exists in the crust
beneath the rise at this latitude.
Ray tracing from shots along line 6 to the OBS through the
shear velocity structure determined earlier (Figure 10) helps
to define the volume of crust sampled by the shear waves that
passed beneath the rise axis in this experiment (Figure 17).
Shear waves recorded from 8 shots along line 6 passed beneath
the EPR within 2 km of the rise axis. On the basis of Figure
17, an isolated magma body up to 1 km in vertical extent could
have been present within the crust beneath the EPR axis and
still have escaped detection by this experiment. A magma body
at a depth of more than 4 km beneath the rise axis would also
not have been resolved by the data from this experiment.
DISCUSSION
The data presented in this chapter may be compared with the
findings of Lewis and Garmany [1982] on crustal structure near
and beneath the rise axis in the ROSE area (see Figure 3 for the
locations of shot lines and instruments). Lewis and Garmany
presented vertical-component seismograms from two OBSs along a
line crossing the EPR (line 1), and their results are in general
agreement with data obtained on the MIT OBS along line 6.
Neither data set contains significantly attenuated compressional
amplitudes that might be expected if a large crustal magma
chamber were situated under the EPR in those regions. One of
the Lewis and Garmany rise-crossing lines (line 1 shot to OBS
UW-7) does, however, exhibit a 0.1 s travel-time delay (after
correcting for topography) for arrivals which sample depths
greater than 3 km below the seafloor of the rise axis. No such
delay was resolved from the few shots on line 6 that sample
comparable depths. Lewis and Garmany also recorded seismograms
from fan lines (lines 6 and 7 to OBSs UW-3 and UW-6) oriented
obliquely to the rise crest. In contrast to the data collected
perpendicular to rise strike, on these fan lines there was an
abrupt attenuation of amplitude for paths crossing the rise axis
for a prominent arrival corresponding to a multiple reflection
at the seafloor of the caustic caused by the Moho transition
zone. A zone of low-velocity material, located within the crust
beneath the rise axis and with a width of 0.5 to 4 km and a
poorly developed Moho transition, was proposed by Lewis and
Garmany [1982] to explain both sets of observations.
A conclusion that follows directly from our data set
together with the results of Lewis and Garmany [1982] and of
other experiments conducted elsewhere along the East Pacific
Rise [e.g., Orcutt et al., 1976; Rosendahl et al., 1976; Herron
et al., 1978) is that any axial magma chamber in the ROSE area
is not a steady-state phenomenon. If a magma chamber of the
size inferred by Rosendahl et al. [1976], Herron et al. [1978,
1980], and Hale et al. [1982] beneath the rise axis once existed
beneath the line-6 region, it has since been cooled and either
completely or partially solidified, presumably by vigorous
hydrothermal circulation [Lister, 1983]. This conclusion is in
contrast to commonly held views on the structure of ridge axes
at intermediate to fast spreading rates [Sleep, 1975; Macdonald,
1982; Sanford and Einarsson, 1982].
Within the ROSE area of the East Pacific Rise (Figure 3), a
reasonable question is whether a single two-dimensional
structure for the rise axis region can account for the data
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presented in this chapter as well as those reported by Lewis and
Garmany [1982]. While along-strike variability cannot be
excluded, we can envision a model for the rise axis region that
might satisfy both sets of results.
In this model, magma exists at crustal depths beneath the
rise crest, but only in narrow dikes or pipes or in small
isolated pockets. Because a finite-viscosity fluid is capable
of supporting some shear stress, shear propagation through thin
regions of even total melt is possible. Shear wave energy was
observed to pass through a small magma lens at Kilauea Iki
Crater, and this result has been used to model the in situ bulk
properties of molten rock [Fehler and Aki, 1976; Aki et al.,
1978]. A coefficient of only 0.05, however, was determined for
transmission of the shear wave through that magma body, which
had a thickness of about half a shear wavelength. The frequency
content of the data reported here dictate that shear energy
passing through viscous melt (VS = 0.2 km/s, n 107 poise [Aki
et al., 1978]) would have a wavelength of about 30 m. While the
observation of energetic shear arrivals on rise-crossing
seismograms does not preclude the existence of magma in the
region of the crust sampled by the shear waves beneath the rise
axis, it does suggest that any continuous curtain of melt
transversed by such waves must be much thinner than a
wavelength. Magma intrusions in the form of narrow dikes or
pipes beneath the rise crest, however, would most likely have
gone undetected by the shear energy that propagated along
line 6. Alternatively, a small magma body could be present
beneath the axis but lie between regions sampled by the
rise-crossing shear waves or missed by shear energy diffracting
around the low velocity structure. The distribution of ray
paths shown in Figure 17 suggests that a small magma chamber
cannot be much greater than 1 km in vertical extent. Whatever
the distribution of crustal magma bodies (if any), the axial
structure would be more akin to the "infinite leek" model
proposed by Ni3bet and Fowler [1978] for the slower spreading
Mid-Atlantic Ridge than to the more conventional magma chamber
models [e.g., Cann, 1974] invoked to explain the EPR structure
at 90N CRosendahl et al., 1976; Orcutt et al., 1976; Herron et
al., 1978, 1980].
The significant attenuation observed on Lewis and Garmany's
rise-crossing fan lines, by the above model, is ascribed at
least partly to the oblique azimuths at which the waves pass
beneath the rise. Along such paths the waves must pass through
a greater volume of rise-axis material than do waves travelling
in planes normal to the rise strike. Further, since the waves
observed by Lewis and Garmany [1982] to be attenuated by the
rise consist of more nearly vertically-travelling energy, a thin
axial magma body or a small high-level magma chamber could
attenuate such waves more dramatically than for the shear waves
propagating nearly horizontally to 4 km depth beneath the rise
crest and observed in this study.
Another feature of the refraction results for line 6 worthy
of explanation is the higher Poisson's ratio v than is commonly
observed for older ocean crust. As noted earlier, comparably
high values for this ratio have been seen in a few other
mid-ocean ridge regions [e.g., Fowler, 1976; Francis, 1969]. An
increase in the temperature of typical earth materials (gabbros,
basalts, dunites) will increase v by less than 2% per 100*K, at
least for temperatures between 25 and 4000C [e.g., Hughes and
Maurette, 1957], so temperature alone is unlikely to be
sufficient to account for the difference in v between very young
and old oceanic crust. Much of the enhancement in v may be due
fluid-filled fractures in the young rocks of a mid-ocean ridge.
The self-consistent analysis of O'Connell and Budianski [1974]
indicates that an increase in the number of saturated,
elliptical cracks per unit volume will generally be accompanied
by an increase in v in the bulk solid. It is likely that as the
crust in this region ages, chemical alteration and further
sediment deposition will act to seal the fractures in the young
crust and thus decrease Poisson's ratio to values (0.25 to 0.30)
more typical of mature oceanic crust [e.g., Spudich and Orcutt,
1980b].
CONCLUSIONS
We have presented an analysis of two refraction lines,
across and adjacent to the crest of the East Pacific Rise at
latitude 110 20'N, as recorded by a three-component ocean-
bottom seismometer. Two general conclusions can be drawn from a
comparison of this study with related published work: (1) The
use of three-component ocean-bottom instruments to record marine
refraction data can greatly enhance the amount of information on
the structure of oceanic lithosphere that can be gathered from a
seismic refraction profile, particularly on the shear velocity
structure. (2) The quantity and distribution of molten material
in the crust along the axis of the East Pacific Rise must be
discontinuous in time or along strike.
The compressional velocity structure for the crust beneath
and adjacent to the EPR at 110 20'N is, within the bounds of
uncertainty, similar to structures found for 'normal' young crust
in tectonically inactive regions [Spudich and Orcutt, 1980al. The
principal difference between the crustal model derived here and
the model computed for young crust immediately north of the area
of this study [Chapter 3] is that the P-wave velocity in the upper
crust is somewhat higher in this area. The presence of strong
refracted shear arrivals on the horizontal components indicates
that the S-wave velocity at the seafloor may also be unusually
high for young oceanic crust. We suggest that either filling of
the cracked and porous volcanic basement with sediments or
hydrothermal mineralization or the presence of basement volcanic
deposits with atypically low porosity has served both to improve
the efficiency of p-to-S conversion at the the top of the basement
and to raise the seismic velocities in the uppermost part of layer
2 relative to other areas of similarly young seafloor. The shear
velocity structure derived for this region indicates a crustal
Poisson's ratio higher than for normal oceanic crust but not
significntly higher than has been observed in other ridge
environments. From an examination of particle motions and
amplitudes of converted and direct seismic phases and the
reverberatory character of the seismograms, a thin layer of
sediment is inferred to be present beneath the OBS.
Both shear and compressional arrivals for rise-crossing paths
are recorded with high amplitu' and without any apparent
travel-time delays associated with the rise axis. A crustal magma
body of the size inferred from seismic data to be present at 90N
[Orcutt et al., 1976; Herron et al., 1978, 1980] is therefore not
present beneath the EPR at 11P20'N. On the basis of the data
reported here and those presented by Lewis and Garmany C1982] for
another portion of the ROSE area, we conclude that if magma is
present within the crust beneath the rise axis in this region, it
is confined to narrow dikes or pipes or to small isolated bodies
not much larger than a kilometer in vertical extent.
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FIGURE CAPTIONS
Figure 1.
Figure 2.
Figure 3.
Figure 4.
Schematic cross-section of the crust and upper
mantle, showing the wave paths of phases examined in
this study and the associated nomenclature used in
the text. Compressional and shear waves propagating
in the sediment layer are denoted by p or s,
respectively, while such waves in the igneous crust
and mantle are denoted by P or S, respectively.
Geographic location of Project ROSE, from Ewing and
Meyer [1982). Bathymetric contours, in m, are from
Klitgord and Mammerickx C19821. The numbered lines
at the bottom of the figure are the seismic
refraction lines from the first phase of that
project. The box in the upper left encloses the
microearthquake study region [e.g., Trehu and
Solomon, 1983).
Locations of refraction lines and instruments
discussed in this chapter in relation to the local
bathymetry [after Klitgord and Mammerickx, 1982].
The locations of instruments from the Woods Hole
Oceanographic Institute (WHOI) and the University of
Washington (UW) are shown in addition to that for the
MIT instrument. The interval between the solid
contours is 500m.
Bathymetric profiles along the two refraction lines
discussed in this study as a function of range from
Figure 5.
Figure 6.
Figure 7.
Figure 8.
the OBS. Shot locations are indicated by dots along
the profile; selected shot numbers are shown. (a)
Line 6. (b) Line 4.
Three-component record sections from the MIT OBS for
line 6. All travel times have been reduced to t-x/8,
where t is travel time in s and x is range in km. The
amplitudes have been adjusted for range and charge
weight as explained in the text; no bathymetric
corrections have been made. Each seismogram stops at
the arrival time of the water wave. The radial
component is the horizontal component most nearly
aligned with the strike of the refraction line. The
travel-time curves for P and Ss phases are also shown.
(a) Vertical component section. (b) Radial component
section. (c) Transverse component section.
Three-component record sections from the MIT OBS for
line 4. For other information, see Figure 5.
Orientation of the horizontal components of the MIT
OBS, determined from water-wave particle motion.
Shown are selected water-wave seismograms and
horizontal-component particle motion from shots
(dots) located at various azimuths from the
instrument (star). The axis of the East Pacific
Rise is indicated by a dashed line.
Representative seismograms from four shots on lines 6
and 4. The product of the two horizontal components
(HlxH2) is shown-at the top followed by the
horizontal (H2 and H1) and vertical (V) component
seismograms. For line 6, H2 is approximately radial
and H1 transverse; for line 4, the reverse holds.
Phases discussed in the text and illustrated in Figure
1 are labeled. The amplitude scale of the records
varies and is shown, in arbitrary digital units, on
each seismogram. The time scale is represented as
vertical lines
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Figure 10.
Figure 11.
explained in the text. (a) Line 6, compressional
arrivals. (b) Line 6, shear arrivals. (c) Line 4,
compressional arrivals.
Compressional and shear velocity structure along
lines 6 and 4 determined principally from the inversion
of travel times. The structure below the asterisk for
line 6 was determined by amplitude modelling. Also
shown is the inferred Poisson's ratio versus depth.
(Top) WKBJ synthetic seismic section calculated for the
crustal structure (shown in Figure 10) for line 6. The
source time function is an exponentially damped cosine
Figure 9.
Figure 12.
Figure 13.
Figure 14.
function, cos(2wft)exp[-(2wft/y) 2 ], where f = 8 Hz and
y = 5. The scaling of seismograms with range is the
same as in Figures 5 and 6. (Bottom) The vertical-
component data from line 6 to the west of the OBS,
shown for comparison.
Comparison of the P-wave travel-time data collected by
5 OBHs on line 4 [Chapter 3] to the north of the MIT
OBS with the travel time curves for lines 6 and 4
determined in this chapter. Both sets of data were
identically processed. The difference between the sets
of travel times from the two studies in the ROSE area
is probably due to lower velocity in the upper crust
beneath the OBHs.
Transmission coefficient for upgoing P-to-s plane waves
and reflection coefficient for downgoing s-to-s (SV
polarization) as functions of horizontal phase velocity
[Aki and Richards, 1980]. The boundary is that between
igneous basement (Vp = 3.1 km/s, VS = 1.8 km/s) and
overlying sediment (Vp = 1.5 km/s, VS = 0.2 km/s).
Coefficients shown are relative to a unit displacement.
This figure illustrates the efficiency of converting
refracted compressional (P) energy to shear (s) energy
at a typical sediment-basement interface and of
internal reflection of that shear energy within the
sediment layer.
Transmission coefficient for downgoing p-to-S plane
waves at a sediment-basement interface as a function of
phase velocity [Aki and Richards, 1980].
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Figure 17.
radial direction, but is aligned along an azimuth
southward of the expected radial direction of
approach.
Amplitude spectra of refracted shear arrivals (Ss) from
four large charges on line 6. The spectra from shots
at 32.6 and 37.1 km range measure shear energy that has
propagated through the lower crust beneath the East
Pacific Rise crest. For clarity, each spectrum has
been raised by 1 unit of loglO amp with respect to the
spectrum immediately beneath; note the sliding labels
in the upper part of the ordinate scale.
Paths for Ss waves from shots on line 6 to the OBS.
Paths are calculated by ray tracing through the shear
velocity structure determined for the crust along
line 6 (Figure 10).
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Chapter 3
STRUCTURE AND VARIABILITY OF OCEANIC CRUST
ON THE FLANKS OF THE EAST PACIFIC RISE
BETWEEN 110 AND 130 N
INTRODUCTION
Two fundamental problems faced by marine earth
scientists center around the manner in which oceanic
lithosphere is formed at a spreading ridge and the nature of
the processes which control the evolution of the crustal
structure as it moves away from a ridge. One key to solving
these problems lies in our ability to assess accurately the
degree to which the structure of oceanic lithosphere varies
laterally along the strike of a mid-ocean ridge. Only with
an enhanced understanding of the structure and structural
heterogeneity beneath a representative set of spreading
ridges can we begin to formulate a more general model for the
processes of crustal accretion and alteration. As a means to
this end, we analyze a large set of explosion refraction data
recorded along strike on the East Pacific Rise with a
particular emphasis on assessing the degree of structural
variability in the young oceanic crust.
Strong constraints on the structure of young lithosphere
have been provided by a large number of independent seismic
refraction experiments carried out in different tectonic
settings. During the last two decades, improvements in
experimental and instrumental design and in travel-time
inversion and waveform analysis techniques have provided
increasingly more complex pictures of velocity structure
within oceanic lithosphere. However, variations in
instrumentation, experimental design, and interpretation
techniques employed in the past make it difficult to
interpret compilations of different marine refraction data
sets in terms of structural variability. The many such
compilations of the historical refraction data set that have
been made [e.g., Spudich and Orcutt, 1980a] have uncovered
few systematic structural trends. As a result, our under-
standing of the processes of accretion and alteration have
not benefitted substantially from definitions of structural
variability that follow from these compilations.
There is undoubtedly some degree of variability in the
seismic structure of ocean crust. However, of great
importance both to the assessment of our state of knowledge
concerning oceanic crustal structure, as well as to the
understanding of the results presented here, is an awareness
of the large difference between the very broad range of
scales on which we can suppose this variability exists and
the relatively narrow band of scales truly resolvable from
travel-time and amplitude information collected during
conventional seismic refraction experiments.
The large data set presented in this chapter has been
interpreted specifically with the goal of quantifying the
degree of structural heterogeneity in young oceanic crust
that can be resolved by a conventional marine experiment.
The refraction experiment was located over a 200 km long
segment of 0.5 m.y. old crust on the eastern flank of the
East Pacific Rise between the Orozco and Clipperton Fracture
Zones and provides a data set of over 500 seismograms
recorded by five identical Woods Hole Oceanographic
Institution ocean-bottom hydrophone (OBH) instruments
[Koelsch and Purdy, 1979]. We use experimental design and
uncertainties in the data as constraints on the spatial
scales applicable to this study. We then examine the
velocity structure of the young crust, first using
travel-time data alone and later incorporating amplitude
information to better resolve crustal structure and any
variability in that structure over the length of the
refraction line.
SEISMIC SCALE
Geologic evidence from submersible observations [e.g.,
Ballard et al., 1975], analysis of drilling cores [e.g.,
Aumento et al., 1977], and ophiolite studies [e.g., Casey et
al., 1981] indicate that variations on a scale of centimeters
to hundreds of meters exist within what is typically called
normal oceanic crust. Refraction experiments, however,
resolve structural variability on a scale significantly
different from that seen in the geologic observations. It is
necessary to understand this "seismic scale" before we can
analyze our refraction data set, assess the degree of hetero-
geneity within our experiment, and compare our assessment
with those inferred from other experiments.
The seismic scale defines the lateral and vertical
extent of both the velocity structure and the variability of
that structure resolvable from a particular refraction data
set. The lower bound of the seismic scale is determined by
the data bandwidth and the lateral data density. Propagating
seismic energy essentially averages material properties over
seismic wavelengths so heterogeneities smaller than a
wavelength cannot be resolved. For a given velocity-depth
structure, lateral shot spacing controls the vertical
separation between ray paths and thus sets a limit upon the
detail with which one can examine velocity variation with
depth under a single refraction line. The accuracy with
which a velocity-depth function at any spatial scale can be
computed is of course ultimately constrained by uncertainties
in the data.
Higher resolution of the velocity structure beneath a
single refraction line can be attained by using both
amplitude and travel-time information rather than by the use
of travel times alon
example, though the
can be recognized in
depth of the transit
innate complexity of
shot spacing and the
signature of a trans
precisely defined by
the velocity transit
which the amplitude
e [e.g., Spudich and Orcutt, 1980a]. For
existence of a velocity transition zone
the travel-time data, the shape and
ion cannot usually be resolved due to the
the travel-time curve, the inadequate
data uncertainty. The amplitude
ition zone is, in comparison, more
the data and the thickness and depth of
ion directly affect the distance over
event is observed and the range at which
it occurs. Amplitude data act as powerful constraints on the
existence, shape, and depth of steep velocity gradients in
the lithosphere.
An assessment of the degree of lateral heterogeneity in
a region can be made by comparing travel-time and amplitude
data or the computed velocity-depth functions from two or
more refraction lines. The upper bound of the seismic scale
is, then, determined by the number and lateral separation of
the refraction profiles being compared. The total horizontal
range over which energy from the different refraction
profiles samples crust at a given depth defines the range
over which variability at that depth can be assessed. The
distance between regions of crust sampled under two adjacent
refraction lines defines the spatial resolution of the
variability determination. A region can be assessed as being
laterally heterogeneous on a seismic scale only if the data
from two or more independent refraction profiles can be shown
to differ outside their estimated uncertainty.
THE EXPERIMENT
Project ROSE (Rivera Ocean Seismic Experiment) was a
multi-institutional marine seismic investigation conducted
between 110 and 160 N on the East Pacific Rise (Figure 1) in
1979 [Ewing and Meyer, 1982]. As part of the first phase of
that experiment, a 200 km seismic refraction line, line 4,
was shot parallel to and 25 km east of the rise crest. We
focus here on the data recorded by five Woods Hole Oceano-
graphic Institution ocean-bottom hydrophones [Koelsch and
Purdy, 1979] deployed along this rise-flanking line. Figure
2 shows the locations of line 4 and of the OBHs (numbers 1,
3, 4, 7, and 8) used for this study.
The spreading rate in the ROSE area is 104 mm/yr
(full-rate) with an azimuth of N80 0 E [Mammerickx and
Klitgord, 1982]. Line 4 is located within the Brunhes
polarity epoch and samples 0.5 m.y. old crust. The average
water depth beneath line 4 is about 2900 m (Figure 3). The
major bathymetric feature along the line is a 600 m near-axis
seamount located south of OBH 8. The closest major fracture
zone is the Clipperton which lies 100 km to the south. A
fracture zone inferred from a small offset in magnetic
lineations EKlitgord and Mammerickx, 1982] near OBH 7 has no
obvious bathymetric signature. Using Seabeam bathymetry,
Macdonald and Fox [1983] detected an overlapping spreading
center at the intersection of this fracture zone and the rise
crest (12'N latitude) 25 km west of OBH 7.
A total of 277 alternating 2 and 11 kg charges were shot
from the R/V THOMAS G. THOMPSON at 0.75 km intervals.
Because the dominant frequency of the data is near 8 Hz
(i.e., the bubble pulse frequency of the explosions), the
lower bound of the seismic scale is about 0.5 km in the upper
crust and 1.0 km at the base of the crust. The product of
the experimental phase of this study was ten seismic
refraction profiles (five split spreads) collected by the
five OBHs. Two typical record sections are shown in Figure
4. Two important features of these data are the high
amplitude arrivals near 30 km range characteristic of the
oceanic Moho triplication, and the lack of energy at phase
velocities close to 8 km/s that would be generally associated
with oceanic upper mantle. These ten refraction profiles
give effectively ten determinations of the phase velocity at
a given depth over a 200 km long strip of 0.5 m.y. old
Pacific crust.
DATA REDUCTION AND UNCERTAINTY
A rigorous evaluation of the velocity structure and the
magnitude of the lateral variations in that structure should
include a realistic estimation of the errors associated with
each step of the data reduction process. Though summaries of
errors commonly related to refraction data corrections have
been discussed elsewhere [e.g., Kennett and Orcutt, 1976], we
take the time here to assess the uncertainties which can be
attributed specifically to our data set and to the
assumptions implicit in reducing our data to a form from
which arrival times can be analyzed. Though our estimation
of uncertainties is necessarily somewhat subjective, we
consider the errors examined below to approximate 95%
confidence bounds on the corrections and measurements being
discussed.
Shot instant and timing corrections were applied to all
records. Errors associated with instrumental corrections
such as these are usually -+ 0.02 s [Purdy, 1982a]. Shot-
receiver ranges were determined from water wave arrival times
picked from a high frequency data channel. The resulting
relative shot locations are accurate to about 10 m. The
arrival time errors resulting from range determination
urcertainties are greatest for low phase velocity arrivals
from the shallow crust, but are still small in relation to
other reduction errors.
We were able to pick 479 first arrivals from the
collection of seismograms recorded on our ten refraction
profiles. Almost all of the shots detonated from a range of
40 km or less are included in that data set. The only shots
excluded from this group were those detonated directly over
the seamount (located 60 km south of OBH 1, Fig. 3), those
for which the first refracted arrival was masked by the
direct water wave, and those that failed to detonate
properly.
Assuming that picking errors are approximately normally
distributed, Kennett and Orcutt [197
standard deviations of travel-time m
range from 0.05 to 0.15 s depending
offset. Their 95% confidence level
is at best 0.10 s for close shots in
experiment. The total picking error
limited bandwidth of the shot-receiv
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first motion from a seismogram. Hum
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typical refraction
affected by both the
system [Bracewell,
consistently pick the
an picking error was
evaluated by repicking selected portions of
The total uncertainty involved in measuring
varied from shot to shot, but was generally
0.03 s for close shots to 0.10 s for distant
Errors in making topographic correction
dependent on the assumptions under which the
the data set.
first arrivals
estimated at
shots.
s are highly
corrections are
made. A water path correction [Purdy, 1982b] was applied
because of the mild topography and sufficient data density.
This correction requires no assumptions concerning the
velocity structure of the shallow crust. Using water depth
under the shot and apparent slowness from the observed
travel-time curve, the water path correction does not in fact
correct for the seafloor topography, but effectively places
the shot where the ray from that shot to an OBH intersects
the seabed. Accurate determination of the apparent phase
velocities presents the largest source of uncertainty in
the application of a water path correction.
For example, given a phase velocity near 4 km/s and a
water depth of 3 km, an error in the calculation of the
apparent phase velocity of about 0.2 km/s produces an
effective error in the water path correction of about
± 0.02 s [see Figure 2, Purdy, 1982b]. Errors dependent on
the apparent phase velocity are less severe at high phase
velocities. However, uncertainties in the water depth at the
ray entry point bring the accuracy of the correction to
within ± 0.01 s for high phase velocity arrivals (>6 km/s)
and ± 0.03 s for low phase velocity arrivals (<5 km/s).
One final source of uncertainty should strictly be
associated with the interpretation phase and not the
reduction phase of this study. These errors are due to
departures of the real crust from the assumptions used to
interpret the travel time data. Because velocities in the
upper crust near a mid-ocean ridge are probably controlled by
porosity and crack geometry [e.g., Spudich and )rcutt,
1980a], a likely first order model for the velocity structure
is one in which the iso-velocity contours parallel the
bathymetry [Purdy, 1982a]. Implicit in most travel time
analysis techniques is the assumption that the crust is
laterally homogeneous. To estimate the possible uncertainty
associated with this discrepancy, Purdy [Figure 18, 1982a]
compared water path corrected travel-time data from the ROSE
area to a travel-time curve derived by ray tracing though a
model crust in which velocity contours followed observed
seafloor topography. The two travel-time curves were within
± 0.02 s of each other with errors being worse near the most
severe topography. The relief along line 4 is of similar
magnitude to that in Purdy's [1982a] study. We therefore
accept ± 0.02 s as the "error" due to the incorrect
assumption of lateral homogeneity. This uncertainty itself
is of course insignificant compared with the total of the
other uncertainties; therefore, the detection of near surface
heterogeneity of this type is beyond the resolving power of
travel-time information alone.
A list of all errors discussed above for three different
ranges is shown on Table 1. It is difficult, however, to
assess the cumulative uncertainty due to the four
contributing error sources because of our incomplete
understanding of the character (i.e., probability density
function) of each individual error. We instead attempt to
place bounds on the total uncertainty associated with the
travel-time measurements. If we assume that the errors are
normally distributed, our error estimates (95% confidence
bounds) would represent a value equal to two standard
deviations from the most likely travel time. With the
additional assumptions that the errors (Ei) are random and
independent, we can estimate the total error by:
4
ETO = V C Ei2
i=1
We know, however, that the errors are neither independent nor
random. Because the first arrival picks, the water path
correction, and the effects of assumptions about lateral
homogeneity in our interpretation are interrelated, the
associated uncertainties are likewise dependent. Any
dependence among the variables increases the accumulated
error [Mosteller and Rourke, 1973]; thus ETO represents only
a minimum estimate of the total uncertainty.
In the worst of all possible situations, all of our
estimated errors would affect a measurement in the same sense
such that the travel time would be the actual travel time,
plus or minus an error equal to:
ETP = Ei
i=1
The bottom of Table 1 lists our estimates of the minimum and
maximum 95% confidence bounds on the travel-time measure-
ments. Our most optimistic assessment of the error (ETO) at
any range is 0.05 s and the most pessimistic estimate (ETp)
is 0.11 s.
TRAVEL TIME INTERPRETATION
The ten travel-time curves in Figure 5 show the water
path corrected first-arrival travel times as a function of
range. The lack of typical upper mantle phase velocities (8
km/s) on any of the plots in this figure suggests that many
of the picked arrival times at ranges greater than 30 km are
most probably supercritical Moho reflections. It is,
therefore, possible to infer little about the total crustal
thickness or the velocity of the upper mantle from an
interpretation of these travel times alone.
To assess the structure and heterogeneity of the upper
crust, we follow the procedure used by Purdy [1983]. Instead
of inverting ten individual travel-time curves to derive ten
separate velocity profiles (and then discussing the
significance of their differences), we first compare the
total data set by combining the 479 first arrival times from
all the curves into one travel time versus distance plot.
Figure 6 shows the merged arrival times before the
application of a water path correction compared with the
merged set of ten corrected travel-time curves. We next fit
a piecewise parabolic spline, constrained to have a negative
second derivative, through the merged set of corrected travel
times. The error bars in Figure 6 denote the most
"optimistic" and most "pessimistic" total uncertainty in our
data (Table 1). The fit to all the data shown has a root
mean square deviation 0.05 s, which equals the smallest
possible assigned 95% confidence bound (Table 1). We thus
conclude that, to the limit of resolution of our travel-time
data alone, the velocity structure of 0.5 m.y. old crust is
homogeneous in this region of the Pacific.
The curve fit through the merged, corrected travel times
can be used as a constraint on the mean velocity structure of
the upper crust beneath line 4. We follow the work of Ewing
and Purdy [1982] to determine a suitable linear velocity
gradient for the uppermost crust and then invert directly the
mean travel-time fit in intercept-slowness (T-p) space for a
velocity structure which increases monotonically with depth.
The resulting upper crustal velocity structure is depicted in
Figure 7. This model for young Pacific ocean crust has a
velocity gradient of 4.4 s - 1 in the top 0.8 km and a smooth
transition to a gradient of 0.2 s-1 at a depth of 2.5 km. The
velocity at the seafloor is 2.1 km/s and at a depth of 3.8 km
is 7.0 km/s.
Travel-time analyses of other refraction data sets
collected during
on the structure
single tectonic
[1982a] suggests
crust (uppermost
homogeneous on a
of the data. In
line 2E2W is in
4 determined in
Our travel-
project ROSE provide additional information
and variability of young lithosphere in a
province. A study near line 4 by Purdy
that a 20 km section (line 2E2W) of shallow
2 km) parallel to the spreading direction i
seismic scale within the limits of resoluti
addition, the velocity-depth function for
close agreement with the structure under line
this study.
time inversion for a mean velocity structure
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along line 4, with the exception of the upper 250 m, also fits
within the bounds designated by Gettrust et al. [1982] for
structure under the same line. The two studies differ in the
methods used to calculate the upper crustal velocity. Also
the velocity structure derived from travel-time data
collected to the south is insignificantly different from that
determined from data recorded to the north, thus supporting
our conclusion that the crustal structure along strike in
this region is homogeneous on the seismic scale defined by
the travel-time data.
The principal difference between the crustal structure
determined here and that derived in Chapter 2 for crust
immediately to the south on lines 4 and 6 is that the
compressional velocity structure of the uppermost crust is
between 0.5 and 1.0 km/s higher in the latter region. They
suggest the difference between the observed velocity
structures may be attributable to the lower bulk porosity of
the basement to the south. Possible contributors to the lower
porosity there may be basement of inherently low porosity
because of larger scale lava flows, or basement on which a
sediment layer acts as a capping blanket to hydrothermal
circulation thus accelerating the cementation of cracks and
pores by hydrothermal mineralization [Stephen and Harding,
1983].
Results of the travel-time analysis presented here
support a conclusion derived from a similar study on 140 m.y.
old Atlantic crust [Purdy, 1983]: Variability in the
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processes that control crustal formation and its subsequent
alteration is small on the scale defined by re-fraction
travel-time data. Additional information can be drawn from a
comparison of a set of 183 merged first-arrival travel times
from Purdy's [1983] study of 140 m.y. old Atlantic crust with
the travel times examined in this study for 0.5 m.y. old
Pacific crust (Figure 8). Travel time through a thick
sediment blanket has been subtracted from the travel times of
the data collected on the older crust to facilitate a
comparison of the structures of the igneous crust beneath the
two study areas. A consistent difference of about 0.2 s
between the mean travel-time curves fit through the two data
sets suggests that the velocity of the shallow crust is
greater in the older Atlantic lithosphere. In fact, the major
differences in the crustal structures for young Pacific and
old Atlantic crust (Figure 7, Purdy [1983]) are the velocity
at the top of the basement (2.1 and 5.0 km/s, respectively)
and the velocity gradient in the upper 0.5 km of basement (4.4
and 1.1 s-1, respectively). This comparison is in agreement
with the results of Houtz and Ewing [1976] indicating that an
increase in the velocity of the uppermost portion of layer 2
represents perhaps the most significant change in the
evolution of oceanic crust with age.
AMPLITUDE INTERPRETATION
As mentioned earlier, the use of amplitude information
in addition to first-arrival travel times effectively
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decreases the lower bound of the seismic scale by
substantially enhancing our ability to resolve details in the
velocity structure of oceanic lithosphere under a refraction
line. Therefore, comparing amplitude characteristics of
phases as they appear on different refraction sections can
lend additional insight into the degree of s
variability in the crust and upper mantle on
As is true for travel-time data, there
involved when comparing waveform information
assessing heterogeneity beneath the seafloor
other than the velocity-depth profile within
can affect the observed amplitude patterns.
detocussing of seismic energy by bathymetri
influence the amplitude characteristics of
seismograms [Purdy, 1982a]. Misfired charg
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comparison of any two refraction profiles. The uniformity of
both the explosive sources and the five receivers in this
experiment improves our confidence in our ability to compare
different record sections.
Though it is difficult to evaluate heterogeneity in
terms of quantifiable uncertainties in amplitude-range
relationships, we can compare major amplitude patterns on all
profiles and qualitatively assess observed similarities and
differences. Because of the previously mentioned effects of
topography and source characteristics on recorded waveforms,
interpretations of a velocity structure in a region based on
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the amplitude information from a single refraction section
could prove erroneous. We therefore model only those
characeristics common to two or more profiles to provide
information about the mean lower crustal and upper mantle
structure and to further constrain the upper crustal
structure. Figure 9 shows a typical record section (11 kg
charges north of OBH 7) compared to the WKBJ [Chapman, 1978]
synthetic profile which best fits the general characteristics
of all ten observed refraction sections.
To constrain the velocity structure from a depth of 4 km
below the seafloor to the upper mantle, we matched four
general waveform patterns appearing at ranges greater than
25 km on the 10 refraction sections. (1) The strength of
super-critical Moho reflections (PmP) relative to the lower
crustal refractions (P3) and the observation of PmP out to
ranges as great as 60 km suggests that the vertical velocity
gradient in the lowermost crust is near zero. (2) The PmP
phase is most energetic from a range of 25 km to about 50 km.
Fixing the Moho transition zone to be 1.0 km thick best
accounts for the appearance of PmP in this interval. A
thicker transition zone would focus PmP into a smaller range
window. (3) The interaction of PmP and P3 phases between 25
and 40 km allows a determination of total crustal thickness.
The region of high amplitudes resulting from PmP-P 3
interaction is best matched with a total crustal thickness of
5.5 km. This is in close agreement with other crustal
thickness determinations made in the ROSE area by Lewis and
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Garmany [1982] and in Chapter 2. (4) The absence of strong
arrivals at upper mantle velocities makes it difficult to
conclude much about the structure of the upper mantle, but
does indicate that the velocity gradient in the upper mantle
is near zero or possibly negative. We assume a velocity of
8 km/s at the top of the mantle based on Lewis and Garmany's
[1982] determination of Pn velocities along strike near line
4. Figure 7 shows the velocity structure of the crust and
upper mantle under line 4 determined from both the first
arrival travel time analysis and the modelling of amplitudes
on ten seismic refraction profiles.
Of the above four amplitude characteristics, (1) and (4)
are consistent throughout the ten refraction sections. This
indicates that the velocity gradients in the lower crust and
upper mantle are similarly near zero on a seismic scale
along the entire 200 km line. However, because the character
of patterns (2) and (3) vary somewhat within the range bounds
placed on them in the preceding paragraph, we may be
observing the effects of heterogeneity in the shape and depth
of the Moho. We do not know how much of the observed
variability is due to topographic focussing and defocussing
or irregular source characteristics. Because upper mantle
refractions are not observed, the velocity and velocity
gradient in the upper mantle are not well constrained and thus
a thorough investigation of the degree of structural
heterogeneity at and beneath the Moho is not possible. We
assert that the structure and depth of the Moho shown in
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Figure 7 represents a well constrained mean for the region of
line 4.
Based mainly on comparisons of amplitude relationships
seen on two refraction profiles from line 4, Gettrust et al.
[1982] concluded that the Moho may vary in depth along the
rise-flanking line. They proposed a difference in the depth
and character of the Moho over a 40 km distance based on a 5 km
difference in the location of an amplitude increase near a
range of 30 km. Whether this is within the resolution of their
data is unclear. We agree with their conjecture that the
seamount on the southern part of the line and other topographic
perturbations might have influenced their amplitude patterns.
Two amplitude patterns ubiquitous throughout the data set
provide information about the structure of the upper crust that
is complementary to that already obtained from the first-arrival
travel time interpretation: (1) A first order discontinuity
(velocity changing from 4 to 6 km/s) at a depth of 1 km such as
that suggested by Lewis and Garmany [1982] would be expected to
produce high-amplitude, wide-angle reflections asymptotically
approaching the velocity of the crust above the discontinuity
(4 km/s). Because we see no such phase, we suggest that a more
gradual velocity transition is likely. (2) The complete lack of
converted shear energy on any of the ten profiles implies that
there are no sharp compressional and shear velocity contrasts at
or just beneath the seafloor. The high Poisson's ratio and low
compressional velocity which probably characterizes the young
oceanic basement [Spudich and Orcutt, 1980b] reduces the
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efficiency of p to S conversion (lower case letter represents
travel of that phase in the sediment or water layer) at the
seafloor to a sufficiently low 'level to explain the lack of
identifiable shear wave phases [White and Stephen, 1980]. It
is interesting to note, however, that the data recorded by a
three-component ocean-bottom seismometer (OBS 1 on Figure 2)
on line 4 contained some converted shear energy on its radial
component [Chapter 2]. It is possible that conversion from p
to S at the sediment/basement contact is energetic enough to
be recorded as arriving shear energy on an OBS horizontal
geophone, but that the conversion from p to S to p necessary
to be recorded on an OBH is not energetic enough in the young
crust along line 4.
Six of the ten refraction sections exhibit a region of
high amplitude first arrivals in the 5 to 10 km range, a
feature that has been attributed to the transition from layer
2 to layer 3 [Spudich and Orcutt, 1980a,b]. A visual
comparison of the seismic profiles suggests that this
amplitude feature and thus the layer 2 - layer 3 transition
zone (which was not defined at all by the travel-time
interpretation) are perhaps the most variable features along
the 200 km strike line. The signature of the transition zone
is characterized on the refraction sections by low amplitudes
at close range which build to a maximum with increasing
range then decrease again, all within a range window 3 to
5 km in width.
To better examine the layer 2 - layer 3 transition we
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compute the power in the first 0.2 s of each seismogram on
all ten seismic sections. To achieve maximum resolution,
both 2 and 11 kg shots were used. The seismograms are scaled
by charge weight and also linearly by range. The power-
versus-range plots in Figure 10 show that the amplitude
patterns fall into four groups. The plots in the first group
represent lines displaying no peak within 15 km range. The
data recorded by OBH 1 from the south and shown in Figure 4a
typify this group of lines. The remaining three groups
exhibit distinct peaks at ranges of 6, 8, and 10 km,
respectively, and each group is represented by power curves
from two refraction lines. The maximum power within the peak
is a factor of 1.5 to 3.0 greater than the power at greater
or lesser ranges. The refraction section shown in Figure 4b
(OBH 4 south), for example, has a peak in its power curve at
10 km.
We proceed to model the layer 2 - layer 3 transition by
perturbing the basic upper-crustal structure obtained in the
travel-time study and using WKBJ techniques [Chapman, 1978]
to compute synthetic seismograms of arrivals out to 20 km
range. To compare the synthetic seismograms with the data,
we next calculate the power in the first 0.2 s of each
synthetic seismogram in a manner identical to that previously
applied to the refraction data. A most important constraint
on the models is that the travel-time curves computed from
the synthetic seismograms fit within the maximum confidence
bounds assigned to the travel-time data (Figure 6).
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to velocities in the three layer solution for layer 2 proposed
by Houtz and Ewing [1976]. We use their terminology, layer 2A,
2B, and 2C, to represent the steep gradient layer at the top of
the crust, the underlying region of near-zero velocity gradient
and the layer 2 - layer 3 transition zone, respectively.
According to this nomenclature the four refraction profiles
exhibiting no amplitude peak at close range sample crust with
no resolvable layer 2B.
The constraints imposed by the travel times and amplitudes
greatly narrow the bounds of possible structures which ca
responsible for the amplitude patterns observed at ranges
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5 to 10 km. There are, however, many structures within these
bounds that can satisfy the observations. We attempt to develop
sets of simple, reasonable models in which there is a logical
progression in the shapes of the travel-time curves correspond-
ing to the observed amplitude peaks at ranges of 6, 8, and
10 km. A structure in which crustal velocity gradients decrease
with depth and thus produces no layer 2 - layer 3 amplitude
event becomes a member of this set at either end of the
structural progression. The two sets of models shown in Figure
11 illustrate the range of structures that can fit both the
travel-time and spectral-power constraints. In both sets the
velocity structure of the upper 0.7 km of crust (layer 2) is
similar to that derived from the travel-time analysis. Models
in which the layer 2C thickness and gradient vary as well as
those in which both quantities remain constant can generate
amplitude patterns that are in good agreement with the
observations. In the model sets shown in Figure 11, and in all
other sets generated to match the data, the depths to the base
of layer 2C (and thus the total thickness of layer 2) necessary
to create amplitude peaks at 6, 8, and 10 km range are within
0.1 km of 1.60, 1.95, and 2.20 km beneath the seafloor,
respectively. The thicknesses of layer 2 along lines without an
amplitude peak are more difficult to infer because of the
subtlety of the transition from layer 2 to layer 3 velocities
required by this amplitude pattern.
The synthetic travel-time curves and power curves for the
model set shown in Figure 11a are displayed in Figure 12 and for
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the set in Figure 11b in Figure 13. In the first model set, a
layer 2C with a thicknes: of 0.6 km and a gradient of 2.6 s-1 is
placed increasingly deeper to produce amplitude events at
greater range. Transition zones thinner than a seismic
wavelength (0.5 to 0.7 km) produce late-arriving phases
reflecting from the steep transition zone gradient which arrive
with amplitudes that are strong relative to the first-arriving
energy. The amplitudes of these reflections become especially
pronounced when the transition area is located deeper than 2 km.
Though some refraction profiles (see Figure 4) exhibit energy
that might be reflections from layer 2C, the phenomenon is not
pronounced or consistent on a shot-to-shot basis throughout the
refraction sections collected along line 4. We therefore
suggest that the thickness of the layer 2 - layer 3 transition
regions sampled under line 4 cannot be much thinner than those
shown in Figure 11a.
In the model set of Figure 11b, the thickness and gradient
of layer 2C vary. A thicker layer 2 - layer 3 transition zone
corresponds to a thinner layer of constant velocity material
above the zone. A difference between this model set and that
shown in Figure 11a is that there is a relative paucity of
constant-velocity crust above layer 2C which allows more energy
to arrive at ranges between the OBH and the amplitude event.
The product of such a structure is a peak that is generally
less sharp than those computed from the set of Figure 11a.
Models with a layer 2B thickness of less than 0.2 km (equal to
the thinnest layer 2B shown in Figure 11b) produce only small
111
peaks in the power-versus-range functions that are within the
noise of the data in Figure 10.
Another possible set of models might be one in which the
different amplitude patterns in the 5 to 10 km range are due
to variability in the velocity of the upper 0.7 km of crust,
and not in layers 2B and 2C. However, the first order effect
of simultaneously holding the structure of the layer 2 - layer
3 transition zone constant and varying the shallow crustal
velocities would be to increase or decrease all of the
resulting arrival times, including those of energy refracting
through the transition region. With models such as these, it
would be difficult to match variations in the range of the
observed amplitude patterns. Also, more extreme perturbations
to the structure of the lower crust would be required to keep
the travel-time curves computed from the models within the
bounds of uncertainty assigned to the observed travel times.
We therefore have considered only sets of structures in which
the uppermost 0.6 to 0.7 km of crust is identical to that
derived from the travel-time inversion.
As the summary of the two model sets in Table 2
indicates, it is impossible with these data to correlate the
individual thicknesses of layer 2A, 2B or 2C with the
location of layer 2 - layer 3 amplitude peaks. In the first
model set where layer 2C thickness remains constant, the
range at which the peak amplitude occurs increases as the
thickness of layer 2B increases. In the second model set, as
the range at which peak amplitudes occur decreases, the layer
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2B thickness increases and the transition layer 2C thickness
decreases. Given that our assumptions about the velocities
in the upper 0.7 km of layer 2 ,are correct the amplitudes
can, however, provide at least two constraints on the
thicknesses of seismic units in the upper crust: (1) an
absence of the layer 2 - layer 3 amplitude peak implies a
layer 2 in which there is no resolvable thickness of a
constant velocity layer (layer 2B) and, (2) if the amplitude
the event moves farther out in range as the
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DISCUSSION
It is, of course, impossible to define unambiguously the
geologic structure of a region of oceanic crust from the
compressional velocity structure alone. As a result, many
authors [e.g., Fox et al., 1973; Christensen and Salisbury,
1975; Spudich and Orcutt, 1980b] have further constrained
oceanic crustal geology by comparing the velocity structures
inferred from travel-time and amplitude analyses with the
structure of ophiolite complexes and the velocities measured
in laboratory samples from ophiolites, dredge hauls, and
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drill cores. Though there is no universal agreement as to
whether ophiolite complexes were formed at spreading centers
representative of those currently active, drilling at Deep
Sea Drilling Project (DSDP) hole 504B has confirmed that the
upper units of a complete ophiolite section (sediments,
metamorphosed extrusives, metamorphosed sheeted dikes) are
represented in the upper 1350 m of 6.2 m.y. old Pacific crust
[Anderson et al., 1982].
We consider the possible effects of lithology,
metamorphism, and porosity on the velocity structure of the
crust along line 4 based on the results at hole 504B and
studies of ophiolite complexes. We are especially interested
in the geologic analogs of seismic layers 2A, 2B, 2C, and 3
and whether or not the magnitude and scale of variability
seen in the seismic models of this study agree with field
observations of structural variability seen in the drilling
results and ophiolite complexes.
DSDP hole 504B is thus far the only site where we can
look in situ at the structure down to the sheeted dike units
and compare them to what is seen on a seismic scale in marine
refraction experiments. Of the 1075 m of oceanic basement
drilled at 504B, the upper 575 m is composed of pillow lavas,
breccias, and small flows, the lower 290 m is primarily in
the form of dikes, and the intervening 210 m is a transition
zone between the two units [Anderson et al., 1982]. Sonic
logs from the hole provide velocity measurements of altered
extrusive and dike units on a scale of about 1 m. Figure 14
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shows the compressional velocity sonic log obtained from hole
504B compared to the observed lithostratigraphy. Though
fluctuations in the data due to small-scale heterogeneities,
irregular crack geometry, and disturbance of pore pressure
and fluid content related to drilling complicate the measured
velocity structure, several trends can be seen in the data.
Steep velocity gradients in the upper crust take the average
compressional velocity from about 4 km/s at the top of the
basement to about 5 km/s at 200 m into the basement. From
this depth to the top of the extrusive dike transition zone,
the mean velocity fluctuates around 5 km/s. Within the
extrusive-dike transition region, velocities rise to values
over 6.0 km/s and fluctuations in the sonic log decrease,
thus suggesting that the dikes are not only of higher
velocity material but also are more homogeneous on the scale
sampled by the logging tool. Compressional velocities within
the pure dikes continue to increase with depth to the base of
the hole where a velocity of about 6.3 km/s is reached. The
pattern of velocity gradients indicated by the sonic log from
the top to bottom--steep, low, intermediate--is exactly that
required by the amplitude modelling on line 4.
The comparison of our inferred seismic velocities to the
velocities of altered and unaltered ophiolite samples
measured on a laboratory scale provides another means by
which we can constrain the geology of the crust along line 4.
Because some alteration observed in ophiolite complexes is
probably related to post-obduction processes, one must be
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careful when correlating sample velocities with velocities
measured in situ by refraction and logging techniques.
Salisbury and Christensen [1978] measured samples from the
Bay of Islands ophiolite at pressures and temperatures
thought appropriate to the environment in which they once
existed. Velocities of metabasalts (extrusives) ranged from
5.6 to 6.5 km/s, metadolerites (sheeted dikes) and meta-
gabbros ranged between 6.6 and 7.0 km/s, and pyroxene gabbros
gave velocities between 6.9 and 7.3 km/s. Additionally, the
crustal gradient structure suggested by the measured
ophiolite samples (shown in Figure 5, Salisbury and
Christensen [1978]) is similar to that determined in our
study and seen in the hole 504B sonic log [Anderson et al.,
1982]. The two steepest velocity gradients in the upper
crustal units of the Bay of Islands complex occur at the top
of the extrusives and between the base of the extrusives and
the upper section of sheeted dikes. The velocity remains
fairly constant as a function of depth throughout the sheeted
dike samples before a third steep velocity gradient occurs
starting in the metagabbroic rocks and continuing into the
top of the unaltered pyroxene gabbros.
The pattern of gradients in bulk porosity versus depth
calculated from apparent resistivity measurements in DSDP
hole 504B by Becker et al. [1982] (Figure 14) also may be
related to the velocity-depth gradients seen in the hole 504B
sonic log the Bay of Island ophiolite, and the velocity
structure determined for line 4 in this chapter. Porosity
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decreases rapidly in the upper 300 m of extrusives from about
13% to 8%. The porosity in the next 300 m of extrusives
remains nearly constant. Within the 210 m geologic
transition zone, pnrosity drops to less than 3% and continues
to drop slowly to 1% in the lower 200 m of dikes sampled by
the resistivity log.
The velocity structure of oceanic crust is probably
strongly related to the porosity of its different geologic
units. Spudich and Orcutt [1980a] examined the possible
effects that the volume and shape of cracks and fissures have
on the velocities of extrusive basalts. They concluded that
though laboratory samples of Mid-Atlantic Ridge basalts with
8% porosity have an average velocity of 5.9 km/s EHyndman and
Drury, 1976], the velocity of the same material with 20%
porosity could fall anywhere between 2.0 and 5.1 km/s
depending on the assumed crack geometry. The porosity of
near-surface extrusives may actually be greater than 20% in
young oceanic crust [Hyndman and Drury, 1976]. Velocities
increase rapidly within young crust due to a decrease in
porosity as a function of depth [Spudich and Orcutt, 1980a].
This effect can be seen directly in the sonic log data and
apparent porosity computations from hole 504B [Anderson et
al., 1982; Becker et al., 1982]. It can also be inferred
from our data where layer 2 velocities increase from 2.1 km/s
at the surface to 5.6 km/s at a depth of about 0.7 km. The
difference between the travel-time curves of the 140 m.y. old
Atlantic crust [Purdy, 1983] and the 0.5 m.y. old Pacific
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crust both compared in Figure 8 suggest that the steep
velocity gradients found at the top of a young oceanic
crustal section are made more gradual by the closing of
cracks and pores due to chemical alteration and precipitation
in the upper crust [e.g. Houtz and Ewing, 1976; Spudich and
Orcutt, 1980a,b] as a section of oceanic lithosphere ages.
The decrease in porosity and accompanying increase in
velocity as functions of depth in the extrusives may be
primarily related to three different processes: 1) An
increase in the confining pressure of about 0.2 kb in the
upper 0.8 km of crust acts to close an increasing percentage
of cracks and pores with increasing depth and thus contributes
to the steep velocity gradients observed. The decrease in the
number of large pillows and flows and the increase in the
amount of brecciation observed in borehole televiewer records
down hole 504B may represent the compressive effects of
increasing overburden in the extrusives [Anderson et al.,
1982]. In an environment controlled partially by a relation-
ship between porosity and confining pressure, there may be
some critical depth at which the increasing overburden no
longer has a significant effect on the porosity and velocity
of single rock unit. Because the existence of any
significant pore pressure will tend to hold pore spaces open,
the pressure at this critical depth is probably less than
the pressure (1kb or about 2.8 km below the seafloor)
predicted by Walsh [1965] at which most elongate cracks are
thought to close in dry rock. Thus if the extrusives are
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thicker than the critical depth, the velocity in the rock
below this critical depth will no longer be controlled by
changing crack and pore volume related to increasing
overburden. 2) The results from DSDP hole 504B suggest a
strong correlation between decreasing porosity and an
increasing amount of hydrothermal mineralization with depth
in the extrusives [Anderson et al., 1982; Becker et al.,
1982]. Toward the base of the extrusives (from 200 to 500 m)
where porosity gradients are small (Figure 14), a large
percentage of cracks and pores are filled by alteration
products. This interval is also a region where velocities in
the extrusives reach a maximum. 3) A final contributor to
the decrease in porosity with depth in the extrusives may be
related to draining of a portion of fresh lava downward into
previously extruded units near the rise axes. The product of
this "flow back" might be an extrusive section in which older
pillows and flows are increasingly saturated as a function of
depth with material that has been drained from the surface.
The CYAMEX Scientific Team [1981], in dives at 210N on the
East Pacific Rise, noted the presence of drained lava lakes
in that region. This suggests that at least some fraction of
erupted lava flows down into the subsurface to both decrease
the bulk porosity and increase the velocity in the underlying
units.
Based on the above discussion and the results of the
amplitude and travel-time studies of line 4 refraction data,
we suggest a geologic model for the crust under the rise-
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flanking line similar to that shown in Figure 15. This model
is not based solely on determinations of compressional wave
velocities but most importantly on comparisons of the velocity
gradients inferred from the line 4 data with the velocity and
porosity gradients measured in DSDP hole 504B and in ophiolite
samples.
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hole 504B (- 8%) and those measured in laboratory samples of
Mid-Atlantic Ridge basalts by Hyndman and Drury [1976] (- 8%).
Because velocities in the zero-gradient layer of crust in our
models (5.3 to 5.6 km/s) are constrained to be close to those
of low porosity ophiolitic [Salisbury and Christensen, 1978]
and oceanic [Hyndman and Drury, 1976] basalts measured in the
laboratory and are also within the range measured in 8%
porosity basalts in hole 504B, it is likely that layer 2A and
26 are primarily extrusive in origin and basaltic in
composition. The remaining four lines where no amplitude
peaks are observed at short range sample thin extrusive
sections with no resolvable layer 2B. All three primary
features which control porosity in the extrusives--overburden,
hydrothermal mineralization, and lava flow back--all act to
decrease porosity with depth. Thus if the extrusives are not
thick enough for the porosity to reach some minimum it is
probable that the extrusives would never develop a region of
near constant velocity and porosity within its base. One
might then expect that rays arriving from shots at 5 to 10 km
range on lines exhibiting no amplitude peak (OBH 4 shot from
the north, 3 south, 1 south, 8 north) propagate through crust
that is topographically elevated since such areas may have
accumulated the least amount of extruded volcanics [e.g.
CYAMEX Scientific Team, 1981). Examination of Figure 3
indicates that arrivals from shots at short range on the
aforementioned lines propagate beneath topographic highs and
that they .may, in fact, sample thin volcanic layers emplaced
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on previously elevated regions of
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et al., 1982]. Extrusives grade into 1 m thick dikes by an
increase in the percentage of dikes with depth. The scale
across which the transition takes place varies from a few
hundred meters to several meters over lateral distances of
several kilometers. On a larger scale, the extrusive-dike
contact itself undulates vertically with amplitudes and
wavelengths of up to several hundred meters. When viewed on
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[Salisbury and Christensen, 1978]; 3) the presence of some
higher velocity metabasalts (Vp up to 6.5 km/s 4) a
decreasing volume of brecciated dikes (Vp - 6.3 km/s); and 5)
a general decrease in porosity (Figure 14) resulting from
both an infilling of cracks and pores by hydrothermal
mineralization and the transition from extrusive volcanics
(- 8% porosity) to sheeted dikes with a smaller volume of
cracks and pores (- 1%). The substantial drop in fracture
intensity and degree of alternation observed in hole 504B
across the extrusive-dike transition suggested to Becker et
al. [1982] that the dikes may possess inherently low porosity
and that the efficiency of hydrothermal circulation in the
dike units was probably insignificant in the region of the
drill hole.
Geologic evidence from ophiolite sections [Geotimes,
1972] and drilling results [Anderson et al., 1982] suggests
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measured in uppermost layer 3, to those inferred from
Salisbury and Christensen's [1978] measurements of ophio'lite
samples further strengthens the argument that the top of
layer 3 is primarily composed of dike material.
At the Bay of Islands ophiolite complex [Casey et al.,
1981] the transition from dikes to isotropic gabbro is
gradational and varies in thickness by several hundred meters
over lateral distances of several kilometers. The velocity
contrast across the transition zone is probably small
(< 0.3 km/s, Salisbury and Christensen [1978]) and, therefore
would be expected to produce only a minor amplitude peak even
if the geometry of the zone were similar to that of the
extrusive-dike transition. A small peak in more than half of
the power-versus-range curves in Figure 10 between the ranges
of 14 and 21 km may be the signature of a velocity transition
zone within layer 3. This transition region might represent
a change from sheeted dikes to massive gabbros, but could
instead be related to a change in metamorphic facies.
Because these amplitude features are small and are usually
defined on only one or two seismograms, we have not formally
modelled them. However, we can conclude from the variation
in the range of the small amplitude peaks that whatever
process is responsible for the structure within layer 3 is
variable over the length of line 4.
SUMMARY AND CONCLUSIONS
I
We have reported an analysis of refraction data recorded
by five ocean-bottom hydrophones on a line shot parallel to
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and 25 km east of the East Pacific Rise between 110 and 130N
latitude. Because of the uniformity of instrumentation and
the large quantity of clearly recorded data (over 500
seismograms), this experiment was ideally suited for the
study of the structure and structural variability along
strike on 0.5 m.y. old Pacific crust. The nature of seismic
refraction data allow us to view the crust on two different
spatial scales. Both scales are dependent on the experi-
mental design and uncertainties in the information used to
resolve structure within the crust.
On the basis of only first-arrival times, the crust
along the 200 km long rise-flanking line is homogeneous. An
inversion of 479 travel times yields a well-constrained mean
crustal structure along line 4 characterized by velocity
gradients that are steep (4.4 s-1) in uppermost layer 2 and
that decrease continuously with increasing depth. The
vertical velocity gradient was determined to be near zero in
layer 3. By viewing this young crust at the scale defined by
the first arrival time data and by comparing this study
to similar studies carried out in other regions, we can
examine gross structural variability that may be related to
fundamental large-scale processes such as spreading rate,
tectonic province, or crustal age. For example, a comparison
of our results with those derived from an identical analysis
of 140 m.y. old Atlantic lithosphere [Purdy, 1983] indicates
that the major difference between the two segments of the
uppermost 3 km of crust is that the velocity gradient in the
upper 0.5 km of old
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topographic highs and thin layer 2B.
5) It is well known that compressional wave velocities
alone cannot be unambiguously related to rock type or
structural fabric. However, an important additional
constraint provided by the data presented here is the
interrelationships of the velocity gradients that are well
determined by the amplitude distributions.
6) A comparison of the velocities, velocity and porosity
gradients, and variability inferred from these data with
those seen in DSDP hole 504B [Anderson et al., 1982] and in
ophiolite complexes [e.g., Casey et al., 1981] suggests that
layers 2A and 2B are extrusive in origin, the material at the
top of layer 3 consists of horizontally continuous sheeted
dikes, and layer 2C is a region of interfingering and
undulations of dikes and extrusives on vertical and lateral
scales of meters to hundreds of meters. Another amplitude
peak, which varies in range from 14 to 21 km, may signal a
transition from sheeted dikes to the underlying isotropic
gabbros.
7) The presence and variability of these two different
amplitude peaks provide direct evidence that the along-strike
structure of oceanic crust contains vertical changes in
structure of several hundred meters that are definable by
conventional seismic refraction experiments when interpreted
in the careful manner described here. The magnitude and
consistency of the amplitude peak between 5 and 10 km range
and the clear relationship of that peak to velocity gradients
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within the upper crust suggest that the layer 2 - layer 3
transition may serve as a useful and mappable characteristic
of oceanic crust that can be sampled by drilling and related
to seismic results. Further studies are needed to better
resolve the lateral structural changes responsible for the
heterogeneity seen along the line examined in this study so
that any systematic relationship between these changes and
along-strike variations in the accretion processes can be
defined and understood.
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FIGURE CAPTIONS
Figure 1.
Figure 2.
Figure 3.
Figure 4.
Figure 5.
Geographic location of Project ROSE. The numbered
lines at the bottom of the figure are the seismic
refraction lines from -the first phase. The box in
the upper left encloses the microearthquake study
region.
Locations of refraction lines and instruments
discussed in this chapter in relation to the local
bathymetry [after Klitgord and Mammerickx, 1982].
In addition to the locations of 5 Woods Hole
(WHOI) instruments, locations for instruments from
the Massachusetts Institute of Technology (MIT)
and the University of Washington (UW) are shown.
The interval between the solid contours is 500 m.
Bathymetric profile along refraction line 4 as a
function of range from the OBH 1. The locations
of all five OBHs used in this study are also
shown.
Two sample record sections from the Woods Hole
OBHs on line 4. All travel times have been
reduced using a velocity of 8 km/s. The
amplitudes have been scaled linearly with range
and adjusted for charge weight. Each seismogram
stops at the arrival time of the water wave.
(a) OBH 1 so-uth. (b) OBH 4 south.
Travel-time curves from the ten refraction
sections used in this study. The arrival times
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Figure 6.
Figure 7.
Figure 8.
have been reduced by 8 km/s. Note the absence of
phase velocities near 8 km/s. Arrivals picked at
ranges greater than 35 km may be supercritical
Moho refractions.
Merged set of 479 travel times versus range for
refracted compressional waves. The arrival times
have been reduced by 8 km/s. Travel times in the
upper plot show the scatter in the data before
application of a water-path correction [Purdy,
1982a]. Travel times in the lower plot have been
water-path corrected. The spline fits the 479
data points with a root mean square deviation of
0.05s. The error bars mark the upper and lower
bounds on the uncertainties in the travel-time
data.
Compressional velocity structure above a depth of
3.8 km was derived from an inversion of the spline
fit to the merged travel times in Figure 6. Below
this depth, the structure was derived using
amplitude information from ranges between 20 and
60 km.
Comparison of the P-wave travel-time data
collected by 5 OBHs on line 4 with the merged set
of travel times collected on 140 m.y. old Atlantic
crust and examined by Purdy [19833. Both sets of
data were identically processed. Travel time
through the thick sedimentary layer in the
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Figure 9.
Figure 10.
Figure 11.
140 m.y. old crust has been removed. The
difference between the sets of travel times from
the two studies is probably due to lower velocity
in the young upper crust of this experiment.
WKBJ synthetic seismic section calculated for the
crustal structure (shown in Figure 8) for line 4.
The source time function is an exponentially
damped cosine function, cos(2wft)exp[-(2wft/y) 23,
where f = 8 Hz and y = 5. The scaling of
seismograms with range is the same as in Figure 4.
The synthetic section is compared to data
collected by OBS 7 from shots to the north.
Power in the first 0.2s after the first refracted
arrivals as a function of range from the OBH. The
plots are grouped by curve shape: (a) lines 8N
(OBH 8 shot from the north), 1S, 3N, 4N have no
power peak; (b) lines 8S and 3S have a power peak
at 6 km range; (c) lines 7N and 1N have a power
peak at 8 km range; (d) lines 7S and 4S have a
power peak at 10 km range. Note also the
secondary peak in some of the curves between the
ranges of 14 and 21 km.
Two of the sets of simple crustal structure models
found to fit the travel-time and amplitude data at
short range. (a) Model set in which the layer 2 -
layer 3 transition zone thickness and gradient
remain constant and the depth to the base of the
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transition zone varies. (b).Model set in which
transition zone thickness, gradient and depth
vary. In both sets, the greater the depth to the
base of the transition zone, the greater the range
at which the amplitude peak is observed. Each
structure is designated
to the model set (a or b
ponding to the range (6,
amplitude peak resulting
observed.
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Figure 15.
Results from DSDP hole 5048. Shown from left to
right are, geologic section of region drilled,
shear and compressional velocity sonic logs
[Anderson et al.,1982], and apparent bulk porosity
as a function of depth [Becker et al.,1982].
Generalized velocity structure of layers 2 and 3
and inferred geologic interpretation based on
Figure 12.
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is the 11.
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the travel-time and amplitude analyses presented
here, results from DSDP hole 504B [Anderson et
al., 1982; Becker et al., 1982], and studies of
ophiolite complexes [e.g., Salisbury and
Christensen, 1978; Casey et al., 1981].
Table 1. Estimates of uncertainties (in s)
times arising from uncertainties
reduction process.
in travel
in the data
Range, km: 5 20 35
Source:
Instrument
corrections 0.02 0.02 0.02
Picking 0.03 0.04 0.06
Water path
corrections 0.03 0.01 0.01
Assumption of
lateral hetero-
geneity 0.02 0.02 0.02
Total:
Z U2  0.05 0.05 0.07
EU 0.10 0.09 0.11
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Table 2. Summary of thicknesses and velocities of the
seismic units within layer 2 modeled from
amplitude patterns and travel-times on line 4.
Location of
amplitude
peak, km: no peak 6 8 10
Range of
Thickness, km velocities in
layer, km/s
Layer 2A 0.65 0.65 0.65 0.65 2.1 + 5.5
0.70 0.70 0.70 0.70
Layer 2B 0.0 0.45 0.70 0.95 5.5 + 5.5
0.0 0.60 0.40 0.20
Layer 2C 0.60 0.60 0.60 0.60 5.5 + 6.9
2.00 0.20 0.80 1.40
Layer 2 = 1.25 1.70 1.95 2.20 2.1 + 6.9
2A+2B+2C 2.70 1.50 1.90 2.30
The top row for each
11a; the bottom row is
layer is
from the
from the model set in Figure
model set in Figure 11b.
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Chapter 4
THERMOELASTIC STRESS: HOW IMPORTANT AS A CAUSE OF EARTHQUAKES
IN YOUNG OCEANIC LITHOSPHERE?
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INTRODUCTION
A potentially important contributor to the state of stress
in oceanic lithosphere is thermoelastic or thermal stress.
Thermal stress can develop in the elastic portion of young
oceanic lithosphere because of differential cooling and
contraction. It has been proposed as a major contributor to
the formation of transform faults [Turcotte, 1974; Collette,
1974], the propagation of mid-plate island and seamount chains
[Turcotte and Oxburgh, 1973], and the generation of earthquakes
in older oceanic lithosphere [Sykes and Sbar, 1974]. In most
studies of the state of stress in the lithosphere distant from
plate boundaries, thermal stress generated during plate cooling
has not been explicitly included in global stress models [e.g.,
Richardson et al., 1979; Fleitout and Froidevaux, 1983], in
large part because of the expectation that thermal stress would
tend to be relieved at young lithosphere ages and, once
relieved, would not be renewed [e.g., Solomon et al., 1975].
Recent determinations of the mechanisms and focal depths of
earthquakes in young oceanic lithosphere [Bergman et al., 1984;
Wiens and Stein, 1984; Bergman and Solomon, 1984] have led us
to reexamine the role of thermal stress. Specifically, the
distribution of source mechanisms with depth and with distance
from the ridge axis in oceanic lithosphere 2 to 35 m.y. old
appears to be generally consistent with the hypothesis that
many of these earthquakes represent the response of the brittle
portion of the lithosphere to accumulated thermal stress
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[Bergman and Solomon, 1984]. In this chapter, we present
several simple models for the state of thermoelastic stress in
young oceanic lithosphere, and we compare the predictions of
these models with the characteristics of near-ridge
earthquakes.
CHARACTERISTICS OF NEAR-RIDGE EARTHQUAKES
The principal source of data on the state of stress in
young oceanic lithosphere consists of the source mechanisms and
focal depths of near-ridge earthquakes. Detailed and
comprehensive studies of the source mechanisms of such
earthquakes have recently been completed by Bergman and Solomon
[1984] and by Wiens and Stein [1984]. The data of Bergman and
Solomon [1984], obtained from an inversion of long-period P and
SH wave forms for 32 events from 1962-81 in oceanic lithosphere
2.5 to 35 m.y. old, are summarized in Figure 1. Individual
data points are accurate to about + 2 km in centroid depth and
generally + 2 m.y. in age; for a few events located near
fracture zones or in poorly surveyed regions, the uncertainty
in lithosphere age is greater [Bergman and Solomon, 1984].
On the basis of the results shown in Figure 1, several
generalizations may be made. Most near-ridge events, and
virtually all of the earthquakes with seismic moments greater
than 1025 dyne-cm, occur in lithosphere less than 15 m.y. old.
The majority of near-ridge events are located at mantle depths
(greater than 6 to 7 km bel6w the seafloor). While all styles
of faulting are observed, there appears to be an approximate
stratification to fault type. Thrust faulting is confined to
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the uppermost 10 km; compressional axes both nearly parallel to
and oblique to the local spreading direction are seen. Most of
the strike-slip mechanisms occur at intermediate depths within
the seismically active portion of young oceanic lithosphere.
The deepest earthquakes at any age display predominantly normal
faulting mechanisms; tensional axes are either oblique or
perpendicular to the direction of spreading. The centroid
depths of the normal faulting events appear to be bounded by
the depth to an isotherm of about 800*C. A large fraction of
near-ridge eart
of events with
central Indian
the Indian Ocea
attributable in
associated with
and Asia [Stein
et al.,, 1984].
type and centro
the Atlantic and
explanation shoul
Figure 1 that is
region.
hquakes during the last 2
normal faulting mechanism
Ocean. A high level of i
n in both old and young 1
part to enhanced levels
effect of the ongoing co
and Okal, 1978; Weissel
Generally similar distri
id depth with age in the
Pacific oceans,
d be sought for
not peculiar to
20 years, particularly
Is, has occurred in the
ntraplate seismicity in
ithosphere may be
of lithospheric stress
llision between India
et al., 1980; Bergman
butions of mechanism
smaller data sets from
however, suggest that an
the patterns displayed in
any particular oceanic
SOURCES OF STRESS IN OCEANIC LITHOSPHERE
The tectonics of oceanic lithosphere are not the product
of any single source of stress. Contributions to the total
state of stress arise from such sources as shear tractions at
the base of the lithosphere [e.g., Richter and Parsons, 1975;
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Hager and O'Connell, 1979], latitudinal components of plate
motions [Turcotte and Oxburgh, 1973], crustal thickness and
lithospheric density variations [Artyushkov, 1973], lithospheric
loading and unloading [Walcott, 1970; Watts and Cochran, 1974],
and some combination of pull [McKenzie, 1969; Turcotte and
Schubert, 1971] and resistance [Smith and Toksoz, 1972; Forsyth
and Uyeda, 1975] at subduction zones and transform faults. Many
of these processes are local in their effects and thus would not
be expected to contribute to faulting in any regular pattern
consistent from ocean to ocean.
Perhaps the most pervasive sources of stress in young
oceanic lithosphere are those related to plate cooling. These
include both thermal stress ETurcotte and Oxburgh, 1973;
Turcotte, 1974] and the compression, or "ridge push," that
results from the elevation of mid-ocean ridges and the lateral
heterogeneity of lithospheric density [e.g., Hales, 1969;
McKenzie, 1972; Dahlen, 1981]. Because the effects of these
processes depend predominantly on the thermal structure and
material properties of the plate, ridge push and thermoelastic
stress should depend on age and on depth but should be more or
less consistent from ocean to ocean.
The stress field resulting from the elevation of a
mid-ocean ridge relative to adjacent cooler and denser
lithosphere has been evaluated by Dahlen [1981] under the
assumption that deviatoric stress in the lithosphere is the
minimum necessary to support the lateral variations in density
and bathymetry produced by cooling. For a two-dimensional model
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of cooling lithosphere, the principal deviatoric stresses are
compressional in the direction of spreading, extensional and
equal in magnitude in the vertical direction, and zero parallel
to the ridge. At any given age, the deviatoric stresses are
maximum at the seafloor and decrease with depth. The surface
deviatoric stress reaches about 200 bars at an age of 30 m.y.
In contrast to thermal stress, the stress associated with ridge
push is "renewable" [Bott and Kusznir, 1984]; i.e., it is not
significantly relieved by brittle failure. We consider below
the relative importance of thermal stress and ridge push in the
near ridge environment.
PREVIOUS MODELS OF THERMAL STRESS
As young oceanic lithosphere spreads from the ridge, it
cools non-uniformly and, as a result, is subjected to thermal
stress. Previously published models of thermal stress either
have been qualitative in nature [Collete, 1974; Sykes and Sbar,
1973; Epp and Suyenaga, 1978] or have been taken from simple
analytic solutions based on restrictive assumptions [Turcotte
and Oxburgh, 1973; Turcotte, 1974]. The most developed such
model is that of Turcotte [1974]. In that model, the ridge is
assumed to be two-dimensional and to have a prescribed zero-age
temperature profile. The normal component of stress in the
direction parallel to the ridge (ayy) is taken to be the only
non-zero principal stress. Thermal stress at each point is
assumed to be the result only of local thermal contraction due
to cooling below an elastic "blocking temperature" [see also
Turcotte, 1983]. The local stress in this model thus does not
depend on the state of stress in surrounding material.
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Turcotte [1974] considered the possibility that the
product of Young's modulus and thermal expansion coefficient
differ between crust and mantle. If so, a discontinuity is
introduced at the Moho. As a result, the lithosphere acts as a
bimetallic strip. In the absence of bending, the accumulated
thermal stress ayy is everywhere extensional and can exceed
1 kbar at 2 m.y. age and 3 kbar at 20 m.y. As thermal stresses
are relieved by fracture, the integral of Oyy over depth will
tend to zero, according to Turcotte [1974], placing the upper
part of the elastic plate under horizontal compression and a
lower part under horizontal extension (both in the y
direction). The depth of the transition from compression to
extension depends on the assumed temperature profile at the
ridge and the adopted physical constants for crust and mantle
material.
The simple thermal stress model of Turcotte [1974] is in
reasonable qualitative agreement with the earthquake data of
Figure 1, including the depth dependence of thrust and normal
faulting mechanisms and the tendency of the P and T axes,
respectively, for these earthquakes to be oblique or
perpendicular to the spreading direction. Several of the
assumptions made by Turcotte [1974], however, are not likely to
be valid. The component of thermal stress in the direction of
spreading cannot be neglected, except perhaps very near the
ridge axis. To the extent that the upper lithosphere behaves
elastically, the stress at each point must also depend on the
deformation and state of stress in surrounding material.
Further, the relatively high level of seismicity in young
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oceanic lithosphere suggests that thermal stresses are not
accumulated indefinitely but may rather be at least partly
relieved by recurring earthquake activity. For these reasons,
a more complete treatment of thermal stress in young oceanic
lithosphere is desirable.
CALCULATION OF THERMAL STRESS
In this section, we describe a new approach to the
estimation of thermal stress in oceanic lithosphere. The stress
models are based on the elastic response to heterogeneous
cooling of oceanic lithosphere. The basic model is that of a
cooling elastic halfspace, though we also consider a simple
modification to the assumed temperature field to account
approximately for the effects of hydrothermal circulation.
Various assumptions are made regarding an effective elastic
"blocking temperature" [Turcotte, 1974, 1983] and the time scale
for relief of thermal stress by fracture. A number of different
thermal stress models resulting from these parameter variations
are considered. For each model we compare the predicted state
of stress with that indicated by the mechanisms and locations of
earthquakes depicted in Figure 1. On the basis of these
comparisons, we assess the contribution of thermoelastic stress
to the tectonics in young oceanic lithosphere.
Temperature Structure
For most of the thermal stress models, the adopted
temperature structure is that of a simple cooling halfspace
[e.g., Turcotte and Oxburgh, 1967]:
T(x,z) = TL erf [1 (k~xT)1/ 2] (1)
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where erf is the error function, TL is the temperature at the
ridge axis and at large depth z, and k is the thermal
diffusivity. The coordinate system is illustrated in Figure 2.
The lithosphere is taken to spread in the ±x direction outward
from the ridge at x=O at the half rate v. Depth is relative to
the seafloor, at which the temperature is a constant OC. The y
direction is parallel to the ridge crest. Values for all
adopted physical parameters are given in Table 1. Selected
isotherms given by (1) are shown in Figure 1; this simple
thermal structure has been shown to be consistent with seafloor
bathymetry and heat flow for lithosphere up to 80 m.y. in age
[Davis and Lister, 1974; Parsons and Sclater, 19772.
A complication of the simple cooling model represented by
(1) and one that may significantly affect the resulting thermal
stress field arises from hydrothermal circulation in the
uppermost lithosphere. Hydrothermal circulation acts to cool a
substantial fraction of the crust at or near the ridge axis
[Lister, 1972, 19773, so that the zero-age temperature
appropriate to the calculation of thermal stress is
significantly cooler than (1) to some uncertain (and perhaps
variable) depth. Limited data from the depths of ridge crest
microearthquakes [Lilwall et al., 1978; Toomey et al., 19843 and
from oxygen isotope measurements in ophiolite samples [Gregory
and Taylor, 19813 suggest that hydrothermal circulation extends
at least to the Moho for some ridge systems. Heat flow data
indicate that hydrothermal circulation continues to maintain a
low conductive gradient at the top of the lithosphere to ages as
great as 80 m.y. [Anderson et al., 19773. To approximate the
effects of ridge-axis cooling by hydrothermal circulation, we
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also consider as a simple alternative to the thermal structure
given by equation (1) the following model: T = O0C for z < h,
and T is given by (1) with z-h substituted for z in the
argument of the error function for z > h. We have examined
models in which h = 5 and h = 10 km. A similar thermal model
has been employed by Lewis [1983J in his calculation of gravity
anomalies over ridge structures.
Thermoelastic Displacement Potentials
To estimate thermal stress, we employ the method of
thermoelastic displacement potentials developed originally by
Goodier [1937j. The response of an infinite, elastic solid to a
non-uniform temperature change AT(x,y,z) can be represented by
a distribution of centers of contraction (or dilatation) of
magnitude:
a AT (l+v) (2)12% (1-v)
where a is the volumetric coefficient of thermal expansion and
v is Poisson's ratio (Table 1). The solution to the thermal
stress problem in a semi-infinite solid requires that the
surface be free of tractions. To satisfy these boundary
conditions, a center of contraction, a double force, and a
doublet, each appropriately weighted, are applied at the image
point (x,y,-z) corresponding to every center of contraction
(x,y,z) within the half-space [Mindlin and Cheng, 19503. The
displacement field u is given by
u = -v - V 2 (3)
1 22 2
where the thermoelastic displacement potentials:
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fff= R dx' dy' dz'V' 1
e (4)
2 = I dx' dy' dz'
are integrals of e over volume V in the half-space, weighted by
the inverse of the distance scalars
R ' = [(x-x') 2 + (y.y')2 + (Z-Z')211/2
1
R ' = [(x-x') 2 + (y-y,)2 + (Z+Z') 2]1/2
2
The vector operator applied to *2 is
22
V2f 2  = (3-4v)Vý 2 + 2V (z a - 4(1-v)V2(z 2)ek
where V2 is the scalar Laplacian and ek is the unit vector in
the z direction.
It may be seen from equation (3) that, given a temperature
distribution for which the potential is known, the displacement
field can be readily calculated by differentiation. To model
the elastic response of cooling lithosphere, we divide the
half-space into rectangular boxes (Figure 2) within which the
temperature change AT is assumed to be constant and for which
the potential may be determined. The total displacement field
can then be computed by summing the displacements due to the
temperature changes in individual boxes. While the
thermoelastic displacement potential for a uniformly cooled box
is known [MacMillan, 19303, the solution involves 36 terms
containing various trigonometric and logarithmic functions. To
reduce computation time, we approximate the potential of a
168
uniformly cooled box by that of a line source [MacMillan, 1930].
The potential at (x,y,z) due to a line source of strength 4ace
located at (x',y',z') is given by
S= 4 a c In [S-(-b (5)
where
S = [(x-x') 2 + (y-b)2 + (z-z') 2 ]1 / 2
(6)
S2  = [(x-x') 2 + (y+b)2 + (Z.Z')2] 1 / 2
and where a, b, and c are the half-widths of the box represented
by the line source in the x, y, and z directions, respectively
(Figure 2). The corresponding expression for *2 differs only by
the substitution of (z+z') for (z-z') in (6).
We have tested the accuracy of this approximation by
comparing the displacement field produced by a cooling sphere
embedded in a half-space [Mindlin and Cheng, 19503 with that
predicted by the cooling of an embedded cube of equal volume
assembled by the superposition of line sources (equation 5)
representing boxes of various cross-sectional shapes. This
procedure was repeated using different volumes and burial depths.
The line-source approximation to the potential of a box was found
to be best when the represented box has a nearly square
cross-section with sides that are small relative to the distance
(R1) between the observation point and the box. Following these
criteria, the calculated displacements (radial and vertical)
induced by the cooling of an embedded cube of half-length L
differ from those due to the cooling of an embedded sphere of
volume 8L3 by about 1% at a distance of 0.1L from the center of
either figure, 5% at a distance of 0,6L, 5% at a distance of 2L,
and less than 1% at a distance of 2.5L. On the basis of this
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either figure, 5% at a distance of 0.6L, 5% at a distance of 2L,
and less than 1% at a distance of 2.5L. On the basis of this
test, we believe that the approximation to equation (4) is
generally accurate to within a few percent for arbitrary
two-dimensional temperature fields.
Thermal Stress
The thermal stress resulting from differential cooling is
calculated from the displacement field (equation 3) using
standard formulae [e.g., Timoshenko and Goodier, 1970, p. 456].
The normal strains and stresses are of the form:
8ub= , etc.
gxx = - (+)ET2 L[(1-v)Cxx + v(cyy + eLz)xx = "(1 v)(1- v)
- (1+v) AT(x,y,z)] , etc. (7)
where u = (u,v,w), E is Young's modulus (Table 1), and
compressional stresses are positive. By restricting our
consideration to the plane y=O (Figure 2), axy and ayz vanish
and ayy is a principal stress. The shear strain and stress in
the x-z plane are given by
1 Su +w
(8)
E
axZ = " I+V "
Differentiation of the smooth displacement functions is
accomplishied numerically using the centered difference method.
From (7) and (8), the magnitudes and directions of principal
stresses may readily be calculated [e.g., Fung, 1977, pp.
91-108J and the principal deviatoric stresses al (greatest
compressive stress), a2' and a3 (greatest extensional stress)
derived. The style of faulting expected in any location in the
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thermal stress model follows from the stress deviators
[Anderson, 1951). Throughout the discussion below, all
principal stresses are deviatoric stresses unless otherwise
stated.
In order to compare the predicted thermal stress field
with the near-ridge earthquake data of Figure 1, we make the
assumption that thermal stress is generally relieved on time
scales short compared to the age of the lithosphere. This
relief of stress presumably occurs by brittle failure in the
upper part of the lithosphere and by ductile flow in the lower
part; the earthquakes depicted in Figure 1 are a primary
manifestation of the brittle component of this stress relief
process. In the terminology of Bott and Kusznir [1984],
thermal stress is non-renewable: once such stress is relieved,
only the subsequently accumulated stress contributes to the
future stress state. Relief of stress in the oceanic
lithosphere undoubtedly occurs by several processes that
operate on a variety of time scales. For simplicity, however,
we parameterize this process by a single characteristic time
At, independent of depth or lithosphere age, for relief of
thermal stress. In this time interval, the temperature of a
parcel of lithosphere (i.e., in a Lagrangian frame) changes by
the amount
AT(x,z,At) = T(x,z) - T(x-v At, z) (9)
where T(x,z) is taken from one of the thermal models described
earlier. Equation (9) is independent of y, symmetric about x,
and tends to zero with increasing x and z. The magnitude of AT
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is approximately linear with At for locations distant from the
ridge axis. Values of AT for the halfspace cooling model are
given in Figure 3a for At = 4 m.y.
We calculate the thermal stress accumulated during the time
interval At by substituting relation (9) into equations
and (5-8). With this approach, At may be regarded as a
parameterized recurrence time for total relief of stress. In
lithosphere younger than At, (9) is modified so that stress
accumulation occurs over a time equal to the lithosphere age.
The thermal stress field computed from equations (2-3) and
(5-9) will be valid only if the rocks subjected to the
temperature change AT behave elastically over the entire
temperature range. It is more likely, however, that at high
temperatures stress will be rapidly relieved by ductile flow and
thus will not be transmitted to surrounding regions. While we
cannot account for this flow explicitly in the elastic model
employed in this chapter, we can simulate its effect by
postulating that material does not contribute to stress until it
cools below an elastic blocking temperature Te [Turcotte, 1974,
1983]. By this postulate, the magnitudes of T(x,z) and
T(x-vAt,z) in equation (9) are restricted not to exceed Te, and
the deepest non-zero contour of AT will follow closely the T=Te
isotherm. We take Te to be the isotherm approximately marking
the base of the mechanically strong lithosphere. For an assumed
stress difference of 500 bars, McNutt and Menard [1982]
concluded that Te = 550UC if laboratory deformation measurements
to geological strain rates. Contours of AT
(2-3)
can be extrapolated
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for At = 4 m.y. and Te = 550 0 C are shown in Figure 3b. The
limitations of including a blocking temperature as a means of
accounting for high-temperature anelastic behavior are discussed
further below.
Assessment of Procedure
The procedures described above for the estimation of
thermal stress involve several oversimplifications to the
actual behavior of cooling oceanic lithosphere. A significant
limitation of the model is the assumption that the oceanic
lithosphere can be represented as-a uniform elastic half-space.
Because of the consequent continuity of displacements and
stresses across the ridge axis, strains produced on one side of
the ridge axis affect the stress field in the adjacent plate.
A stress-free boundary or wedge along the ridge axis would be
preferable, but cannot be readily accommodated within the
scheme adopted here.
Two potentially important contributors to the lithospheric
stress field which we have not included are variations in
physical properties (e.g., between crust and mantle) and plate
bending. As shown by Turcotte [1974], these effects can modify
the thermal stress field in oceanic plates. Similarly,
temperature- and depth-dependent rheology cannot be represented
in a simple model such as that presented here, but the use of an
elastic blocking temperature at least provides a rough
approximation to the effects of stress relaxation by ductile
flow. The time interval over which stress accumulates before
failure is not likely to be uniform throughout the oceanic
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lithosphere as is assumed in our model. Rather, the
characteristic time for relief of stress must be a function of
depth and age because of the dependence of mechanism and rate of
deformation on temperature, effective pressure, strain rate, and
state of stress [Brace and Kohlstedt, 1980]. Stress may
accumulate over relatively long time intervals without failure
in lithospheric regions where rates of cooling and strain are
small and temperatures are low. The characteristic time for
stress release may be considerably less near the ridge crest,
where both temperatures and strain rates are relatively high and
where at least the upper crust is likely to be cracked and
porous and therefore weak [e.g., Lister, 1977; Goetze and Evans,
1979]. We return to this point below in the discussion of
individual models.
The thermal stress models in this chapter do not include
the effects of offsets of or modifications to the thermal
structure at transform faults or fracture zones. Although such
effects might be incorporated into the procedures used here by
superposing cooling blocks in three dimensions to approximate
actual distributions of seafloor ages, we do not consider such
complications in this chapter. The models below are therefore
appropriate only to regions far from fracture zones and
transforms where temperature gradients in the y direction are
negligible. A further concern is the possibility that transform
faults and fracture zones are regions where the mechanical
strength is low and the assumption of elasticity is invalid.
While this possibility is likely for transforms, profiles of
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bathymetry and gravity across inactive fracture zones indicate
that the elastic lithosphere is essentially continuous across
such features [Sandwell and Schubert, 19823.
The procedure for calculation of thermal stress adopted in
this chapter has several advantages over earlier, simpler
models. Whereas the models of Turcotte and Oxburgh [1973] and
Turcotte (1974J consider the thermal stress due only to
contraction at each point in isolation, the stress field
determined here includes the contributions to stress from
deformation in the surrounding medium. Furthermore, the method
of thermoelastic displacement potentials enables us to consider
the complete stress tensor without the need to make a priori
assumptions about the magnitude of any particular stress
component. Finally, it is straightforward to include a
characteristic time for release of thermal stress. Through this
characteristic time parameter we can also scale the predicted
magnitude of thermal stress to other potential time-independent
stress fields such as that arising from ridge push.
THERMAL STRESS MODELS
We now consider a suite of models for thermal stress that
incorporate the various assumptions and parameterizations
discussed above. As an instructive precursor to full stress
models of oceanic lithosphere, we first briefly consider the
thermoelastic stress resulting from the cooling of a simple
elongated box within an otherwise uniform halfspace (Figure 4).
The stress field can be regarded as an approximate Green's
function, which when convolved with a distribution of
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temperature changes such as those given by equation (9) will
yield the full thermal stress field in the oceanic lithosphere
problem. The magnitude of the thermal stress field scales with
the initial temperature of the box (100C). The box, 6 by 6 km
in the x and z directions, is approximated by 9 line sources of
half-length b = 10,000 km spaced 2 km apart in x and z. Within
the cooling box, all principal values of the full stress tensor
are extensional. Strain in the y direction is negligible within
the box because the problem is nearly two-dimensional; as a
result, 03 is in the y direction. Above and below the box are
regions of horizontal compression; zones of horizontal extension
are present on either side. In general, the 03 directions
outside the cooling box tend to be oriented toward the box
center.
Models for the thermal stress field in oceanic lithosphere
can be thought of as a superposition of stress fields of the
sort depicted in Figure 4, each weighted by the appropriate
change in temperature. We consider a suite of models that
variously incorporate the assumptions and parameters discussed
earlier (Table 2), including half-space cooling, a cold layer
over a cooling halfspace to simulate the effects of hydrothermal
circulation, the incorporation of an elastic blocking
temperature, a variable characteristic time for release of
stress, and the superposition of ridge push. In all of the
models below, the temperature and stress models are essentially
two dimensional (b = 10,000 km). Thus £yy is small, and the
models should be regarded as appropriate only to regions of
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oceanic lithosphere at some distance from transform faults and
fracture zones.
Half-Space Cooling
We first explore the thermal stress resulting from simple
half-space cooling (model A). No elastic blocking temperature
(i.e., Te = TL) and no hydrothermally-cooled layer (i.e., h = 0)
are included. The deviatoric stress field for At = 4 m.y. is
shown in Figure 5. The principal values of the full stress
tensor are everywhere extensional, and the two nearly horizontal
principal stresses are similar in magnitude and larger by one to
two orders of magnitude than the nearly vertical principal
stress. This stress state can be understood by considering a
distribution of simple cooling boxes of the type depicted in
Figure 4, weighted according the distribution of incremental
temperature given in Figure 3a. The state of generally
horizontal deviatoric extension (Figure 5) is partly a
consequence of the large temperature changes occurring near the
ridge, which in the elastic solution act to pull material at
greater ages toward the axis. This effect is magnified in the
half-space model, because the continuity of normal stress across
the ridge axis allows contraction on one side of the ridge to
produce strains, the strongest of which is exx, in material on
the opposite side. These two effects are larger than the
horizontal deviatoric compression predicted above any single
cooling element (see Figure 4).
In Figure 5, normal faulting is predicted for all regions
of the crust shown. Of course, ductile flow rather than brittle
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failure is likely to be the dominant mechanism of strain release
in those portions of the lithosphere at temperatures greater
than 600-8000 C, i.e., the lower left corner of the figure (see
Figure 1). Because a2 and a3 are both extensional and are
similar in magnitude (within 50%) throughout much of the
lithosphere in model A, the predicted T-axes of normal faulting
earthquakes produced by this stress field could vary in
orientation from directions parallel to directions perpendicular
to the spreading direction, with the result probably dependent
on disturbances from local sources of stress. The maximum
differential stress Aa at each lithospheric age occurs at the
depth where the temperature change AT is greatest. The
magnitude of differential stress depends on the assumed
characteristic time for release of stress. For At = 4 m,y.
(Figure 5), Aa exceeds 5 kbar in 8-m.y.-old lithosphere and
exceeds 1 kbar at 30 m.y. Very near the ridge axis, the
rapidly-changing temperature field predicts differential
stresses in excess of 10 kbar for this model. It is likely,
however, that accumulated stress will be released on a time
scale much shorter than 4 m.y. in this part of the lithosphere,
so such large stresses need never be sustained.
Model A thus matches the observed normal faulting
mechanisms and the variable orientation of the T axes relative
to the spreading direction for the deeper near-ridge earthquakes
depicted in Figure 1. Further, any model with a constant At
will account approximately f'or the decrease in the release of
seismic moment with increasing lithosphere age because Aa also
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decreases with age. (Equivalently, and more physically
reasonable, would be a model in which Ao at failure depends on z
but not on age; model A could then be interpreted as having At
increase with age, in agreement with the observed distribution
of near-ridge earthquakes.) However, model A fails to predict
horizontal deviatoric compression and thus does not agree with
the observation of thrust and strike-slip earthquakes within the
uppermost 12 km of young oceanic lithosphere (Figure 1).
Effect of a Hydrothermally Cooled Layer
We next consider a thermal stress model (B) that differs
from model A by its approximate incorporation of the effect of
cooling a surficial layer by hydrothermal circulation. The
direction of principal stresses and magnitude of deviatoric
stress for model B are shown in Figure 6. The model
incorporates a cold layer 10 km thick and a characteristic time
At for stress release of 4 m.y. Because the geotherms are
depressed relative to simple half-space cooling, model B
predicts a near-ridge region where aI is nearly horizontal. The
effect is similar to that illustrated by the simple box model of
Figure 4 in which contraction within the box leads to horizontal
compression in the region above. A zone of predicted thrust
faulting in young shallow lithosphere extends to ages just
greater than At, or about 6 m.y. for model B. With increasing
lithosphere age, the direction of maximum extension rotates
increasingly toward the horizontal, a consequence of the large
temperature changes and associated thermal strains near the
ridge axis. For At = 4 m.y., Ao exceeds 5 kbar in 5-m.y.-old
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lithosphere and is greater than 1 kbar at depth in lithosphere
25 m.y. in age. The pattern of stresses below 10 km depth is
similar to that in model A shifted deeper by about 10 km.
In general, many of the characteristics of the stress field
inferred from earthquake focal mechanisms (Figure 1) are
reasonably well matched by model B. Within the region dominated
by normal faulting, the horizontal deviatoric stresses 02 and 03
are similar in magnitude (to within 50%), in agreement with the
variable orientation of T-axes observed for normal faulting
earthquakes. Thrust and strike slip failure is predicted out to
10 m.y. age and to depths where these earthquake styles are
observed in young lithosphere. Because the depth to which
hydrothermal circulation cools the lithosphere determines the
depth extent of horizontal deviatoric compression, a thinner
hydrothermally cooled layer would not fit the earthquake
observations as well as model B. The simplicity of the cooling
and stress models, however, should discourage drawing
significant conclusions on the depth extent of hydrothermal
circulation from these results. A problem with model B is that
the magnitude of Ao is small and only normal faulting is
predicted in the upper 10-20 km of lithosphere at ages
substantially greater than At. In particular, the thrust and
strike slip earthquakes observed between 8 and 20 m.y. age
(Figure 1) are not matched by model B. Also, even in the region
of thrust faulting, model B predicts that the P-axes should be
in the direction of spreading. The few thrust earthquakes to
date observed in very young lithosphere do not show a consistent
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alignment of the P axis and the spreading direction [Bergman and
Solomon, 1984; Wiens and Stein, 1984], but the statistical
sampling is too small to be confident of this result.
Effect of an Elastic Blocking Temperature
As discussed earlier, lithospheric material at temperatures
above some "blocking" temperature Te may not contribute
significantly to the thermal stress field [Turcotte, 1974,
1983]. We therefore consider next a model (C) for thermal
stress in oceanic lithosphere that is similar to model A except
that an elastic blocking temperature Te of 550 0C is assumed.
The directions of principal stresses and magnitude of
differential stress for model C are shown in Figure 7.
Differences between models A and C can be attributed
entirely to differences in AT (compare Figures 3a and 3b). In
general, the differential stress in model C is small in
magnitude at depths below the 550*C isotherm. (That the thermal
stress is non-zero below this depth is a result of the elastic
half-space solution.) This pattern is in qualitative agreement
with the distribution with depth and age of near-ridge
earthquakes (Figure 1), though the precise isotherm
corresponding to the greatest depth of earthquake activity
depends strongly on the cooling model. For simple halfspace
cooling, this isotherm is between 7000 and 800 0 C [Chen and
Molnar, 1983; Weins and Stein, 1983, 1984; Bergman and Solomon,
1984]. In contrast to model C, model A predicts differential
stresses in excess of several kilobars in deep regions of young
lithosphere where earthquakes are not observed.
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In model C, the magnitudes of 02 and 03 are more nearly
equal (within 20%) than in models A and B. The predicted T-axis
of a normal faulting earthquake (at a depth above the 550 0C
isotherm) could lie at any azimuth between the x and y axes, in
agreement with observations. As with Model A, however, no
thrust or strike-slip failure is predicted in the upper part at
the lithosphere.
We consider simultaneously the effects of a hydrothermally
cooled layer and an elastic blocking temperature in Model D
(Figure 8). Model D predicts a stress field not unlike that of
Model B (Figure 6), except that the magnitude of Ao is
everywhere less and stresses decrease rapidly at depths
corresponding to temperatures greater than Te. Because of the
simple approximation used here to simulate the effects of
hydrothermal circulation, isotherms are deeper by h at all ages
relative to those shown in Figures 1 and 3b. It is interesting
to note that the resulting location of the Te = 550 0C isotherm
corresponds to the locus of the deepest observed near-ridge
earthquakes (Figure 1) when h = 5 to 10 km. Within the normal
faulting regime of model D, the magnitudes of 02 and 03 agree to
within 20%, a match to the observed pattern of normal faulting.
The region of predicted thrust failure extends to almost 9 m.y.
age, though the magnitude of Ao drops rapidly at ages greater
than At (4 m.y.). Again, the predicted direction of thrusting
in the model is the x direction. A region of strike-slip
failure is predicted at the base of the hydrothermal region.
This may be compared with a concentration of strike-slip
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earthquakes observed in lithosphere between 8 and 21 m.y. old
and 5 and 12 km depth (Figure 1). The value of Aa, however, is
less than 100 bars over much of the strike-slip region in
model D.
Increasing the Characteristic Time for Stress Release
Model E is identical to model D except that the
characteristic time At for stress release is 10 m.y. rather than
4 m.y. The stress field and predicted faulting patterns for
model E are shown in Figure 9. The predicted stress magnitudes
increase with increasing At, while the sense of faulting is
generally independent of At at ages greater than this quantity.
The greater period of stress accumulation before release,
however, leads to a field of thrust and strike-slip faulting
that extends to greater age than in model D. Thrust faulting is
predicted to about 14 m.y. age, and Aa remains greater than 500
bars until about 12 m.y. Most of the zone of strike-slip
failure is, as in model D, characterized by small magnitudes of
predicted differential stress. Normal faulting with a variable
T-axis direction is predicted below 10 km depth. With At = 10
m.y., in excess of 2.5 kbar of differential stress is permitted
to accumulate within the normal faulting field in lithosphere 25
m.y. old. In general, the orientations of principal stresses in
model E are in approximate agreement with those inferred from
the mechanisms of near-ridge earthquakes (Figure 1). Because of
the large and uniform value of At, however, the observed
age-dependence of moment release for young oceanic lithosphere
is not as well matched by this model as by earlier ones.
183
Contribution of Ridge Push
As discussed above, thermoelastic stress is not the sole
contributor to the state of stress in young oceanic lithosphere.
In particular, ridge-push forces resulting from the elevation of
ridge crests and the associated horizontal density variations in
oceanic lithosphere represent a persistent source of stress that
may play an important contributing role in the distribution of
seismicity and earthquake focal mechanisms. The horizontal
deviatoric compression and vertical deviatoric extension
generated by ridge push should enhance, to some degree, the
likelihood of thrust failure in the upper 10-15 km of oceanic
lithosphere.
Dahlen [1981] derived an expression for the state of stress
resulting from ridge-push forces under the assumptions that axx
and azz are the only non-zero terms in the deviatoric stress
tensor, that the lithosphere is in a state of isostatic
equilibrium, and that deviatoric stresses within the lithosphere
have relaxed to the minimum necessary to support the lateral
variations in bathymetry and density. The stress field
contributed by ridge-push is then
oxx = - ozz = g a TL Pm ( kLv )1/2 ierfc [ v k / lxl2) ] (10)
where g is gravitational acceleration, pm is the density of
uncooled lithosphere (i.e., at T = TL), and the function ierfc
is the first integral of the complementary error function
[Gautschi, 19641.
Contours of equal Aa = oxx - azz predicted from equation
(10) are plotted in Figure 10. Adopted values of the necessary
184
physical parameters are given in Table 1. Compression in the
direction of spreading increases with age and decreases with
depth. The magnitude of differential stress in the crust
accumulates to over 200 bars by 10 m.y. age and over 400 bars by
30 m.y. In the regions of young lithosphere where thrust and
strike-slip events dominate failure (5-12 km depth, 3-15 m.y.
age), Aa ranges from 100 to 250 bars.
If ridge-push forces strongly influenced seismic failure in
young oceanic lithosphere, one would expect an increase in the
predominance of thrust faulting with increasing plate age and a
tendency for the P-axes of earthquake mechanisms to be parallel
to the spreading direction. Because the mechanisms of
near-ridge earthquakes display quite different characteristics,
Bergman and Solomon [1984] concluded that the stress differences
typical of oceanic lithosphere less than 35 m.y. in age probably
exceed the stress differences produced by ridge push alone. By
this reasoning, in stress models that combine thermal stress and
ridge push, we should seek thermal stress contributions having
bA in excess of 200 to 400 bars for lithosphere ages between 15
and 35 m.y. In the context of the models of this chapter, the
scaling of thermal stress to any renewable source of stress is
through the characteristic time At for stress release. This
condition on Aa is satisfied by values for At in the vicinity of
several million years.
A stress model (F) consisting of the superposition of the
ridge push stress field of Figure 10 with the thermal stress
field of model D (Figure 8) is depicted in Figure 11. The most
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significant changes in this model compared to model D are the
expansion of the shallow thrust faulting field to encompass all
lithosphere ages and an increase in the magnitude of Aa in the
uppermost lithosphere. Within the region of predicted thrust
faulting, Aa decreases with increasing age for ages less than
about 10 m.y. and increases (more slowly) with age for ages
greater than 10 m.y. as ridge push begins to dominate thermal
stress in the uppermost lithosphere. The P-axes of thrust
faulting earthquakes predicted by the model are in the direction
of spreading, a result consistent with only a minority of the
observed thrust events. The thin zone of predicted strike-slip
faulting is somewhat deeper in model F than in model D; the zone
of predicted normal faulting is quite similar in the two
models.
DISCUSSION
While the comparison of stress predicted by these simple
models to the mechanisms and distribution of near-ridge
earthquakes supports the hypothesis that thermoelastic stress is
an important contributor to the earthquake-generating stress
field in young oceanic lithosphere, it is important to recall
the limitations of the modeling scheme adopted here and to
suggest alternative approaches that might be pursued in future
models. The elastic half-space assumption, for instance, is
probably not applicable near the ridge axis. Were the ridge
axis modeled as a free surface or as a wedge of ductile
material, vxx in the elastic part of very young lithosphere
should be less extensional than in the elastic half-space
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solution. This is because the ridge axis would not act to
restrict strain in the x direction and thermal contraction on
one side of the ridge would not be transmitted to the other
side. Whether thrust faulting in the uppermost lithosphere
would be predicted in such models without the presence of a
cooled surface layer remains to be demonstrated.
The half-space model for thermal stress is also
inappropriate near transform faults. If transforms act to
localize relief of stress, then ayy in the uppermost part of the
adjoining lithosphere may be less extensional than in the
halfspace solution. Incorporation of such effects might lead to
the prediction of thrust faults with P-axes more nearly
perpendicular to the speading direction, in contrast to the
restriction of predicted P axes in the thrust faulting domain to
the x-z plane in our models. A transform with significant
offset would also be the site of significant heat conduction in
the y direction. Three-dimensional models of temperature and
thermal stress are necessary to assess the significance of this
effect.
A major simplification imposed in all of the models
presented here is that the characteristic time for release of
accumulated thermal stress is a constant, independent of depth
and age. It is more likely, however, that stress release is
governed by criteria for failure and flow that vary with depth,
age, and mode of deformation [e.g., Goetze and Evans, 1979;
Brace and Kohlstedt, 1980]. It would be worthwhile in future
models of thermal stress in oceanic lithosphere to consider a
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stress release scheme based on strength envelopes and internally
consistent strain rates and differential stresses.
Also neglected in the simple models of this chapter are the
potentially important contributions of heterogeneous material
properties and thermally-induced bending. As may be seen from
equations (2-4) and (7), thermal stress is proportional to the
product of the coefficient of thermal expansion a and Young's
modulus E [Turcotte, 1974]. Though the variation of these
properties in oceanic lithosphere is not well known, available
data suggest that aE in the crust may be as little as half that
of the mantle [e.g., Clark, 1966]. The lithosphere would then
be analogous to a bimetallic strip [Turcotte, 1974] in which
thermal stress and strain are larger in the uppermost mantle
than in the crust. In Turcotte's [1974] models, in which ayy is
the only non-zero component of the stress tensor, brittle
failure of accumulated stress can induce a bending moment in the
plate which places the upper part of the lithosphere under
horizontal compression. Thus dissimilar crustal and upper
mantle properties may provide an alternative to a hydrothermally
cooled surface layer as an explanation of shallow thrust
faulting. These alternatives deserve further testing in
subsequent models of the thermal stress field in young oceanic
lithosphere.
CONCLUSIONS
We have presented a set of simple exploratory models to
test the hypothesis that thermoelastic stress is a significant
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component of the stress field in young oceanic lithosphere. The
models are based on the response of an elastic half-space to
cooling, including the effects in some models of a surficial
layer cooled rapidly at or very near the ridge axis by
penetrative hydrothermal circulation [Lister, 1977). The stress
models have been compared with several key characteristics of
near-ridge earthquakes [Bergman and Solomon, 1984], including a
concentration of moment release in lithosphere younger than 15
m.y. in age, a paucity of seismicity in the crust, and a rough
stratification of faulting type, with thrust and strike-slip
mechanisms generally confined to depths less than 12 km and
normal faulting dominating at greater depth.
The thermal stress models in best agreement with the
characteristics of near-ridge earthquakes include a
hydrothermally-cooled layer 5 to 10 km thick and a
characteristic time for release of stress that is generally less
than the age of the lithosphere. The effects of stress release
by fracture and flow are only crudely modeled through the
inclusion of two parameters, an elastic blocking temperature
above which material is presumed not to contribute to the
thermal field, and a characteristic time for stress release,
assumed to be constant for each model. The models of this
chapter support the hypothesis that thermoelastic stress is a
significant contributor to the state of strecs in young oceanic
lithosphere, but the details of the models depend in untested
ways on the many simplifying assumptions made. Further testing
of this hypothesis with more sophisticated models capable of
relaxing one or more of these assumptions is warranted.
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FIGURE CAPTIONS
Figure 1.
Figure 2.
Figure 3.
Figure 4.
Centroid depth and focal mechanism type versus
lithosphere age for 32 near-ridge earthquakes
[Bergman and Solomon, 19843. Depths are relative to
the seafloor. Earthquakes are further distinguished
on the basis of the ocean in which they occur (A =
Atlantic, I = Indian, P = Pacific). Mechanism
symbols are superposed for earthquakes showing a
mixture of faulting types. Also shown are selected
isotherms from the half-space cooling model of
equation (1).
Geometry of the thermoelastic stress problem for
cooling oceanic lithosphere; see text.
(a) Temperature change (-AT from equation 9) in a
cooling halfspace over a time increment At of 4 m.y.
(b) Same as (a) except that temperatures above an
elastic "blocking temperature" of 550*C do not
contribute to AT (see text).
Thermal stress in an elastic halfspace due to the
cooling of an elongated box 6 km by 6 km in cross
section. The box is centered at x=0O, at z = 9 km
and has x, y and z half-dimensions a=3, b=10,000,
and c=3 km, respectively. The initial temperature
within the box is 100C, while that of the rest of
the halfspace and of the surface is 0 C; the thermal
stress shown is at large t after all cooling is
complete. The orientations of the greatest (a1) and
196
Figur-e 5.
Figure 6.
Figure 7.
Figure 8.
least (03) compressive deviatoric stresses are
indicated by arrows. Also shown are contours, in
bars, of the differential stress Aa = 0l-03. Zones
of predicted thrust (TF) and normal faulting (NF)
are outlined by dashed lines.
Predicted thermal stress for model A, including only
simple half-space cooling. The model is symmetric
about x = 0. The orientations of greatest (a ) and
least (03) compressive stress are indicated; three
directions are shown when two of the principal
stresses are comparable in magnitude. Also shown
are contours of the differential stress Ao in kbar;
a characteristic time scale At of 4 m.y. for release
of accumulated thermal stress has been assumed.
Zones of predicted thrust (TF), strike-slip (SS),
and normal faulting (NF) are outlined by dashed
lines.
Predicted thermal stress for model B. The model
includes a 10 km thick cooled layer (T=O0C) to
simulate hydrothermal circulation. See Figure 5 for
further explanation.
Predicted thermal stress for model C. An elastic
blocking temperature Te = 550*C has been assumed
(see text). No hydrothermally cooled layer is
present. See Figure 5 for further explanation.
Predicted thermal stress for model D. The model
includes an elastic blocking temperature Te = 550 0C
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and a hydrothermally cooled layer 10 km in
thickness. See Figure 5 for further explanation.
Figure 9. Predicted thermal stress for model E. The model is
similar to D except that At = 10 m.y. See Figure 5
for further explanation.
Figure 10. Stress field predicted from the ridge-push model of
Dahlen [1981]. Contours represent lines of constant
stress difference Aa = axx - azze The principal
deviatoric stresses axx and azz in this model have
magnitudes equal to Aa/2 and are opposite in sign.
Figure 11. Predicted stress field for model F. The model is a
superposition of the thermal stress from model 0 and
the ridge-push stress field from Figure 10. See
Figures 5 and 10 for further explanation.
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Table 1. Adopted values of parameters
models [Parsons and Sclater,
used in thermal stress
1977].
Variable Description Value
thermal diffusivity
temperature at ridge crest
and beneath the
lithosphere
spreading half-rate
volumetric coefficient of
thermal expansion
Young's modulus
Poisson's ratio
gravitational acceleration
density of uncooled
lithosphere
8 x 10- 3 cm2 /s
13500C
cm/yr
2 x 10- 5 /OC
1.7 x 1012 dyne/cm2
0.25
980 cm/s 2
3.33 g/cm3
k
TL
v
a
E
Pm
P M
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Table 2. Models of thermal stress in young oceanic
lithosphere
Model Hydrothermal At, Te, Ridge Figure
Number Circulation? m.y. 0C Push? Number
A No 4 TL No 5
B Yes 4 TL No 6
C No 4 550 No 7
D Yes 4 550 No 8
E Yes 10 550 No 9
F Yes 4 550 Yes 11
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Chapter 5
THE DEEP STRUCTURE OF LUNAR BASINS:
IMPLICATIONS FOR BASIN FORMATION AND MODIFICATION
213
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The formation of multi-ring impact basins has played a
role in the geological evolution of the Moon. During the
billion years of lunar history, the impact of large
ctiles onto the lunar surface resulted in the excavation
cavities hundreds of kilometers in diameter [Wood and
1976] and the implantation of large quantities of heat
the lunar interior [O'Keefe and Ahrens, 1977]. Impact
s also became the focus for volcanic and tectonic activity
a considerable time period following the basin formation
s [e.g., Head, 1976; Solomon and Head, 1979; Solomon et
1982]. Important constraints on the processes of basin
formation and modificatio
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but such techniques are generally
limited in their ability to resolve the thickness
deposits. The depth of excavation of several basin-forming
events on the Moon has also been estimated from the chemistry
and mineralogy of ejecta deposits inferred from remote sensing
data [Spudis, 1982, 1983; Spudis et al., 1984], but such
estimates depend critically on the accurate identification of
of the
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primary ejecta and on assumptions about chemical layering of the
lunar crust. In this chapter, we apply gravity and topographic
data to infer the three-dimensional structure of the crust and
upper mantle beneath impact basins on the lunar nearside. With
the derived structural models, we constrain several of the
important geometrical and physical parameters related to the
processes of basin formation and modification and we assess
their variations with basin age and size.
Muller and Sjogren [1968] were the first to recognize that
the youngest nearside mare basins are characterized by positive
gravity anomalies, which they attributed to "mascons." Since
that discovery, a number of efforts have been made to model the
gravity anomalies over mascon basins with contributions to the
anomalous mass placed at the surface [Conel and Holston, 1968;
Baldwin, 1968; Booker et al., 1970], at the lunar Moho [e.g.,
Wise and Yates, 1970], or at both locations [e.g., Hulme, 1972;
Wood, 1972; Bowin et al., 1975; Sjogren and Smith, 1976]. At
least some portion of the anomalous mass contributing to mascon
anomalies resides near the surface [Phillips et al., 1972], but
models where mare basalt fill is the sole source of anomalous
mass require an unreasonable thickness of mare basalt to fit the
measured gravity field [Thurber and Solomon, 1978]. While both
mare fill and an elevated Moho likely contribute to the observed
gravity, the solution for the distribution of anomalous mass
between the two locations given only gravity and topographic
data requires additional assumptions.
Structural models consistent with gravity and topographic
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data have been constructed for a number of individual basins
[e.g., Bowin et al., 1975; Sjogren and Smith, 1976; Phillips and
Dvorak, 1981; Janle, 1981a,b]. Most of these models, however,
were developed under dissimilar sets of assumptions and
constraints, thus hindering a comparison of the inferred
structures beneath different basins. Also, the interpretation
of gravity data over a single basin requires that the
investigator make subjective judgements about regional trends in
the gravity data arising from structures outside the area of
interest or occurring over wavelengths greater than the scale of
the basin. In contrast, global models for lunar crustal
structure [Wood, 1973; Bills and Ferrari, 1977a; Thurber and
Solomon, 1978) calculated under uniform sets of constraints and
assumptions permit an internally consistent assessment of
structural variability on a regional scale. These global models
were developed to address crustal structure at scales greater
than the dimensions of most lunar basins, however, and with the
exception of the study of Thurber and Solomon [1978], none
considered mare basalt as a significant contributor to the
observed gravity field.
In this chapter we determine models for the crustal
structure in the vicinity of 9 impact basins on the lunar
nearside (Figure 1). The models are derived as part of a
simultaneous inversion of nearside gravity and topographic data,
using a procedure similar to that of Thurber and Solomon [1978].
The models include a low-density non-mare crustal layer and a
mare basalt layer, both of variable thickness. The contributions
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of Moho relief and mare basalt to the observed gravity anomalies
are separated with the assumptions that basin topography was
isostatically compensated prior to mare basalt fill and that
crustal subsidence in response to loading by mare basalts may be
neglected. These assumptions lead to minimum values for mare
basalt thicknesses [Thurber and Solomon, 1978) but, because of a
similarity in density of mare basalts and mantle material, the
thickness of the low-density non-mare crust may be reliably
estimated. An important constraint is that the thickness of the
non-mare crust in the vicinity of the Apollo 12 and 14 landing
sites is known from seismic refraction measurements [Toksoz et
al., 1974]. On the basis of the nearside crustal model, we
compare the structure beneath the largest lunar basins, we
derive new bounds on the volume of material ejected from each
basin, and we evaluate the implications of structural
differences among basins for the processes of basin formation
and modification as functions of time on the Moon.
PROCEDURE
To determine the crustal structure in the vicinity of lunar
basins, we perform a simultaneous inversion of gravity and
topography for the low-latitude portion of the lunar nearside,
following a procedure similar to that of Thurber and Solomon
[1978]. The Moon is divided into a grid of blocks, each 50 by
50 in horizontal extent (Figure 2). These block dimensions
represent the approximate limits of resolution of the available
gravity data, as discussed further below. The disturbing
gravitational potential at any point over the nearside can
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be approximated as the sum of the potentials due to the
distribution of anomalous mass wi'thin each block. In this
section we describe the adopted procedure for calculation of
gravity anomalies, as a forward problem, given a distribution of
topography or anomalous mass that is uniform within each block.
We then discuss the constraining assumptions we have chosen to
make the inverse problem well posed. Finally, we describe an
iterative, linearized inversion procedure to determine the
crustal structure within each block from gravity and topography,
subject to the adopted constraints.
Computation of Gravity Anomalies
In previous analyses of the gravity anomaly fields of
planets using spherical shell segments [Morrison, 1976; Thurber
and Solomon,
each segment
located at a
While this me
tional potent
actual potent
magnitude to
point.
1978], contributions
have been approximat
constant radius from
thod simplifies the
ial, it may provide
ial when the thickne
the distance between
to the anomalous mass within
ed by uniform surface masses
the center of the planet.
computation of the gravita-
a poor approximation to the
ss of the block is similar in
the block and the observation
As an improved approximation, we represent contributions to
the anomalous mass within a spherical shell
from a finite volume of thickness br and of
longitudinal extent be and be, respectively.
disturbing potential at a point r above the
a block of anomalous mass within a spherical
segment as arising
latitudinal and
In general, the
lunar surface due to
shell segment is
u(r) = fff
volume
of block
F de' dc' dr'
(r') 2 COS e'
F = G p(r') r - r ' I (2)
and G is the gravitational constant, p is the density (or
density contrast), e is the latitude, * is the longitude, and
primed variables denote coordinates of anomalous mass within the
block. All radius vectors are with respect to the lunar center
of mass. If F is expanded to second order in a Taylor series
about the center of the block, equation (1) simplifies to
u(r) = b be b br [F + 4 (Fee b62 + F€€ b¢2 + Frr br 2 )] (3)
where the double subscripts designate second derivatives of F
with respect to the primed coordinates evaluated at the center
of each block.
The gravitational potential due to the anomalous mass
within all M blocks in the grid is obtained by summation:
u(r) = C uj(r)=
j=1
(4)
and the free-air gravity
simple finite-difference
anomaly field g(r) is obtained by the
relation:
U(r + Ar r/r) - U(r)
g(r) = Ar
Equation (3) is used
beneath and near the
to compute the contributions from blocks
observation point. For a block more than
where
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(1)
w w
(5)
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900 km distant from the observation point, the distribution of
anomalous mass in the right-hand side of (1) for that block is
represented by 4 point masses; for a block more than 1200 km
distant, a single point mass is used. These simple approxima-
tions provide accuracy comparable to that of equation (3) with
a considerable savings of computation time.
Constraints and Assumptions
Following Thurber and Solomon (1978] we assume that Airy
compensation dominates on the Moon and that there are three
principal contributions from each block to the anomalous
gravity field (Figure 2): (1) surface topography, measured
relative to a datum DT and contributing to gravity in proportion
to the density pc of the upper crust; (2) Moho relief, measured
relative to a datum DM and contributing to gravity in proportion
to the density contrast Apm = Pm'Pc between the densities pc and
Pm of.the crust and mantle, respectively; and (3) mare basalt
fill with a density contrast Apb = Pb-Pc* We adopt the values
PC = 2.9 g/cm3 , Pm = 3.4 g/cm3 , and Pb = 3.4 g/cm3 , estimates
that are uncertain by about 0.1 g/cm3 [Solomon, 1975]. Thus
Apb = APm = 0.5 g/cm3 - Ap in this problem. The contribution of
topography is evaluated using equations (3-5) and is subtracted
from the free-air anomaly field to yield the Bouguer anomaly
field.
To invert formally the Bouguer anomaly field for crustal
structure, it is necessary to impose two additional constraints
[Thurber and Solomon, 1978]. The first constraint is that, by
assumption, (i) topography in mare areas was isostatically
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compensated by an Airy mechanism before the emplacement of mare
basalts and (ii) no compensation of mare units has occurred
since their emplacement. These two assumptions, for which we
use the term "pre-mare isostasy constraint" below, permit a
unique decomposition of the gravity anomaly into contributions
from Moho relief and mare fill. The first assumption receives
support from the argument that the crust surrounding a recently
formed impact basin was likely to have been hot and incapable of
supporting the large deviatoric stresses associated with a deep
basin depression [e.g., Bratt et al., 1981; Chapter 6]. The
second assumption is not strictly correct; mare ridges and
linear rilles provide evidence that the lunar lithosphere has
subsided in response to the mare basalt load in the mascon maria
[Solomon and Head, 1979, 1980]. This second assumption,
however, has little influence on the estimated thickness of
non-mare crustal material. The effects of both assumptions on
the derived structural models are discussed further below.
Under the pre-mare isostasy constraint, the basalt thickness tj
and the depth to the Moho dj within any mare block j are related
by the equation:
(tj + hj)pc = (DI-dj)(pm-pc) (6)
where hj is the topography. Both tj and dj are measured
relative to the surface of a standard section which is assumed
to be in isostatic equilibrium and which has a known depth to
Moho DI . This relationship is illustrated in Figure 3.
The second constraint on the derived crustal models follows
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from the fact that the crust in the general vicinity of the
Apollo 12 and 14 landing sites (- 3*S, 200W) is known from
seismic refraction measurements to be 55 km thick [Toksoz et
al., 1974]. Because the Apollo 12 and 14 sites are located in
regions of ancient pre-mare structure and thin mare fill in the
Oceanus Procellarum-Mare Cognitum area, it is reasonable to
assume that the degree of isostasy in the region is nearly
complete. We therefore adopt a 55-km thick layer of non-mare
crustal material of density pc as the standard section for
equation (6). With this assumption, the model for the nearside
crustal structure developed in this study automatically matches
the crustal thickness in the vicinity of the Apollo 12 and 14
landing sites.
Inversion for Crustal Structure
To determine the Moho configuration and thickness of mare
basalt on the lunar nearside, we invert the Bouguer anomaly
data, subject to the adopted assumptions and constraints. The
inversion scheme iteratively improves on an initial estimate of
the crustal structure. The criterion used to determine a
best-fit model is the minimization of the root mean square
residual gravity anomaly:
N obs calc
r.m.s. residual = / E (gk - gk ) 2 /N (7)
k=1
obs
where N is the number of gravity anomaly observations, gk is
calc
the kth observed gravity anomaly, and gk is the kth gravity
anomaly calculated from the block model using the non-linear
formulations given in equations (3-5).
222
At each iteration in the inversion scheme, equations (3-5)
are approximated by a linear relation between the Bouguer
gravity anomaly and the thickness of anomalous mass within a
block:
kalc -G M Ab cos akj k = 1, 2, .. , (8)
J=1 r 2
where bj is the total thickness of the anomalous mass (Moho
uplift plus mare fill) in the jth block, Ap is the density
contrast between the block and the surrounding crust (0.5 g/cm3 ),
Aj is the surface area of the jth block, Cj is the vector
between the kth observation point and the center of mass of all
anomalous mass in the jth block, and akj is the angle at the
observation point between Lry and the downward vertical. From
calc
the linear relation (8) between gk and bj, it follows that
calc obs
Agk = 9k - 9k can be linked to perturbations in the thickness
of anomalous mass by the relationship:
calc
M gk
Agk = bj b (9)
or
g = P Ab (10)
where Ag is an N x 1 column vector of residual gravity
anomalies, P is an N x M matrix of partial derivatives (Pkj =
-G Ap Aj cos akj/rkj 2 ), and Ab is an M x 1 vector of thickness
corrections to the anomalous mass.
For N > M, equation (10) can be treated as a least squares
problem and inverted by any number of methods [e.g., Lawson and
Hanson, 1974] to obtain the corrections to the thickness of
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anomalous mass in each block. These corrections are then added to
the mass thicknesses in the crustal model from the prior
iteration, subject to the constraint of pre-mare isostasy, imposed
where applicable, to separate the contributions from Moho relief
and mare fill. After each iteration, the global datum (DM) for
Moho relief is adjusted to meet the constraint on crustal
thickness inferred from seismic measurements for the region of the
Apollo 12 and 14 landing sites. Finally, a new Bouguer anomaly
field gcalc is computed from the adjusted model using equations
(3-5), the r.m.s. residual gravity anomaly is determined from (7),
and the inversion process is repeated until the r.m.s. residual
converges to a minimum.
We impose one additional constraint on blocks in mare
regions. If the Bouguer anomaly over a mare block is sufficiently
small, the pre-mare isostasy constraint may not be consistent with
a finite thickness of basalt. Therefore, if the adjustment to the
basalt thickness within a mare block forces the total mare
thickness to fall below 250 m, the constraint of pre-mare isostasy
for that block is relaxed and the basalt thickness is held
constant at 250 m for the remaining iterations.
A substantial savings in computation time and core storage
was achieved by filling the matrix P only with those partial
derivatives associated with the block directly below the
observation point and the 8 surrounding blocks. This approxima-
tion is equivalent to assuming that the residual anomaly above a
given block is caused only by errors in the adopted thicknesses
of the anomalous mass in the 9 nearest blocks. The resulting
partial derivative matrix is then sparse, and can be easily
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manipulated into a diagonally dominant form. We then solve for the
vector of thickness corrections (Ab) by upper-triangularizing P
using a series of Householder tranformations applied to
sequentially accumulated rows of P [Lawson and Hanson, 1974,
pp. 207-3113.
GRAVITY AND TOPOGRAPHIC DATA
The inversion procedure descnibed above to determine crustal
and upper mantle structure would be straightforward if the
free-air anomaly and topography were known everywhere on the moon
within a well-prescribed uncertainty. Such, unfortunately, is
not the case. Information on the lunar gravity field is derived
from measurements of Doppler shifts in the frequency of radio
transmissions along a line-of-sight (LOS) direction between the
Earth and a satellite in orbit about the Moon. High-frequency
variations in these Doppler observations contain a signature of
gravity anomalies arising from near-surface heterogeneities in
density. To extract this signature, the effect of orbital
parameters on the LOS Doppler data must be removed or modeled.
The estimation of a representation of the free-air gravity field
over a significant area of the lunar surface requires the
simultaneous inversion of Doppler data from a large number of
orbits for the parameters of both the spacecraft orbits and the
gravity field. The first such representation for a large
fraction of the lunar nearside was presented by Wong et al.
[1971J. They presented both point-mass and disk-mass
representations of lunar gravity from Lunar Orbiter and early
Apollo tracking data, as well as a full discussion of the
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procedures used in data inversion.
For this study, we employ an improved representation of the
low-latitude nearside gravity field obtained by Wong et al. [1975]
from an inversion of tracking data from low-altitude Apollo
spacecraft. Their representation consists of 350 near-surface disk
masses distributed bewteen +30* latitude and +1000 longitude and
superimposed on the triaxial model for lunar gravity of Liu and
Lang (1971]. Parameters for each of the mass disks and for the
triaxial gravity model are given in Appendix A. The location and
size of each disk were assigned a priori, either on the basis of
geological information or in an otherwise regular spacing,
generally 5* in latitude and longitude. This spacing is a measure
of the horizontal resolution of the gravity field model. Disk
radii range from 75 to 300 km; the largest disks represent major
impact basins. The mass of each disk was derived from the
simultaneous inversion of a large quantity of Doppler tracking data
from Apollo 14, 15 and 16 spacecraft. Orbits used in the inversion
ranged from 15 to 200 km in altitude and +300 in latitude.
The free air gravity anomaly at an altitude of 100 km (or a
radius of 1836 km from the lunar center of mass) may be readily
calculated from the disk model of Wong et al. [1975] and is shown
in Figure 4 (a similar figure is given by Sjogren [1974]).
Unfortunately, the error in this free-air anomaly field is not as
readily determined. Wong et al. [1975] did not determine formal
errors in the mass of each disk. An estimate of the typical
uncertainty in the free-air gravity field may be obtained, however,
from the time derivatives of the differences between the LOS
Doppler observations and the predictions of the disk-mass model of
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Wong et al. [1975]. For 5 orbits over the central nearside
with Doppler residual data displayed by Wong et al. [1975] and
with spacecraft altitudes between 80 and 160 km, the residual
LOS acceleration is typically within ± 7 mgal. For instance,
the LOS acceleration residual for the Apollo 15 subsatellite at
100 to 120 km altitude over Serenitatis, Crisium, and Smythii
for orbit 1516 are 6, 4, and 6 mgal, respectively. While these
LOS acceleration residuals over the central nearside (e.g.,
Serenitatis) provide a measure of the error in the derived
free-air gravity anomaly, the residuals at greater longitudes
(e.g., Smythii) reflect more nearly horizontal spacecraft
accelerations and are less simply related to errors in the
gravity field. For the purpose of estimating the error in the
derived crustal structure in the next section of this chapter,
we estimate that the free-air anomalies at 100 km elevation
shown in Figure 4 have an associated error of +10 mgals over
the central nearside and ± 20 mgals at the corners of the area
represented by the disk-mass solution.
Information on lunar topography comes from a variety of
sources, including Apollo laser altimetry [Roberson and Kaula,
1972; Wollenhaupt and Sjogren, 1972; Wollenhaupt et al., 1974;
Kaula et al., 1972, 1973, 1974], landmark tracking [Wollenhaupt
et al., 1974), limb profiling [Watts, 1963], and photogrammetry
[Hopmann, 1967; Mills and Sudbury, 1968; Arthur and Bates,
1968]. Bills and Ferrari [1977b] synthesized a large number of
these topographic measurements from all sources and placed them
in a consistent center-of-mass coordinate system.
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In this chapter we use averages, in blocks of 50 latitude
by 50 longitude, of 15,887 observations of nearside topography
compiled by B.G. Bills [personal communication, 1982]. There are
a total of 672 blocks spanning the latitude range +40 ° and the
longitude range ±1050. In regions where the topography is
poorly resolved, values from the harmonic representation of
Bills and Ferrari [1977b] supplement the block averages. The
topography of the eastern half of the Orientale basin, the
youngest of the nearside basins, has recently been reevaluated
by Head et al. [1981] using Earth-based telescopic measurements
of limb heights [Watts, 1963]. Apollo laser altimetry over the
northern edge of Orientale suggests that while these limb height
measurements provide an accurate representation of the basin
relief, they require a downward adjustment of about 2 km to fit
smoothly with the other topographic data referenced to the lunar
center of mass. The Orientale limb height measurements, so
adjusted, complete the topographic data set. A contour map of
the topography is shown in Figure 5. Averages of the 50 by 50
topographic measurements used here are given in Appendix B.
The accuracy of the block-averaged topography depends on
both the technique employed in making individual measurements
and the number of measurements in each block. For the
individual determinations of topographic height from Apollo
laser altimetry and orbital photogrammetry, Bills and Ferrari
[1977b] have estimated an error of ± 0.3 km. The majority of
these measurements were made between 15*S and 400N latitude on
the nearside of the Moon. Error estimates for topography
measured over the remainder of the nearside using landmark
228
tracking, earth-based photogrammetry, and limb profiling range
from 0.4 to 0.9 km.
The error in the average topography over a 5*x50 block can
be estimated from the uncertainties in the individual
determinations within that block and from the assumption that
all individual measurements are independent. The estimated
error in the average topography over Orientale, Humorum, and
Nubium for some blocks approaches the estimates for individual
observations because these basins are poorly covered by
spacecraft tracking data. As a result, errors in topography
over these basins represent a large source of uncertainty in the
analysis of associated basin structure. For example, the
contribution to the Bouguer correction from an 0.5 km error in
topography within a 5* by 5* block of crust of density 2.9 g/cm3
near the lunar equator is about 20 mgals at 100 km altitude, or
up to twice the estimated uncertainty in the free-air anomaly
derived from the mass disk gravity model. Because the total
error in the Bouguer correction is a function of errors in
topography everywhere, a baseline error in the topography over a
larger region would produce a still greater error in the
calculated gravity anomaly.
Fortunately, the large quantity of topographic data collected
by orbiting spacecraft from the central nearside results in
greatly improved estimates of the average topography with 50x5*
blocks in that region. Uncertainty in the mean topography of
blocks covered by Apollo orbital tracking, some of which are
sampled by as many as 135 observations, may be less than 0.1 km.
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Thus the contribution of uncertai-nty in topography to errors in
the Bouguer anomaly over the central nearside is small.
The "observed" Bouguer anomalies are calculated above the
center of each block at two altitudes, 100 and 200 km, which
bracket the altitudes of the majority of Apollo 14, 15 and 16
orbits used to derive the disk gravity model [Wong et al.,
1975]. We found that using 1344, rather than 672, gravity
"observations" greatly improves the stability of the inversion
and acts to smooth the resulting structural model. Of course,
the 1344 "observations" are not fully independent. The mass
disk model is described by 1400 parameters, but many of these
parameters are strongly correlated [Wong et al., 1975].
The Bouguer gravity anomaly field obtained from the
application of equations (3-5) to the observed topography
(Figure 5) and free-air gravity anomalies (Figure 4) is shown in
Figure 6. The topographic datum DT assumed in calculating the
topographic correction is a sphere of radius of 1736 km,
selected to be representative of the typical elevation of
central nearside regions. The mascon basins Orientale, Humorum,
Imbrium, Serenitatis, Nectaris, Crisium, and Smythii display the
most prominent Bouguer anomalies on the figure. Orientale,
Serenitatis, and Crisium are sites of the largest anomalies
(> 200 mgal) relative to surrounding regions.
The estimated error (ag)k in the Bouguer anomaly field over
the kth block due to uncertainty in both the gravity and
topographic data sets may be estimated from:
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M
( g)2 = (af) 2 + Z (at) 2  k=1,2,...,N (11)k k j=l jk
where (af)k is the error in the free-air gravity anomaly over the
kth block, and (at)jk is the error in the Bouguer correction for
the kth block due to the uncertainty in mean topography for the jth
block. The area of most reliable Bouguer gravity lies beneath the
orbital tracks of the Apollo spacecraft. This area includes the
Serenitatis, Tranquillitatis, Crisium, Fecunditatis, Nectaris, and
Smythii basins (Figure 1). The Bouguer gravity anomalies over
Orientale, Humorum, and Nubium are less accurately represented, but
these basins have nonetheless been included in our study for
completeness. Signatures of the Imbrium and Australe basins are
visible in the gravity and topographic data, but the structures
determined in this study for these regions, located at the edge of
the area of good coverage, should be regarded as highly uncertain.
BASIN STRUCTURAL MODELS
We have inverted the Bouguer gravity anomaly field of
Figure 6, following the inversion procedure described above, to
obtain values for the thicknesses of the non-mare and mare basalt
components of the crust in each of the 672 blocks on the lunar
nearside. Maps of these quantities are shown in Figures 7 and 8,
respectively. The crustal thicknesses in blocks containing the
Apollo 12 and 14 landing sites are within 1.5 km of the
seismically measured value of 55 km. After the final iteration,
the r.m.s. residual Bouguer anomaly was 6.5 mgal.
The uncertainty (Oc)k in the thickness of tc non-mare crustal
material in the kth block can be estimated approximately with the
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assumption that it is primarily the result of the uncertainty in
the Bouguer anomaly for that block. Under this assumption
Sk2 ( og)k (12)G Ak AP
where sk is the distance from the observation point (100 km
elevation) to a point located at the centroid of the block of
non-mare crustal material. We use sk = 127.5 km for all k. The
estimated uncertainties in the values of tc shown in Figure 7 are
displayed in map form in Figure 9. The estimated error in tc over
most of the nearside ranges from about 2 to 3 km in areas beneath
the tracks of Apollo spacecraft (between 150 S and 40*N latitude) to
about 5 km at high latitudes. Errors in tc derived for the western
limb, including the Orientale basin, are generally larger (up to
12 km) because of the uncertainty in the correct baseline for the
local topography. Near the edges of the grid area, additional
errors may arise from neglect of structural variations beyond the
grid and from the assumption of a uniform topographic datum. We
repeated the inversion using Bouguer anomaly data obtained with DT
larger by up to 3 km than the value assumed above and found the
resulting structure similar to that of Figures 7 and 8; even in
blocks at the edge of the grid the crustal thicknesses differ by
only a few percent for different values of DT. Another source of
error in the computed structure is the uncertainty (+0.1 g/cm 3) in
the assigned densities. An underestimate of the density contrast
between crustal and mare or mantle material of 20%, for instance,
results in an overestimate of both the Moho relief and mare basalt
thickness by about the same percentage.
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It is important to recognize that relaxation of the pre-mare
isostasy constraint would not alter significantly the values of
crustal thickness depicted in Figure 7. If isostatic compensation
of the pre-mare basin topography was less than complete or if some
percentage of the mare fill has been compensated, the actual
thickness of mare basalt would be greater than in our model by some
amount. Because mantle material and mare basalt are similar in
density, however, the Moho relief would be less by an approximately
equal amount. This approximately even trade-off of anomalous
masses occurs because the Bouguer anomaly, when measured 100 to
200 km above the sources of anomalous mass, is much more sensitive
to the total anomalous mass than to the distribution of that mass
between the surface and Moho. If high-density basaltic to gabbroic
intrusions (dikes, sills) permeate the crust beneath the basalt
fill in large basins [e.g., Janle, 1981a,b], then lesser amounts of
Moho relief and mare fill than shown in Figures 7 and 8 would be
necessary to match the observed gravity. The equivalent thickness
of low-density crustal material, however, would not differ greatly
from the values shown in Figure 7. Though some system of magma
conduits clearly must have existed at depth to feed the extensive
mare units within most basins, the volume of such structures is not
known.
The crustal thickness model of Figure 7 indicates that the
crust is thinner beneath .each of the major nearside basins than
in immediately surrounding areas. Such a result, of course,
would follow at least qualitatively from the assumption of
pre-mare isostasy. We interpret this thinner crust to be
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principally the result of the basin formation process, including
formation of the transient cavity and collapse of the cavity by
some combination of inward and upward flow of crustal and mantle
material [e.g., Melosh and McKinnon, 1978]. By this interpreta-
tion, the Moho relief beneath a basin region is a measure of the
amount of uplift of mantle material during cavity collapse, an
important parameter in describing the thermal evolution of a basin
region [Bratt et al., 1981; Chapter 6]. Of course, the crustal
model of Figure 7 reflects only the present Moho relief beneath
basins; the relief immediately following basin formation may have
been substantially modified by the effects of ductile flow in the
crust.
Cross sections through the basin structural models are shown
in Figure 10. The dashed lines show the Moho depth according to
the block model along the profile lines shown in Figure 1. The
solid lines show smoothed cross sections of both the Moho and the
base of mare basalt deposits. The smoothed profiles were obtained
from the contour maps in Figures 7 and 8 and represent azimuthally
averaged cross sections. From the smoothed Moho profiles and the
assumption of cylindrical symmetry, we have estimated the magnitude
of Moho relief and the apparent volume Vu of uplifted mantle
beneath each basin. These quantities are listed in Table 1, in
order of increasing basin age [Wilhelms, 19813.
Table 1 and Figure 10 suggest a general decrease in the
apparent volume of uplifted mantle with increasing basin age. The
Moho beneath the central mare units of Orientale (Figure 10a) is
raised by 66 km relative to the ambient depth of about 80 km.
Serenitatis (Figure 10b), a basin about the same diameter as
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Orientale and of somewhat greater age, is surrounded by crust with
an average thickness of 55 km; mantle relief beneath Serenitatis
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As noted earlier, the mare basalt thicknesses depicted in
Figure 8 should probably be regarded only as lower bounds on the
actual thicknesses within the central regions of most basins
[Thurber and Solomon, 1978]. If the lunar lithosphere maintained
finite strength during the formation of at least the younger
basins, then the pre-mare basin would have had incompletely
compensated relief and a greater thickness of mare basalt would be
required to match the Bouguer gravity field. Further, some portion
of the mare basalt load in the mascon maria has likely been
compensated by lithospheric flexure [e.g., Solomon and Head, 1979,
1980], which also would lead to mare units somewhat thicker and
Moho relief somewhat less than indicated by the structural model
presented here. It is interesting to note that mare thicknesses
estimated by DeHon and Waskom [1976] and DeHon [1978] from rim
heights of craters buried or partially buried by mare deposits are
generally comparable to the values in Figure 8 for many mare
regions. This similarity between the two determinations is
probably coincidental, however, because the rim-height technique
tends to underestimate mare thickness by as much as a factor of 2
[Head, 1982].
It is also possible that the mare basalt thicknesses shown
in Figure 8 for some regions may be overestimates because of a
significant contribution to the gravity field from subsurface
intrusions of high-density mare basaltic material. The thickness
of mare basalt within the central block of the Orientale basin,
for instance, is 3 to 4 km in Figure 8. On photogeological
grounds, however, the basalt thickness has been estimated to be
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no greater th-an 1 km [Head, 1974]. A significant excess mass
within the sub-mare crust is a possible explanation for this
discrepancy. The large uncertainty in the topography and gravity
in the Orientale region may be at least an equal contributor,
however.
GEOLOGICAL IMPLICATIONS
The structural models derived in this chapter have a number of
implications for the processes that accompanied the formation and
evolution of large impact basins on the Moon. We divide the
discussion into basin formation processes, including transient
cavity collapse and emplacement of ejecta deposits, and basin
modification processes, including volcanism and lithospheric
deformation on time scales longer than those normally associated
with the basin formation event. We recognize that this division
is somewhat arbitrary and that the present characteristics of
each basin may be the product of a combination of both types of
processes.
Early Cavity Geometry
The volume of material ejected from a basin during impact
is an important quantity, for several reasons. Its relation to
basin diameter provides a strong constraint on the cratering
process for large impacts, particularly on the early cavity
geometry. The ejecta volume also provides information on the
sampling depths of large impacts and thus on the interpretation
of returned lunar samples for crustal composition. Head et al.
[1975] have defined the volume Vp of "primary ejecta" as the
volume of material excavated from a crater and thrown beyond the
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crater rim. The quantity Vp is thus approximately equal to the
volume of the early transient cavity minus the volume of material
which falls back in to the collapsing cavity. This equality
ignores the effects of density changes due to compression of
target material, brecciation of fallback material, or other
inelastic effects. The volume of primary ejecta residing outside
a major basin, however, is a difficult quantity to determine from
photogeologic observations of ejecta deposits, among other
reasons because of the difficulty in separating primary ejecta
from the locally-derived, secondary ejecta surrounding the basin
[Head et al., 1975] . From a variety of observations, models,
and scaling relations, Head et al. [1975] estimated that Vp for a
basin the size of Orientale lies between 0.4 x 106 km3 and
12 x 106 km3 . This wide range of possible ejecta volumes is
equivalent to a large uncertainty in the thickness of ejecta
deposits expected from an Orientale-sized impact. For instance,
if the ejecta volume were spread evenly over the lunar surface,
the thickness could be as little as 10 m or as large as 300 m.
More recently, Spudis [1982, 1983] and Spudis et al. [1984]
have estimated the depth of excavation for lunar basins from
remote geochemical observations and scaling relations under the
assumption that the lunar crust is layered, with an anorthosite
layer overlying a more noritic layer [Ryder and Wood, 1977].
Spudis [1982, 1983] and Spudis et al. [1984] concluded that the
chemistry and mineralogy of the ejecta deposits of 5 nearside
basins provide support for an excavation model in which the ratio
of the depth of excavation to basin diameter is about 0.1 for
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basin-size impacts. On the basis of such a model, the excavation
depth for the younger nearside basins ranged from 40 to 80 km
[Spudis, 1983] and the volume Vp of primary ejecta excavated during
the Orientale basin impact is estimated to be 5 to 8 x 106km3
ISpudis et al., 1984]. These estimates have considerable
uncertainty, however, associated with the reality of the assumed
simple model of crustal layering and with the ability to separate
primary from secondary ejecta.
The structural models for lunar nearside basins depicted in
Figure 10 provide a straightforward and internally consistent
framework with which to address cavity and ejecta volumes. Let
Vb be the volume of the present basin, including the volumes of
the topographic depression and of mare fill. We make the
assumption that the crustal thickness of the pre-impact basin
region was similar to the present thickness at 2 to 3 basin radii
from the basin center (excluding other nearby basins). Then the
quantity Ve = Vb + Vu, where Vu is the volume of apparently
uplifted mantle, provides a measure of pre-impact crustal
material now external to the basin rim.
The quantity Ve should be somewhat less than Vp. This is
because inward transport of crustal material during basin
modification as well as deposition of ejecta from younger basins
or of non-mare volcanic material will act to reduce one or both
of Vb and Vu. Therefore, Ve can be regarded as the difference
between the volume of crustal material ejected beyond the basin
rim and the volume of crust returned to the basin region by
these later processes. For the youngest nearside basins, which
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may have formed at a time when near-surface temperatures were
comparatively low and the elastic lithosphere relatively thick
(e.g., Orientale, Serenitatis, and Crisium), Ve may approach Vp.
Values for Ve derived from the smoothed cross sections of
Figure 10 are given in Table 1. The values range from 2 to
9 x 106 km3. It should be repeated that these values are
insensitive to the assumption of pre-mare isostasy, because to
first order the Bouguer anomaly data yield the total anomalous
mass (mantle uplift plus mare basalts), and it is the sum of the
two components that contributes to Ve. By analogous reasoning,
these values of Ve are also insensitive to the presence of
high-density intrusions within the low density crust underlying
the basin. The uncertainties in gravity and topography and in
the assumed densities and model simplifications result in an
uncertainty in Ve of about 30% for Orientale and 20% for the
other basins studied. The values of Ve in Table 1 fall within
the range of estimates for Vp for basins the size of Orientale or
Serenitatis [Head et al., 1975; Spudis et al., 1984]. The
average value for Ve for the three youngest basins studied
(Orientale, Serenitatis, and Crisium) is 8 x 106 km3 and falls
near the upper end of this range. An ejecta volume of 8 x 106
km3 , if spread evenly over the lunar surface, would constitute a
layer 200 m thick. Considering the 30 or more impact basins
preserved on the Moon [e.g., Wood and Head, 1976], such an
average thickness for ejected material from a single basin
suggests that the accumulated thickness of basin ejecta deposits
on the lunar surface may, on average, be several kilometers.
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An interesting relationship between apparent mantle uplift
and crustal thickness is suggeste.d by the data from the 6
youngest basins in Table 1. The thickness tc of the non-mare
crust beneath the central region of each of these 6 basins is
remarkably uniform, 20 to 30 km, despite differences in basin
size, age, and pre-impact crustal thickness. The Moho relief for
5 basins in crust 55 to 65 thick is nearly constant at about
30 km, despite a variation of 200 km in basin diameter. While
the Moho relief beneath Orientale is greater than that of the
other 5 basins by 30 to 40 km, the surrounding crust is also
thicker by 20 to 30 km.
We suggest that this near-uniformity of non-mare crustal
thickness beneath the younger basins can be understood only if
excavation of the transient cavity for basins 400 to 600 km in
diameter extended to the base of the crust or to the uppermost
mantle. If the excavated volumes did not extend at least to near
the base of the crust for these basins (Figure 11a), then the
value of tc for a basin of a given diameter should be greater for
a thicker pre-impact crust. The quantity tc should also decrease
with increasing diameter for basins formed in crust of similar
thickness. Neither relation is indicated by the values in
Table 1. Of course, the youngest 6 basins in the table may have
been affected to varying degrees by long-term viscous relaxation
and other modification processes, but it is hard to imagine how
such processes would have led coincidentally to the similar
present values of tc. As noted above, the conclusion that
excavation of the youngest nearside basins extended to the lower
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crust has been suggested on independent geochemical and
photogeological grounds by Spudis [1982, 1983] and Spudis et al.
(1984].
If we accept that the excavated volumes for the basins in
Table 1 extended in depth at least to the lowermost crust, we
still must seek a mechanism for the near constancy of tc. One
explanation is motivated by the observation that mantle material
is significantly stronger than crustal material at laboratory
strain rates [e.g., Brace and Kohlstedt, 1980]. If this
difference in strength can be extrapolated to the high strain
rates thought to accompany cavity formation [e.g., O'Keefe and
Ahrens, 1977], the Moho may have acted more or less as a barrier
to the deepening of cavity excavation (Figure 11b). The 20 to
30 km thickness of non-mare crust beneath the central regions of
large young impact basins, by this hypothesis, would be a
combination of ejecta fallback and crustal material transported
laterally during cavity collapse. These two components would be
difficult to distinguish.
An alternative explanation for the uniformity of tc is that
the transient cavity for the largest basins excavated through the
crust and into the mantle (Figure 11c). If the equivalent
thickness of pre-impact crustal material that fell back into the
central basin region was only weakly dependent on basin diameter,
then the indicated value of tc would be similar for basins that
had excavated to different mantle depths. Of course, the actual
ejecta would have consisted of a mixture of crustal and mantle
material, but the inversion procedure we have followed cannot
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distinguish a thin non-mare crust from a thicker layer with the
same volume of low-density crustal rock admixed with mantle
material. The paucity of candidates in the Apollo sample
collection for material from the lunar mantle [see Head et al.,
1975], however, suggests that excavation depths rarely exceeded
the Moho depth by any significant amount. We therefore favor the
first explanation.
Basin Modification
One of the principal results of this chapter is that the
extent of apparent mantle uplift or crustal thinning preserved
beneath large lunar basins generally decreases with increasing
basin age. The cross sections shown in Figure 10 illustrate this
trend. We have attributed this variation to more extensive
modification of older basins than younger ones. The time scale
for this modificaion is highly uncertain and may range from the
time scale of cavity collapse to the time interval between basin
formation and one or more major episodes of mare basalt
volcanism. In this section, we consider the modification
processes that can act to reduce basin topographic and Moho
relief, and we evaluate the implications of our structural models
for the variation of these processes with time on the Moon.
A significant element of all endogenic basin modification
processes is the additional heating at depth that accompanies basin
formation [Bratt et al., 1981; Chapter 6]. Both ductile flow and
magma genesis can be expected to be enhanced by this type of deep
heating. Because the outer portions of the Moon have generally
cooled with time, the effects of such temperature-dependent
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processes might be enhanced for basins formed at an early stage
in lunar history. Older basins are also more likely to sense
the lingering effects of the formation of large, pre-existing
basins in the same region.
We consider four principal basin-modification processes
for young and old lunar basins: (1) ejecta from younger
basins; (2) ductile flow of the crust, (3) non-mare volcanic
activity, and (4) mare volcanism.
Basin ejecta. The topographic relief of an older basin is
reduced by the infill of ejecta deposits from younger basins.
This effect probably constitutes only a minor contribution,
however, to the topographic modification of most lunar basins.
The difference in the amount of crustal thinning between the
youngest nearside basins (e.g., Orientale, Serenitatis,
Crisium) and older basins of comparable diameter (Nubium,
Fecunditatis, Tranquillitatis) is several tens of kilometers.
The accumulated thickness of younger basin ejecta deposits in
these older basins is not likely to exceed a few kilometers
[McGetchin et al., 1973].
Ductile flow. Viscous relaxation of an impact basin by
ductile flow of crustal material can reduce both topographic
and Moho relief [Solomon et al., 1982]. Because of the strong
dependence of effective viscosity on temperature, viscous
relaxation was likely to have been a more important
modification process for older basins formed when near-surface
temperatures on the Moon were relatively high and the elastic
lithosphere was thin. In particular, the pre-mare topography
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and the crustal thickness in the Tranquillitatis region are
both consistent with viscous relaxation from an initial
structure similar to the present structure of Orientale
[Solomon et al., 1982]. It is, of course, uncertain whether
the oldest basins actually had initial structures similar to
that of Orientale or, perhaps because of a different thermal
state at the time of basin formation, never displayed the
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[Solomon et al., 1982] and perhaps as well to the constraints on
lateral flow imposed by spherical geometry when the basin
diameter approaches the diameter of the Moon.
Non-mare volcanism. An additional modification process that
can act to reduce basin relief and that would be enhanced by
higher temperatures is non-mare volcanism; i.e., deposition of
non-mare basalts with a denstiy similar to the typical density of
the crust and therefore not resolvable from gravity anomalies.
The volumetric significance of non-mare volcanism for lunar
crustal evolution in general and for old lunar basins in
particular is not well known. To the extent that the crust, as
opposed to the upper mantle, is the source of magmas for this
volcanic activity, this process involves lateral transport of
crustal material to fill the basin depression and is not readily
distinguishable from ductile flow (Figure 12). If temperatures
exceed the solidus in crustal material adjacent to a newly formed
basin, in fact, the effective viscosity might be sufficiently low
so that bulk flow would dominate magma transport as a mechanism
for reducing relief.
Mare volcanism. The source regions of mare basalt magmas are
thought to lie at depths in excess of 100 km [e.g., Wyllie et al.,
1981]. At such depths, the deposition of kinetic energy as heat,
the release of hydrostatic pressure, and the uplift of mantle
isotherms during basin formation [Bratt et al., 1981; Chapter 6]
are likely to have had only a small effect on magma genesis, and
then only if the impact was very large [Hubbard and Andre, 1983]
and the ambient temperature was already near the solidus. That
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the thickness of mare basalts appears to be less within the older
basins (Nubium, Fecunditatis, Tranquillitatis) than nearby younger
basins (Figure 8) suggests that mare volcanism probably has not
contributed substantially to the age dependence of preserved basin
structure.
Of the basin modification processes considered above,
lateral flow of lunar crustal material, perhaps augmented by
non-mare volcanism, is the most likely explanation of the general
decrease of preserved mantle uplift with increasing basin age.
Because both of these processes involve the radially inward
movement of crustal material, the two are difficult to separate
on the basis of gravity and topographic data alone. The poor
degree of preservation of relief of the older basins on the
central nearside may be a consequence of both the generally high
temperatures in the early lunar crust and the extensive
additional crustal and sub-crustal heating associated with the
formation of the ancient Procellarum basin.
SUMMARY AND CONCLUSIONS
We have presented models for the crustal and upper mantle
structure beneath major impact basins on the nearside of the
Moon. The models are derived from an inversion of nearside
gravity and topography, subject to the assumptions that pre-mare
topography was isostatically compensated by an Airy mechanism and
that compensation of mare basalt units may be neglected. An
additional constraint is the crustal thickness inferred beneath
the Apollo 12 and 14 landing sites from seismic observations.
The basin structural models are characterized by thinned
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crust and an elevated Moho beneath the central basin regions,
compared to surrounding areas, presumably the preserved effects
of basin excavation and mantle uplift during collapse of the
transient cavity. Orientale exhibits over 60 km of apparent
mantle uplift, while the Moho relief beneath Serenitatis,
Crisium, Humorum, Nectaris and Smythii is about 30 km. The three
oldest basins included in this study, Nubium, Fecunditatis, and
Tranquillitatis, display only a modest (- 10 km) amount of
preserved Moho relief.
The general decrease in the amount of preserved mantle uplift
with increasing basin age is attributed primarily to enhanced rates
of lateral flow of crustal material early in lunar history when
crustal temperatures were relatively high and the elastic litho-
sphere comparatively thin. Non-mare volcanic activity may also
have contributed to the greater
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significant in thickness and when any modification subsequent to
cavity collapse may have been relatively minor. On this basis, we
estimate the volume of crustal material ejected from basins the
size of Orientale to be on the order of 107 km3 ,.
The thickness of non-mare crustal material beneath the central
regions of the 6 youngest basins considered in this study is
remarkably uniform (20 to 30 km), despite large differences in
basin size and in the pre-impact thickness of the crust. These
results suggest the hypothesis that basin excavation extended in
depth at least to the lowermost crust for these impacts, and that
significant deepening of cavity excavation for the largest basins
was most likely impeded by an abrupt increase in strength at the
crust-mantle boundary. The preserved layer of non-mare crust
beneath the basin centers, by this view, may be some combination of
fallback and crustal material transported laterally during cavity
collapse.
The structural models described in this chapter provide
important constraints on the thermal budget of the basin-forming
process and on the subsequent thermal and tectonic evolution of the
basin region [Bratt et al., 1981; Chapter 6]. While these models
are of necessity simple, they provide a basis for testing the ideas
presented here with data of higher spatial resolution in individual
basin regions on the Moon and the other terrestrial planets.
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FIGURE CAPTIONS
Figure 1.
Figure 2.
Figure 3.
Figure 4.
Outlines of the lunar basins considered in this
study. The labeled lines indicate the locations of
cross sections discussed below.
Schematic representation of the block model used for
calculating contributions to the free-air gravity
anomaly from topography (relative to the datum DT),
Moho relief (relative to the datum DM), and mare
basalt fill.
Schematic cross-section of the crust and upper
mantle, illustrating how the assumption of pre-mare
isostasy is used to constrain the distribution of
anomalous mass in lunar mare regions. We use
equation (6) and the observed topography h to
constrain the thickness t of mare basalt and the
depth d to the Moho in mare blocks. The seismically
determined crustal thickness in the Vicinity of the
Apollo 12 and 14 landing sites serves as a reference
section.
Free-air gravity anomalies over the lunar nearside
at 100 km elevation (1836 km from the lunar center
of mass). Gravity anomalies were computed from the
disk mass model of Wong et al. [1975] superimposed
on the triaxial gravity model of Liu and Laing
[1971]. The contour interval is 25 mgal. The peak
anomalies over several basins are also indicated.
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Figure 5.
Figure 6.
Figure 7.
Figure 8.
Topography of the lunar nearside, relative to a
datum at 1730 km radius. The map is obtained from
50 by 5* averages of topography compiled by Bills
and Ferrari [1977b] and also incorporates
limb-height observations of the Orientale basin
summarized by Head et al. [1981]. The contour
interval is 1 km. The elevation minima within
several basins are also indicated.
Bouguer gravity anomaly for the lunar nearside at
100 km elevation. A datum DT at a radius of 1736 km
was used to make the topograpic correction. The
contour interval is 50 mgal. Local maxima over
several basins are also indicated.
Crustal thickness (not including mare basalt fill) on
the lunar nearside. This model is derived from the
Bouguer anomaly data of Figure 6, the constraint that
the crust be 55 km thick beneath the Apollo 12 and 14
sites, and the assumptions that, in mare regions, the
pre-mare topography was completely compensated by an
Airy mechanism and no further compensation followed
the emplacement of mare units (see text). Contour
interval is 10 km.
Mare basalt thickness on the lunar nearside. See
Figure 7 (and text) for model assumptions. The
dashed line indicates the boundary of mare regions.
Contour interval is 1 km.
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Figure 9.
Figure 10.
Figure 11.
Estimated error in crustal thickness (exclusive of
mare basalt fill) resulting from uncertainties in
gravity and topographic data as calculated using
equation (12). The contour interval is 2 km.
Cross-sections of crustal structure for 9 basins o
the lunar nearside. Dashed lines denote the Moho
determined from the block model along the profile
lines shown in Figure 1. The solid curves depict
smoothed profiles of the lunar Moho and the basin
topography at the base of the mare basalt (see
text). Depths are relative to a datum at 1730 km
radius. Basins are illustrated in order of
increasing age [Wilhelms, 1981]: (a) Orientale, (t
Serenitatis, (c) Crisium, (d) Humorum, (e) Nectaris
(f) Smythii, (g) Nubium, (h) Fecunditatis, and (i)
Tranquil l itatis.
Three scenarios for the formation of young impact
basins formed when the el
comparable or greater in
In all cases, uplift of t
dominates the late-stage
cavity. In case (a), the
confined to the crust. I
ratio of crater diameter
excavated cavity is preve
significantly deeper than
n
as
astic lithosphere is
thickness than the crust.
he sublithospheric mantle
collapse of the transient
excavated cavity is
n case (b), with a larger
to crustal thickness, the
nted from extending
the Moho
greater strength of mantle material.
the relatively
In case (c),
b)
s,
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with a still larger ratio of crater diameter to
crustal thickness, the transient cavity may extend
into the upperm
non-mare crust
by fallback of
and (c), it may
cases. Discove
returned lunar
possibility of
Two possible sc
of older lunar
10i). In case
temperatures an
time of impact,
mantle accompan
to a structure
In case (b), th
lost mantle. If the preserved
beneath the basin center is dominated
ejected crustal material in cases (b)
be similar in thickness for the two
?ry of mantle material among the
samples would strengthen the
case (c).
enarios to account for the structure
basins (e.g., Figures 10g through
(a), because of the high crustal
d thin elastic lithosphere at the
flow of both the crust and the
y transient cavity collapse, leading
similar to that presently observed.
e collapse of the transient cavity
at left is accomplished primarily by uplift of
mantle material contemporaneously with the return
of impact ejecta and melt to the basin, yielding an
initial structure similar to that of younger
basins. Because of high near-surface temperatures,
this initial structure undergoes long-term viscous
relaxation of both topographic and Moho relief
[Solomon et al., 1982].
Figure 12.
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Table 1. Estimates of Moho relief, apparent volume of mantle uplift, basin
volume, and ejecta volume for major basins on the lunar nearside.
Basin Radius, Moho Ambient crustal Vu, Vb, Ve,
km relief, thickness,
km km 106 km3 106 km3 106 km3
Orientale 310 66 85 6 0.7 7
Serenitatis 305 30 60 8 1 9
Crisium 225 31 55 6 1 7
Humorum 205 27 60 3 0.5 4
Nectaris 300 28 60 4 0.7 5
Smythii 300 33 65 4 0.6 5
Nubium 340 10 60 2 0.3 2
Fecunditatis 345 14 60 2 0.2 2
Tranquillitatis 340 12 60 2 0.2 2
Basins are listed in order of increasing age [Wilhelms, 1981]. The indicated
radius corresponds to the second ring [Head, 1977; Wilhelms, 1981].
U)
z
U)
U)
C:
Lu
z
0 0 0 0 0 0 0
. 262
o
0
0
0OD
0o
o
O0
C-
*r-o
o
O
OD
L
263
Figure 2
264
Figure 3
0 MARE BASALT
J CRUST
MANTLE
m---"
_ _
th0
E
EUo
0
0-I,
w ,
I--
0
z
0
u
Z
cr0z
3r:
IL 0U
0t
zr
0 0 0 0
0 0
0
0
o0
0O
0 0P
N·
0L
DU
o 0
0 0
Wn Ac
ne r,265
z
rl tv cu TW
266
o o o oo o o o
o
0
E
E "
n_
r-w
0oI--
z
0
u
I0-
4
a.
0
cn -
0o
Ln
*r-UJ
C-i
O0
OoO00
0
o
I
I
r
CY CIj fr
o 0 0 00 0 0 0 0 0
cI -e- cuJ
267
o
E
EO
0 "0-
Og
z
I--
0
z
O,-
0
co
40
*r-
LL-
o 0 0
O O Ocu
268
E
0
-J
zirD
0
z
0
C,)
u,
w
z
I
0D
Z
o o
0 0rO N•
U)
S
0
1W
o
o o o o 0 o
o 0 0 0 0 0 0r' N -
269
E
-J
I-
z
0
z
o
L-)
,/)
o,wCZI--I-
u,
4:
co
0)
LL
ooSo Woo 0 0 0 0
270
E
.x1
N
cI
w
2
0
2z08
c,
U,
w
zx
coc.
u,
0
z
z
-4F-M-
crw0
271
I-
w o
(DKI I L
0
8
NRL I-
tb
zv
I-
0
z
Li I
- UWl Iw Li W
0
U,,
0
U
z Oi
- V~ I.rr i/i
LL
I- 
0
- 0
I I I I I I I I I I I I I I I I I I I I I 1 I I I I I I I
0000000000 0000000000 0000000000
S U-to• --MIi-m T -N -w T 7T -N-w-
(w4 OHL dOimn.VC)
UU4 ' Hld30
Eo 0
J o
oo
;Io
<8C),
-J
8
O
O
aw
uV) ur
, r- tn I .j
Q r
EXCAVATED CAVITY BASIN
SEJECTA AND IMPACT MELT
- ICRUST
SMANTLE
---- BASE OF ELASTIC LITHOSPHERE
Figure 11
272
(0)
(b)
(c)
273
r-
0
_/
w
a.
z
I-L
S0.
I-
4
C.
0,
IJ
x
w
Chapter
THERMAL STRESS AND THE
6
TECTONIC EVOLUTION
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INTRODUCTION
Multi-ringed impact basins on the Moon exhibit wide
variations in their present geometry and structure [Hartman and
Wood, 1971; Wilhelms, 1973; Wood and Head, 19763. Some of the
variations may be related to differences in the properties of
the lithosphere or impacting projectile at the time of basin
formation [e.g. Melosh and McKinnon, 1978; Holsapple and
Schmidt, 1982). It is likely, however, that many of the
presently observed variations reflect different degrees of
modification of initial basin geometry and structure on time
scales long compared to those for excavation and ring
formation. For instance, the subdued surface and subsurface
relief of basins formed early in lunar history when the
lithosphere was relatively warm is probably a consequence of
lateral ductile transport of crustal material over times scales
of up to millions of years [Solomon et al., 1982; Chapter 51.
Ridges and graben associated with mare basins were probably
formed in response to the load imposed by the emplacement of
volcanic units perhaps 100 to 200 m.y. after basin excavation
[Solomon and Head, 1979, 1980; Comer et al, 1979).
Another potentially important contributor to the long-term
modification of a basin is thermal contraction and stress
produced by the loss of heat from basin formation [Bratt et
al., 1981]. An impacting projectile transfers some fraction of
its original kinetic energy to the basin subsurface as deeply
buried heat [O'Keefe and Ahrens, 1976, 1977]. In addition, the
uplifted mantle preserved beneath the youngest near-side basins
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[Chapter 5] suggests that uplift of the crustal and mantle
isotherms also contributed to early heating beneath basins.
To better understand the morphology of impact basins, we
assess here the significance of thermal stress as a tectonic
process in the vicinity of lunar basins. Exploratory models
are developed for the temperature structure created by the
above mentioned sources of heat, the subsequent cooling of the
basin subsurface, and the resulting thermal displacements and
stresses as a function of time. The rate of basin cooling and
th^ occurrence of greatest displacement and stress are compared
to the values inferred from observations of the Orientale basin
[Head, 1974; Church et al., 1982]. We then vary the quantity
and distribution of heat in these models in an attempt to match
observed topography and faulting patterns within the young,
multi-ringed basin. A high degree of sensitivity of our models
to input parameters permits us to use the observed topography
and tectonics to derive rough constraints on the quantity and
distribution of heat implanted during the impact process.
GEOLOGIC OBSERVATIONS: ORIENTALE
The Orientale basin (Figure 1), the youngest and best
preserved of all lunar basins [Head, 1974; Moore et al., 1974],
provides important information about the formation and
modification of impact basins on all the terrestrial planets.
Only the centralmost 220 km of the 900 km diameter topographic
depression is extensively covered by mare basalts [Head, 1974],
leaving exposed many geologic units and tectonic features now
hidden beneath maria within other nearside basins. Because
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Orientale was likely formed after other major basins on the
Moon [Wilhelms, 19742, it has been left relatively unmasked by
material ejected from other basins [Chapter 5). The basin is,
then, the optimum location to look for tectonic and topographic
expressions of basin cooling and contraction.
Figure 2 shows a generalized topographic profile [Head et
al., 19813 of Orientale along with the locations of major basin
deposits and of features suggested by Church et al. [19823 to
be of tectonic origin. The outer Rook Mountains, believed to
represent the rim of the original impact cavity, form a ring
about 620 km in diameter [Head, 1974, 1977J. Mare ridges and
concentric rilles (graben) comprise the inner and outermost
tectonic features, respectively, shown in Figure 2. Both
features are thought to postdate the emplacement of most of the
volcanic units and have been shown to be consistent with the
pattern of stresses produced by mare loading and global thermal
evolution [Solomon and Head, 1979, 1980; Comer et al., 19793.
No graben such as those found around Orientale and the other
mare basins have been identified in the region of farside
basins not filled by mare units. Thus, it is unlikely that the
rille systems were formed in response to basin cooling, a
process which would be expected to affect basins of a given age
and size to a similar extent.
The plains and corrugated facies which surround and
probably underlie the central maria are thought to represent
cooled impact melt [Head, 19743. Head [1974] and Church et al.
[1982j suggest that the pitted and cracked texture of the
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corrugated facies resulted from cooling and internal thermal
contractions acting from the time of melt emplacement until its
complete cooling [~10 3 to 104 yr, Onorato et al., 1978].
Two features of Orientale not obviously related to basin
formation, volcanic loading, or melt-sheet cooling but which
may have been created or enhanced by local thermal contraction
and stress are V-shaped fissures and the deep central
depression [Church et al, 1982]. The band of intersecting
fissures (Figures 3 and 4) at distances 150 to 230 km from the
basin center differ in both plan and shape from the graben
residing at 240 to 320 km radial distances. Whereas graben are
roughly concentric with the center of the basin and have flat
floors up to 4 km across, fissures trend both concentrically
and obliquely with respect to the basin center and have
V-shaped cross sections.
It is difficult, from the resolution of existing
photographs, to infer the stress state responsible for
fissuring within Orientale. Fissures cannot be classified as
normal faults, because significant vertical displacement is not
resolvable. One hypothesis is that fissures are analogous to
the extension fractures formed normal to the direction of
deviatoric extension in laboratory samples under low confining
pressure [e.g., Brace, 19743. That the majority of the
fissures show opening toward the center of the basin (Figure 3)
suggests that horizontal extension is primarily in the radial
direction. The conjugate nature of a subset of the fissures
located in the southwest (Figure 4) and northeast quadrants of
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the basin is not unlike that of terrestrial conjugate shear
zones such as those observed in continental extensional basins
[e.g., Royden et al., 19833. For strike-slip displacement to
occur at the surface, the two horizontal stresses must be of
opposite sign. Though we cannot resolve with certainty any
horizontal displacement along fissures, we cannot discount the
possibility that fissuring may be at least partially the
product of strike-slip processes.
Because the youngest mare units flood portions of
fissures, the fissures must predate at least the most recent
mare volcanism. In addition, Church et al. [1982] suggest that
fissures postdate cooling of the corrugated and plains facies
(i.e., impact melt) in which they were formed. One reason for
this view is that portions of the exposed melt sheet are not
cut by fissures, suggesting that fissuring is the result of
processes other than cooling and contraction of the melt sheet.
These two temporal relations imply that if basin cooling was an
integral cause of fissuring within Orientale, thermal stresses
produced by basin cooling must have reached significant levels
during a time interval after basin formation and before
emplacement of the central maria 100 to 200 m.y. later
[Greeley, 1976; Head and Solomon, 1980).
Limb-height measurements compiled by Head et al. [1981]
provide information on the topography of the Orientale basin
(Figure 2). Most impressive in these data is the great relief
of the central depression of the basin relative to the
encircling Rook and Cordillera Mountains. The total
topographic relief is more than 9 km over a radial distance of
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450 km from the center of the depression to the Cordillera
ring. Relief from the center of the depression to the foot of
the inner Rook Mountains about 180 km distant is almost 4 km.
Photogeological evidence suggests that no more than 1 km of
mare basalts fill the central depression [Head, 1974j as
compared to the more than 4 km thickness of mare units which
fill other young, nearside basins [Chapter 5j. Therefore, the
pre-mare relief was probably not much greater than that
observed today. It is likely that some fraction of the central
depression is the result of thermal subsidence due to basin
cooling. However, the size of this fraction is unconstrained.
In this chapter, we model basin cooling and thermal tectonics
in an attempt to explain a portion of the relief of the central
depression, the fissuring at radial distances from 150 to
230 km, and the timing of observed tectonic deformation within
Orientale.
THERMAL EVOLUTION
Models for the thermal evolution of an initially hot
impact basin are based on the assumption of cylindrical
symmetry, Thus, the temperature T at any time t is a function
of the horizontal radius r and depth z and independent of
azimuth e. It is sufficient for our problem to solve for the
case where the initial temperature is uniformly TO within a
buried vertical cylinder extending from r = 0 to r = a and from
z = hi to z = h2. Outside the cylinder, the temperature is
zero. The solution for any circularly symmetric initial
temperature distribution may then be approximated by a sum of
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suitably weighted solutions for uniform cylinders. This geometry
is illustrated in Figure 5. The solution for the temperature
structure of a cooling cylinder in a half-space begins with the
solution for the temperature in an infinite medium due to an
instantaneous temperature change TO in a unit volume of material
located at the origin [Carslaw and Jaeger, 1959]:
T(r,z;t) = To
r 3 / 2C3
where c = 2/kt, and k is thermal
method of images to satisfy the
free surface and then integrate
temperature TO to derive the fol
cylinder:
T(r,z;t) T= e-r 2 c2C2
h2 '-z[erf( c )
e- ( r 2 +z 2 )/C2 (1)
diffusivity. We next apply the
boundary condition T = 00C at the
over a cylindrical volume of
lowing solution for a buried
Sr'e'Z/cZ Io 2 rr')dr'
0
h'-z hz+z h1 +z
- erf( c - erf( c ) + erf( c (2)
where erf is the error function [Gautschi, 1964] and 10 is a
modified Bessel function [O1ver, 1964]. The integral in equation
(2) is identically the P function described by Masters (1955].
THERMAL DISPLACEMENT AND STRESS
The cooling of a series of cylindrical bodies in a semi-
infinite, elastic solid will produce radial and vertical
displacements within that medium. Also, because cooling in the
half-space is non-uniform, thermal stresses will accumulate in
the elastic portion of the medium. To assemble models with
• A . A
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which we can assess the importance of thermal tectonics to
basin modification, we use the method of thermoelastic
displacement potentials [Goodier, 1937]. The response of an
infinite, elastic solid to a field of temperature changes AT =
T(r,z;t) - T(r,z;t-At) can be represented by a distribution of
centers of contraction (or dilatation) of magnitude:
a AT (1+v) (3)
12 r (1-v)
where a is the volumetric coefficient of thermal expansion, and
v is Poisson's ratio. The solution of the thermal stress
problem in a semi-infinite solid requires that the surface be
free of shear and normal stresses. To satisfy these boundary
conditions, Mindlin and Cheng [1950] modified the formulation
of Goodier [1937] by imposing a center of contraction, a double
force, and a doublet, each of appropriate strength at the image
point (r,-z) corresponding to each center of contraction (r,z)
in the half-space. As a result, the thermal displacement field
u = (u,v,w) is given by
u = - v41 - V22 (4)
where the thermoelastic displacement potentials in the
axisymmetric problem are:
-f If r r'dr'de'dz' (5)
V
R1 -ff I -- r'dr'de'dz' (6)
V
are integrals over volume V in the half-space weighted by the
distance scalars:
R1 ' = [(r-r') 2 - 2rr' cos(e-6') + (z-z')2]1 / 2 (7)
R2 ' = [(r-r') 2 - 2rr' cos(e-e') + (z+z')2] 1 / 2
The operator applied to *2 is:
(8)
V2€ 2  = (3-4v)Vý 2 + 2[z (a )] - 4(1-v)V2 (z$2)ek (9)
where V2 is the Laplacian and ek is the unit vector in the z
direction.
Because of the symmetry of the time-dependent temperature
solution (equation 2), we can solve for the total displacement
field by approximating
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solution for the potential of a disk prior to integration over
z'. The displacement field follows directly from centered
difference numerical differentiation of 01 and 02 as prescribed
by equations (4) and (9).
The accuracy of the above described method for computing
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the potential of a cylinder was tested by constructing a sphere
using a stack of buried cylinders. We calculated the resulting
potential and compared the solution to the well known potential
of a sphere. The procedure was repeated with spheres of
various radii. Because we are primarily concerned in the
models discussed below with the displacments and stresses near
the free surface, it is essential that the approximation for
the potential of a cylinder be accurate when the cylinders are
close to the observation points at the surface. Even when the
sphere is placed within 0.02 sphere radii of the surface, the
potential of the stacked cylinders approximating the sphere can
be brought as close as desired to the analytic solution for the
potential of a sphere by decreasing the thickness and
increasing the number of cylinders in the representation. We
also calculated the displacement field produced by the same
sets of stacked cylinders and compared the results to the
displacements at the free surface due to a cooling sphere given
by Mindlin and Cheng [1950]. Again, the difference between our
approximation and their exact solution can be made to vanish by
using thinner cylinders. We are, thus, confident that the
summation of solutions for the displacement fields computed
using the approximation for a cylindrical potential (Appendix
C) and equation (4) can adequately represent displacement field
due to cooling and contraction of any axisymmetric temperature
structure.
In the models that follow, we examine the displacements
and stresses only at the surface of the basin. Thus, the
stress normal to the surface (azz), all shear stresses, and the
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local temperature are all zero. The field of thermoelastic
stresses produced at the free surface is calculated from the
displacement field (equation 4) using the formulae [Timoshenko
and Goodier, 19703:
arr = - E-2) [(1-v)err + v(eee + Ezz)] (10)
aee = - (1+v)(1-2v) [(1-v)cee + v(crr + ezz)] (11)
where E is Young's modulus, compressive stress is positive, and
strains are given by:
u= (12)
e = u (13)
Z = w (14)
where u and w are the radial and vertical components of
displacement and differentiation is accomplished numerically
using the centered difference method. The stresses examined in
this chapter are measured relative to a zero-stress state at
t = 0. Though the state of stress soon after the impact may
contain contributions from basin formation and cavity collapse,
we concentrate here on stress produced by basin cooling.
ASSESSMENT OF PROCEDURE
The equations derived above provide a simple procedure
with which the elastic effects of an axisymmetric temperature
change in a half-space can be computed. Most uncertain in our
models is effect of the assumption that the lunar lithosphere
behaves as an elastic half-space during the thermal evolution
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cooling and contracting at depth.
In the half-space model presented here, it is impossible
to examine completely the effects of depth- and temperature-
dependent rheology on the strains and stresses at the surface.
We can simulate part of the anelastic effects of high
temperature regions on the stress field by stipulating that
material not be permitted to contribute to thermal stress until
it has cooled below some elastic blocking temperature Te
[Turcotte, 1974, 1983]. The details and limitations of
incorporating a blocking temperature in models of cooling
oceanic lithosphere are described in Chapter 5. In the models
that follow, we present cases with and without a blocking
temperature.
INITIAL THERMAL STRUCTURE
The impact of a basin-forming projectile with a planet
(Figure 6) involves a transfer of projectile kinetic energy
primarily to heating of the target area and secondarily to
ejection of some portion of heated target material [eeg.
O'Keefe and Ahrens, 1976, 1977]. The deep structure of the
youngest nearside basins [Chapter 5] suggests that the
excavated impact cavities of basins the size of Serenitatis or
Orientale penetrated to near or beneath the lunar Moho. The
excavated volumes of these basins were probably on the order of
107 ki14 3 . Collapse of the cavity walls and uplift of the crust,
upper mantle, and associated isotherms followed shortly after
basin formation [Head, 1974). Thus soon after the impact
event, the basin subsurface was subjected to two primary
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sources of anomalous heating above the ambient lunar
temperature structure: (1) conversion of impact kinetic enegry
to deeply buried heat (impact heating), and (2) uplift of
crustal and mantle isotherms during the short-term modification
of the excavated cavity (isotherm uplift). We consider both
sources of heat, and we derive simple relationships for the
quantity and distribution of anomalous temperature implanted
beneath a large basin. We then use these temperature
structures to explore the contribution of cooling tectonics to
the modification of a basin the size of Orientale.
Impact Heating
The quantity and distribution of heat emplaced during a
hypervelocity impact, as well as the size of the basin
remaining after excavation and short-term modification, are
complex functions of the mass, volume, and velocity of the
projectile and of the gravity, density and strength near the
planet's surface [e.g., Holsapple and Schmidt, 1982]. Given
only the observed basin morphology, it is difficult to estimate
the original kinetic energy (EK) of the impacting body. Many
of our present conceptions about the energetics and mechanics
of basin formation follow from scaling of smaller craters
formed by ancient impacts on the Earth [Shoemaker, 1960; Grieve
et al., 1977], nuclear and chemical explosions in the field
[e.g., Vaile, 1961; Nordyke, 1977] and impact experiments in
the laboratory [e.g.
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1976, 19773.
The crater produced by the Teapot-Ess nuclear explosion is
considered a good terrestrial analog of larger impact craters
because the overturned strata at the crater rim resemble rim
formations observed at the Meteor impact crater [Shoemaker,
19603. The crater formed by the explosion was 89 m in diameter
(DT) and 27 m deep [Nordyke, 1961]. The yield (ET) of the
event was 5 x 1019 erg. To obtain a rough estimate of the
energy (EK) required to form an Orientale-sized basin, we
assume the crater radius is a function of gravity and kinetic
energy only and scale the Teapot-Ess data using the relation:
EK = ET [Dc (-)n]m (15)
where gE and gM are the gravitational acceleration of the Earth
(980 cm/s 2) and Moon (162 cm/s 2), respectively. Values for the
exponent m range from about 3 (volume proportional to energy)
to 4 [Holsapple and Schmidt, 1982] and, for n, from 0.14
[Ivanov, 1976] to 0.25 [Holsapple and Schmidt, 1982]. Using
the extreme values of m and n produces estimates of EK varying
by over four orders of magnitude. We adopt m = 3.4 in accord
with energy-diameter relationships from craters formed by
nuclear and chemical explosives [Vaile, 19613. We set n equal
to 0.165 after the work of Gault and Wedekind [19773, who
examined the effect of varying downward acceleration
('gravity') in laboratory experiments using aluminum
projectiles impacting quartz sand, Adopting an impact crater
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diameter (Dc) of 610 km for Orientale [Head, 1977], equation
(15) suggests that EK for that basin is about 2 x 1032 erg. We
use this number only as a starting point with which the thermal
evolution of Orientale can be modeled.
Numerical models of small impacts (EK - 1016 erg)
performed by O'Keefe and Ahrens [1976] suggest that more than
90% of EK (call this quantity EH) goes into heating the
projectile and target, that perhaps 25% of EK never leaves the
basin, and that some unknown fraction of heated ejecta returns
to rest within the basin. It is possible that less heat is
ejected from the target region following a basin-size impact
because excavation of heated target material may have been
impeded by an increase in strength across the lunar Moho
[Chapter 5].
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unconstrained. Though the distribution of i
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metamorphism and melting is concentrated at shallow depths
below terrestrial craters [e.g. Dence, 1971; Grieve and
Cintala, 1981] and by the roughly exponential relationship
between the internal energy density and depth in
finite-difference models of the formation of the Imbrium basin
[Figure 5, O'Keefe and Ahrens, 19753.
We compute the spatial distribution of impact-generated
temperature as a function of slant-range distance q =
(r 2+z 2 ) 1 / 2 from the center of symmetry on the pre-impact
surface using the relation:
T(q) = e-qs (16)
p Cp (1)
where s is a decay constant (the distance from the center of
symmetry at which heating falls to 1/e of its peak value), p is
density (either crustal or mantle), and Cp is specific heat.
The latent heat of phase changes is ignored here. The quantity
e is an energy density derived by solving the integral
equation
L
EH = I (2xq 2 )*( e'q/S)dq (17)
0
where L is the value of q at which temperatures drop below some
arbitrarily small level of significance. The energy density at
radius q is given by the terms between the second set of
parentheses,
Some fraction of this implanted heat is ejected during
basin excavation. To estimate the amount of heat thrown beyond
the basin rim, we utilize the model for nearside crustal
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structure derived in Chapter 5. The difference between the
assumed pre-impact crustal thickness and the thickness of
non-mare crust beneath the youngest basins such as Orientale
provides a lower bound on the depth from which material was
permanently excavated from the basin. We remove from the top
of the target region a plug of heated material of thickness
equal to the apparent depth of excavation (Figure 6). Left
behind is a thickness of crust equivalent to that inferred from
the analysis of Chapter 5 and a spherical cap of heated crust
and upper mantle. Let EB be the quantity of impact heat
residing beneath the basin. The quantity EB and the decay
constant s will be the important parameters in the models that
follow. We assume that uplift of the basin subsurface in
response to the mass deficiency created by cavity excavation
raised the hot material along vertical trajectories. Though
the return of heated ejecta probably contributed to the
post-impact thermal structure of basins, we assume here that
the contribution of returned ejecta is small in comparison to
that of shock heating of non-excavated target material.
Isotherm Uplift
Uplift of crustal and mantle isotherms accompanied the
uplift of shock heated material during the short-term
modification of a basin. The extent of uplift of sub-basin
isotherms may be estimated from the preserved relief of the
lunar Moho beneath young basins (Figure 10, Chapter 5), a basin
age, and a global thermal history model. The effects of
isotherm uplift are illustrated in Figure 7. Isotherm uplift
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after basin formation is assumed to follow vertical
trajectories, with the maximum uplift occurring in the central
region of the basin. The shape of the uplifted volume
(Figure 6) is taken to be that of a truncated cone with upper
and lower radii as inferred from the crustal structure models
of Chapter 5. The pre-impact temperature distribution is taken
to be constant below 100 km depth. The anomalous temperature
distribution is calculated as the difference between the
uplifted temperature profile and the pre-impact selenotherm.
The temperature changes contributed by isotherm uplift are
maximum at the surface and in the basin cener and go to zero at
100 km depth.
ADOPTED PHYSICAL PARAMETERS
The choice of physical parameters affects the rate of
cooling and the magnitude of thermal displacements and stresses
in the thermally and tectonically evolving basin. Measurements
of the physical properties of lunar samples are, however, few
in number. Also the pressure and, especially, temperature
conditions during the time of basin cooling are uncertain.
The densities of the crust (Pc) and mantle (Pm) used here
and 2.9 and 3.4 g/cm3 , respectively, and are probably accurate
to ± 0.1 g/cm 3 [Solomon, 1975]. We adopt a specific heat of
1.2 x 107 erg/g-*C [Solomon and Longhi, 1977]. Density and
specific heat affect the conversion from shock heat density to
temperature (equation 16) and probably pose the least important
source of error in this analysis. For diffusivity (k) we use
the value of .01 cm2/s measured by Schatz and Simmons [1972) at
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180 0C in olivine. At about 1200*C, k in olivine drops to half
this value. Because the cooling time of a body is
approximately inversely proportional to k, our results may
overestimate by as much as a factor of two the rate of cooling
at early times when sub-basin temperatures are greatest. We
set the volumetric coefficient of thermal expansion a to 2.7 x
10-5oC - 1 throughout the cooling region. This value lies
between the average value of 1.4 x 10-50C-1 measured by
Baldridge and Simmons [1971] in porous lunar basalts and
breccias between 25 and 2000C at atmospheric pressure and an
average of 3.7 x 10-6*C - 1 from measurements at olivines made at
1 atm and 8000 C and given by Skinner [19663.
As may be seen from equations (10) and (11), thermoelastic
stress calculated is proportional to Young's modulus (E). Both
static (strain measurements of rocks subject to pressure
changes) and dynamic (ultrasonic measurements of compressional
and shear velocity) experiments provide information on E. At
higher pressures, dynamic measurements generally result in
values of E higher than statically derived values [Simmons and
Brace, 19653. The calculation of thermal stress in this
chapter is made at the lunar surface; thus a consolidated
breccia would be a suitable lunar sample to use as an analog
for the battered upper crust. We use Mizutani and Osako's
[19743 ultrasonic measurement of compressional velocity (5.5
km/s) in Apollo 17 metabreccia (sample 73235, p = 2.93 g/cm 3 )
to compute E. Assuming a Poisson's ratio of 0.25, E = 7.4 x
1011 dyne/cm 2. At 0.5 kbar confining pressure (~ 10 km depth)
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E = 8.1 x 1011 dyne/cm 2. Though no static measurements of
compressibility of this metabrecia have been made, the work of
Simmons and Brace [1965] suggests that a static determination
of E would be somewhat lower than Mizutani and Osako's [1974]
values because of the different effects of unclosed cracks on
velocity and strain measurements at low (< 2 kbar) confining
pressure. In the models presented below, we select E = 7 x
1011 dyne/cm 2 as characteristic of the uppermost crust. A
summary of physical parameters adopted in this chapter is given
in Table 1.
THERMO-TECTONIC MODELS: ORIENTALE
Following the above guidelines, we present models for the
contributions of isotherm uplift and impact heating to the heat
emplaced beneath Orientale (Figure 1) during basin formation
and short-term modification. A summary of the models presented
below and the important parameters used in their computation is
given in Table 2.
Isotherm uplift
The results of Chapter 5 provide constraints on the
quantity of heat contributed by uplift of the crust, upper
mantle, and associated isotherms following cavity formation.
The shape of the Moho beneath Orientale as inferred from an
inversion of lunar gravity and topographic data (Figure 10a,
Chapter 5) is that of a truncated cone with an upper radius of
50 km, a lower radius of 310 km, and a height of 55 km. Using
the estimated age of the basin (- 3.9 b.y.), a global thermal
history model [Solomon and Head, 1979), and this Moho relief,
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the quantity and distribution of anomalous temperatures
produced by isotherm uplift can be estimated. Figure 7 shows
the pre-impact and post-uplift temperature profiles under the
center of Orientale as well as the profile of anomalous
temperature AT taken to be the difference between these two
curves. The quantity AT at the lunar surface is nearly 600*C.
The temperature change at 100 km depth is zero by assumption.
Figure 8a shows the field of anomalous temperatures produced by
isotherm uplift (model A) as a function of r and z. At radii
greater than 50 km from the basin center, structural and
isotherm uplift is diminished relative to that beneath the
central basin region. The total anomalous heat contributed by
isotherm uplift beneath Orientale is 1.4 x 1032 erg, a number
similar in magnitude to estimates of the of the implanted
impact energy for basins of this size.
We derive a thermal history for the uplift heating
contribution to sub-basin heating, as we will for all
subsequent models presented, by first approximating the initial
temperature distribution shown in Figure 8a by a series of
cylinders of constant temperature. We then compute the cooling
histories of each cylinder using equation (2) and superpose the
solutions to complete the problem. The resulting temperature
fields at times 10, 100, and 500 m.y. after the initial uplift
of isotherms (t = 0) are displayed in Figures 8b-8d. By
10 m.y., much of the heat in the upper 20 km of model A has
left the basin region. By 100 m.y. only about 30% of the
initial heat remains. By 500 m.y. less than 1% of the heat is
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left. Thus most of the thermal contraction and stress
contributed by isotherm uplift will take place within 100 m.y.
of basin formation.
The major uncertainties in the cooling that follows
isotherm uplift are the adopted pre-impact selenotherm and the
extent of uplift. It is difficult to assess error in the
adopted selenotherm, but the error in amount of uplift under
Orientale is constrained by the uncertainty in the crustal
thickness given in Chapter 5. In Chapter 5, a major assumption
used to constrain both Moho uplift and the thickness of mare
basalts was that the mare units are the sole source of
super-isostatic mass in the basin region. Given that this
assumption is correct, the error in Moho relief is probably
about ± 10 km. We have computed the thermal histories for
isotherms uplifted to + 10 km from that presented in this
chapter and found that temperatures vary by less than 10% from
the model shown in Figure 8.
The displacements and thermal stresses accumulated at the
surface in model A at times 10, 100, and 500 m.y. after basin
formation are shown in Figure 9. The center of the basin
subsides (vertical displacement w, Figure 9a) by about 180 m in
the first 10 m.y., but subsides only an additional 175 m during
the next 90 m.y. The horizontal extent of significant
subsidence is controlled by the breadth of uplifted material
beneath the basin. By 500 m.y., a region out to 200 km radius
has experienced at least 100 m of subsidence. Subsidence at
the center of the basin approaches 430 m by this time.
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The amount of subsidence predicted at the center of the
basin for model A (- 430 m) is about an order of magnitude less
than the observed relief of the central basin depression. Even
if upper mantle isotherms were raised to the surface during
basin formation, the total accumulated subsidence would not
exceed 1 km. Thus, if a large portion of the relief associated
with the central depression is a consequence of thermal
subsidence, some additional source of initial heat is
required.
The radial displacement u (Figure 9c) is toward the center
of the basin. The magnitude of u is greatest between 150 and
200 km radial distance and accumulates to about -225 m by
500 m.y. This magnitude is about half that of the subsidence
of the basin center over the same time interval.
The radial (orr, Figure 9b) and azimuthal (aoe, Figure 9d)
stresses in the central basin region are compressional and
similar in magnitude. Because azz and all shear stresses are
zero at the surface, thrust faulting should be the dominant
mode of stress release near the center of the basin. Both
stresses accumulate most rapidly in the first 10 m.y. and
reach 1.6 kbar by 100 m.y. The preferred direction of
thrusting could vary depending on local structural hetero-
geneities or sources of stress other than local thermal
contractions (e.g., tidal stress).
While oee approaches zero with increasing r, arr passes
through zero at about 200 km radial distance and becomes
extensional at greater distance (Figure 9). The zone of
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extension at or before the extensional strength of the rock is
reached. For igneous rocks, measured extensional strengths
range from about -0.2 to -0.4 kbar. Therefore, fissuring is
most likely in regions of the basin where arr is less than -0.2
to -0.4kbar, though if aee - orr is sufficiently
strike-slip fissuring
In model A, the
-0.2 kbar at 100 m.y.
polarity of stresses
the style of failure
predicted by cooling
distances greater tha
originated by thermal
field contributed by
could occur wherever arr is extensional.
region of the basin where Orr is less than
is from r = 230 to 400 km. Though the
produced by basin cooling predicts well
seen in Orientale, the zone of fissuring
of uplifted isotherms alone is at radial
n that observed. If the fissures
stress, the anomalous initial temperature
impact heating must have been localized
within a radial distance smaller than that characterizing
isotherm uplift.
Impact heating
Superimposed on the heat distribution beneath Orientale
arising from isotherm uplift was an uncertain quantity of heat
converted from impact kinetic energy. The loss of this impact
heat gives rise to additional displacements and thermal
stresses which must be added to those contributed by cooling
following isotherm uplift.
As discussed previously, we assume that implanted impact
heat decays exponentially with distance from the point of
impact. The decay constant, s, defines the distribution of
heat beneath the basin (equations 16 and 17). How much of the
large,
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implanted heat is ejected from of the excavated cavity is also
highly uncertain. An inversion of gravity and topographic data
for nearside lithosphere structure performed in Chapter 5
(Figure 8) indicates that the crust has been considerably
thinned beneath Orientale, as it has been beneath other large
lunar basins. The profile of crustal and upper mantle
structure beneath Orientale (Figure 10a, Chapter 5) suggests
that at least 55 km thickness of shock-heated crust was removed
during the excavation of the central portion of the cavity. We
assume that the upper 55 km of the hemispherical distribution
of converted impact energy density was completely removed from
the basin as ejecta.
In the models for Orientale presented below, we keep s as
a free parameter with which the locations of maximum stress and
thus of tectonic features can be modeled. The other free
parameter in our models is the quantity of implanted heat (EB)
initially residing beneath the basin. The quantity EB is
weakly constrained by scaling relationships for impact kinetic
energy (equation 15), studies of partitioning of impact kinetic
energy [e.g., O'Keefe and Ahrens, 1976], and estimates of the
excavated volumes of basins. We begin by assuming that EB =
1032 ergs and show later the effect of varying this highly
uncertain quantity.
In Figures 11 and 12 are shown the initial temperature
distributions and cooling histories produced by impact heating
beneath Orientale assuming EB = 1032 erg and s = 25 km (model
B) and 90 km (model C), respectively. Most of the initial heat
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in model B is concentrated within a small volume near the basin
surface. The initial temperature immediately beneath the
central basin region exceeds 10000C. By 100 m.y., only 27% of
the initial energy remains beneath the bas-in. Virtually all
the heat has left the basin by 500 m.y. The initial heat is
distributed over a larger volume in model C relative to
model B, and therefore the initial temperatures are
considerably reduced. For the same reason, heat leaves the
basin more slowly. About 60% of the initial energy remains
buried in the subsurface after 100 m.y. After an additional
400 m.y. of cooling, only 8% remains. A substantial fraction
of the deformation resulting from cooling in either model B or
C will be completed by 100 m.y., a necessary condition if
thermal displacement and stress are responsible for the
fissuring within Orientale.
The thermoelastic effects of cooling in models B and C are
illustrated in Figures 13 and 14, respectively. Shown in each
figure are w and arr versus r and t at the lunar surface, The
shapes of plots of u and aee and their relationships to w and
arr are similar to those for model A (Figure 9).
Comparison of Figures 13 and 14 shows that the patterns of
accumulated displacement and stress reflect the distribution of
initial heat (defined by s) in each model. Most of the
subsidence in model 8 is confined to the first 100 m.y. and to
radial distances less than 150 km. Subsidence near r = 0
(Figure 13a) is almost 1.8 km by 100 m.y. Subsidence beneath
the basin center for model C (Figure 14a) is lower in magnitude
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(only ~ 200 m by 100 m.y.) but takes place over a broader
region. Also, because heat is lost more slowly in model C, a
significant proportion of the basin's total subsidence takes
place between 100 and 500 m.y. Radial stress (Figure 13b) in
the center of the basin is compressional and exceeds 20 kbar by
the time the cooling is complete in model B. Maximum
extensional stress in this model occurs between r = 90 and
130 km and accumulates to about -3 kbar. In model C (Figure
14b), Orr at r = 0 reaches 1.2 kbar by 100 m.y. The radius at
which arr becomes extensional increases with increasing basin
age. The distribution of arr in model C contains a broader
region of extension compared to that of model B. For EB = 1032
erg, maximum extension accumulates to -0.2 kbar by 100 m.y.
Neither model B or C satisfactorily predicts the location
of fissures and the magnitude and relief of the central
depression within Orientale. However, the above models
indicate that the form of the associated displacement and
stress fields are sensitive to the value of the decay constant
s. the distributions of displacement and thermal stress scale
linearly with EB, but the shapes of those distributions are
independent of EB. Therefore, if the central depression and
fissures are products of thermal stress and if the elastic
half-space model presented adequately represents the Moon
during the time of basin formation and modification, we may
constrain the quantity and distribution of heat implanted by
varying s so as to match the horizontal extent of the central
depression and the location of fissuring and by varying EB so
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as to match a given fraction of the relief of the central
depression.
A model following these guidelines, model D, is shown in
Figure 15a. For this model EB = 5 x 1032 erg and s = 50 km.
Significant impact heating extends to radial distances and
depths somewhat greater than the radius of Orientale
(~ 310 km). Near-surface temperatures within 100 km of basin
center exceed the liquidus temperatures of most igneous rocks.
Cooling proceeds at a rate intermediate to the rates in models
B and C. By 100 m.y., 24% of the initial energy has been lost;
less than 10% of EB remains in the target region by 500 m.y.
Figure 16 shows the subsidence and surface radial stress
for model D. The center of the basin subsides by 3.3 km after
500 m.y. This subsidence is in addition to the 0.4 km of
subsidence contributed by the loss of heat from isotherm uplift
(model A). Though it is difficult to assess what fraction of
the relief of Orientale's central depression is due to thermal
subsidence , the sum of the subsidence from models A and D
accounts for most of the present relief from the basin center
to the foot of the inner Rook Mountains. Also, that most of
the subsidence occurs at radial distances less than 200 km is
in agreement with the observed topographic profile (Figure 2).
By 100 m,y., accumulation of arr in Model D is almost
complete (Figure iS). This is in agreement with the inferred
period of fissuring in the corrugated and plains facies of
Orientale. Near the center of the basin, arr is compressional
and exceeds the measured strength of igneous samples under
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uniaxial compression (2-5 kbar, Brace, [19643). Radial stress
is most extensional between about 100 and 250 km radial
distance. Between 10 and 100 m.y., the location of maximum
extensional arr moves from r = 140 to r = 180 km. The greatest
extensional stress reaches -2 kbar by 10 m.y. and -3 kbar by
100 m.y. Even by 10 m.y., arr thus exceeds the measured
strength of laboratory rocks under extension at near-surface
conditions [Brace, 19643. Thus, fissuring is likely before 10
m.y. of cooling has taken place. The location of maximum
extensional arr is consistent with the band of fissures
observed at radial distances between 150 and 230 km from the
center of Orientale.
Effect of an Elastic Blocking Temperature
As discussed previously, it is probable that portions of
the crust and mantle at sufficiently elevated temperatures will
not contribute significantly to the thermal stress field.
Thermal stress models (E and F) that incorporate an elastic
blocking temperature [Turcotte, 1974, 1983) are shown in
Figures 17 and 18. In both models, the anomalous temperature
field contains contributions from both isotherm uplift
(model A) and impact heating (model B). To determine whether a
parcel of material is above or below the elastic blocking
temperature Te, the selenotherm (Figure 7a) must be added to
the anomalous temperature. In model E a blocking temperature
of Te = 5500 is imposed. This is the isotherm suggested by
McNutt and Menard [19823 to represent the base of the
mechanically strong lithosphere in terrestrial ocean basins.
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In model F, we use a blocking temperature of 800 0C,
corresponding to the temperature at the greatest depth of
earthquakes in terrestrial intraplate settings [Chen and
Molnar, 1983].
At t = 0 in model E, all temperatures beneath the center
of the basin exceed Te = 5500 C, even ignoring impact heating.
This is evident from an examination of Figure 7. Impact
heating of the sub-basin region further raises the initial
temperatures beneath the basin. Therefore, thermal stress
during early cooling is confined to the shallow crust exterior
to the regions most extensively heated by the basin formation
process. This effect is reflected in the shape of the arr
distribution at t = 10 m.y. (Figure 17). The zone of maximum
contraction contributing to thermal stress occurs not beneath
the basin center during this time interval, but near r - 125km,
where temperatures are below 550*C. The cooled, elastic
surface layer is pulled toward this annular region, thus
producing zones of mild extension near r = 0 and r = 300 km.
By 100 m.y., most of the crust beneath the basin has cooled
below Te and, as a result, has begun to contribute to and
accumulate thermal stress. By this time, the distribution of
arr begins to resemble models with no blocking temperature.
However, because the total volume of material cooler than Te is
small relative to the total volume heated during basin
formation, the magnitude of arr is everywhere less than in
previous models. This is especially evident near the basin
center where arr in model B (Figure 13) exceeded 20 kbar at
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500 m.y. Also, the zone at the surface experiencing radial
extension is strongly controlled by both the value of Te and
the radial extent of isotherm uplift beneath the basin. The
result is a region of extensional stress that is broader, and
located at a greater radial distance from the basin center,
than that which would be produced by the same model without a
blocking temperature. In fact, models computed using the same
value of Te and the same amount of isotherm uplift as was used
in model E, but including impact heat confined to regions
smaller than the region of isotherm uplift, differ little from
that shown in Figure 17. After 100 m.y. in model E, arr
exceeds the extensional strength of igneous rocks (- -0.2 to
-0.4 kbar) only for r > 250 km. Model E, then, poorly accounts
for the observed fissuring between r = 150 and 230 km within
the Orientale basin.
By increasing the blocking temperature to 8000 C in model
F (Figure 18), a larger volume of basin subsurface is permitted
to contribute to thermal stress. However, the results of model
F are significantly different than if no blocking temperature
were assumed. This may be seen by comparing Orr from model F
(Figure 18a) with the sum of rOr from models A (Figure 9) and B
(Figure 13). Stress magnitudes are smaller in model F, and the
region over which Orr exceeds the extensional strength of
igneous rock is broader and farther from the basin center.
Still, by t = 100 m.y., orr'is more extensional than -0.2 kbar
between r = 180 and 450 km and aoe is positive (Figure 18b),
thus providing a state of stress sufficient to produce the
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fissuring observed around Orientale. If the impact heating
contribution had a value for s much larger than that used here
(s = 25 km), the region of extensional stress would be pushed
to even greater radial distances. Therefore, even though model
D (s = 50 km) provided the best fit to the observed topography
and tectonics of Orientale among models not including the
effects of a blocking temperature, models with a blocking
temperature as high as 8000C provide a better fit to topography
and tectonics if the impact heating contribution was
concentrated within a relatively smaller volume.
DISCUSSION
The exploratory models presented above suggest that the
cooling of an impact basin following heating by conversion of
impact kinetic energy and uplift of isotherms was an important
contributor to the topography and fissuring observed within the
Orientale basin. Beyond this qualitative result, however, what
can we say about the quantity and distribution of initial heat
beneath large lunar basins and, by inference, about the
basin-forming impact process? If the Moon behaved as an
elastic half-space throughout the range of temperatures
encountered during the thermal evolution of a basin, model D
(EB = 5 x 1032 erg, s = 50 km, Figures 15-16) predicts best the
4 km of relief defining the central basin depression and the
radial position of the ring of fissures (r = 150 and 230 km).
We know from observations on the Earth, however, that rocks
undergo ductile deformation at elevated temperatures for a
given stress difference and strain rate and that a substantial
volume of the
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impact heat near the point of impact. We therefore suggest
that the decay of impact heat density with distance from the
point of projectile impact for an Orientale-size event must be
rapid and that for the exponential decay assumed in this paper
(equation 16), s = 50 km may be an upper bound on the decay
constant. For comparison, the energy density distribution
shown in Figure 5 of O'Keefe and Ahrens [19753 for their
numerical model of Imbrium (assumed Dc = 650 km) falls off
roughly exponentially with a decay constant s of about 20 km.
While the total uplifted heat (1.4 x 1032 erg) provides a
lower bound on the quantity EB of impact kinetic energy
implanted as heat beneath the basin, the work of this chapter
also yields an upper bound. First, an upper bound of 5 km can
be placed on the total subsidence that has occurred within the
central basin region of
thickness of mare units
hte depression measured
Mountains to the top of
is likely that only a p
subsidence. The sum of
s = 50 km) accounts for
Given s, the magnitude
Thus if s = 50 km, then
5 km of the upper bound
Orientale based on the observed
[~ 1 km, Head, 1974] and the relief o
from the foot of the inner Rook
the mare units [Head et al., 1981].
ortion of this total is due to thermal
models A and D (EB = 5 x 1032 erg and
3.7 km of the observed depression.
of subsidence is proportional to EB.
EB = 6.3 x 1032 erg can explain all
on the subsidence,
f
It
Therefore
6.3 x 1032 erg is an upper bound on the actual value of EB.
Also, if s < 50 km, subsidence at the center of the basin
increases for a given value EB (compare models B and C, Figures
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13 and 14). Because the discussion in the paragraph above
suggests that s must be less than 50 km, 5 x 1032 erg is again
an upper bound on EB.
If we assume that EB represents about 25% [O'Keefe and
Ahrens, 1976] original kinetic energy (EK) of the impacting
projectile, and we use the lower (1.4 x 1032 erg) and upper
(6.3 x 1032 erg) bounds suggested by our analysis, we can
constrain (though weakly) EK for the Orientale event to be
greater than about 6 x 1032 erg but less than 2.5 x 1033 erg.
These bounds may act as useful constraints for models of
planetary accretion by the impact of sizeable planetesimals and
subsequent planetary thermal histories [e.g., Kaula, 19793 in
which the fractional conversion impact kinetic energy to heat
and the spatial distribution of that heat are important
parameters.
CONCLUSIONS
We have explored the hypothesis that thermal stress has
made a significant contribution to the topography and tectonics
of multi-ringed basins. The models presented are based on the
response of an elastic half-space to cooling following the
emplacement of heat by dissipation of impact kinetic energy of
and uplift of isotherms during basin formation. Thermal
stresses and displacements have been calculated both with and
without the inclusion of an elastic blocking temperature.
These solutions have been compared with the magnitude of
topographic relief [Head et al., 19813, the location of
fissuring and the timing of fissure formation [Church et al.,
1982] in the relatively well-preserved Orientale basin.
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For all reasonable thermal models, basin cooling and
accumulation of thermal stress is most rapid in the first
100 m.y. after basin formation, in agreement with the inferred
timing of fissuring within Orientale. The predicted state of
stress in the fissured region (rrr = extensional, aee =
compressional) predicts well the form and trends of fissures
whether these features are extension fractures, strike-slip
faults, or both.
If the Moon's response to cooling was completely elastic,
then the relief of the central depression to the base of the
mare units (~ 5 km) and the occurrence of fissuring between
radial distances of 150 and 230 km from the center of Orientale
can be explained by postulating the quantity EB of implanted
impact energy was 6.3 x 1032 erg and its decay with a
slant-range distance q from the point of impact varied as
e-q/s, where s = 50 km. Because of the anelastic effects of
material at high temperatures on the thermal stress field,
however, and the probability that only a portion of the central
depression is related to thermal subsidence, it is likely that
EB = 6.3 x 1032 erg and s = 50 km are upper bounds on the
actual values of these quantities. That the effect of isotherm
uplift alone fails to explain the location of fissuring
suggests that the contribution to the anomalous temperature
field from impact heating is probably of greater magnitude than
the 1.4 x 1032 erg of heat contributed by isotherm uplift. The
amount of kinetic energy emplaced as heat beneath Orientale was
therefore between about 1.4 x 1032 and 6.3 x 1032 erg.
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There is, of course, an untested element of uncertainty in
the ability of our models to represent the anelastic response
of material at high temperature to cooling. The models
presented here nonetheless suggest that basin cooling and
thermal stress contributed significantly to the topography and
tectonics of multi-ringed basins and that constraints on the
initial quantity and distribution of heat may be derived from
topographic and tectonic observations and the sensitivity of
our models to the initial temperature field.
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FIGURE CAPTIONS
Figure 1. The Orientale basin as seen from Lunar Orbiter IV.
The basin's center is located at 200S, 950W. The diameter
of the outer ring (Cordillera Mountains) is about 900 km.
Figure 2. Generalized topographic profile of Orientale, after
Head et al. [19811. Also shown are the locations of
rings, facies, and structural features, after Church et
al. [1982].
Figure 3. Map view of Orientale showing rings, fissures (thin
lines) and graben (double, hatched lines).
Figure 4. Lunar Orbiter IV photograph of fissures with
V-shaped cross sections located in the corrugated and
plains facies southwest of the basin center. Photo number
LOIV 195H1.
Figure 5. Geometry of the thermoelastic stress problem for a
cooling impact basin. Cylinders of constant temperature
change can be superposed to form any axisymmetric
distribution of temperature change.
Figure 6. Scenario for the early stages of basin formation and
heating.
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Figure 7. (a) Pre-impact selenotherm 3.9 b.y. ago [Solomon and
Head, 1979] and thermal profile after the excavation of
Orientale and uplift of isotherms by 55 km beneath the
center of the basin.
(b) Anomalous temperature beneath the center of the basin
contributed by isotherm uplift.
Figure 8. Basin thermal evolution for model A. The initial
field of anomalous temperature t=0O) is that produced only
by isotherm uplift. Also shown are the temperature fields
10, 100, and 500 m.y. after basin formation.
Figure 9. Displacements and thermal stresses for model A
(Figure 8). Values shown are accumulated over times of
10, 100, and 500 m.y. after basin formation. (a)
Subsidence w; (b) radial stress orr, (c) radial
displacement u; and (d) azimuthal or hoop stress aee.
Figure 10. Mohr failure envelope for Frederick diabase derived
from the laboratory experiments of Brace [1964].
Figure 11. Basin thermal evolution for model B. The initial
anomalous temperature field is due to implanted impact
kinetic energy; the total heat EB buried beneath the basin
is 1032 erg and the decay constant s is 25 km (see
equations 16 and 17). Also shown are the temperature
fields 10, 100, and 500 m.y. after basin formation.
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Figure 12. Basin thermal evolution for model C. Parameters
identical to the model of Figure 11 except that
s = 90 km.
Figure 13. Subsidence w and surface radial thermal stress Orr
for basin thermal model B (Figure 11). Values shown are
accumulated after times of 10, 100, and 500 m.y. after
basin formation.
Figure 14. Subsidence w and surface radial stress orr for
basin thermal model C (Figure 12).
Figure 15. Basin thermal evolution for model D. The model
includes impact heating with EB = 5 x 1032 erg and s =
50 km. See Figure 11 for further explanation.
Figure 16. Subsidence w and surface radial stress Orr for
model D (Figure 15).
Figure 17. Surface radial stress Orr for model E, a
combination of uplift heating from model A (Figure 8) and
impact heating from model B (EB = 1032 erg and s = 25 km,
Figure 11). An elastic blocking temperature Te of 5500 C
has been imposed.
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Figure 18. Surface thermal stresses for model
of uplift heating from model A and impact
model B. An elastic blocking temperature
been assumed.
F, a combination
heating from
Te = 800 0 C has
Table 1. -Adopted values
stress models
of parameters used in thermal
Variable Description Value Source
crustal density
upper mantle
density
specific heat
heat capacity
volumetric thermal
expansion
coefficient
Young's modulus
2.9 g/cm3
3.4 g/cm3
1.2x10 7
erg/g-oC
0.01 cm2 /s
2.7x10- 5 oC-1
7x10 1 1 dyne/cm2
Sol omon
Sol omon
[1975]
[1975]
Solomon and
Longhi i--977]
Schatz and
Simmons
Baldridge
Simmons
Skinner
[1972]
and
-1971
[1966
Mizutani and Osako
L19774, Simmons
and Brace [1965]
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PC
Pm
Cp
k
a
E
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Table 2. Models of thermal stress arising from
the Orientale basin
the cooling of
Model Buried Decay Blocking Uplift Figure
Number Heat (EB), Constant Temperature heating Number(s)
1032 erg (s), km Te, 0C included?
yes
550
no
yes
8,9
11,13
12,14
15,16
17
25 800F 1 yes 18
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Chapter 7
CONCLUDING REMARKS
The major objectives of this thesis have been to examine
the structure of young oceanic lithosphere and lunar impact
basins, to interpret these structures in terms of the processes
responsible for their formation, and to assess the contribution
of thermal stress to the tectonics of oceanic and lunar
lithosphere. In the broadest sense, it was found that the
lithosphere in both environments is definably heterogenous and
that the processes which acted to shape them varied in time and
space. Also, the response of simple elastic models to oceanic
and basin cooling suggests that thermal stress is an important
factor in the tectonic history of the lithosphere in the
vicinity of both mid-ocean ridges and lunar impact basins.
The examination of the seismic velocity structure of crust
near the East Pacific Rise detailed in Chapter 2 provides new
data on the nature and origin of young oceanic crust, but
leaves many questions unanswered. Are thermal models for
crustal accretion at fast-spreading ridges [e.g., Sleep, 19753,
which generally predict a steady-state magma chamber along the
rise axis, inadequate? Or is the absence of a sizable axial
magma body at crustal levels in the ROSE area anomalous? Is
the 5- to 10-km-wide magma chamber inferred to exist 2 km
beneath the East Pacific Rise crest at 90N [e.g., Herron et
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al., 1978] real? Could magma be stored in crustal dikes or
sills and still explain seismic and petrologic observations?
The use of three-component ocean-bottom seismometers to examine
shear and compressional energy that has traversed a mid-ocean
ridge greatly increases the information available with which
the presence and volume of crustal magma bodies can be
assessed. The conversion of compressional to shear energy at
the seafloor is, however, not well understood. Can crustal
anisotropy explain the preferential conversion of P to S waves
on a rise-crossing line discussed in Chapter 2 as compared to a
rise-flanking line? A study of the energetics of mode
conversion at the cracked and porous seafloor typical of young
oceanic crust would provide insight into the observed
variability in shear wave arrivals seen in the ROSE area and
elsewhere. Reflection seismograms, SEABEAM bathymetric data,
and observations from submersibles would have greatly enhanced
our understanding of the tectonics of the ROSE area and of the
ocean bottom environment which affects mode conversion beneath
the shots and receivers and coupling of the receivers with the
seafloor.
The advantages of recording refraction data with a series
of identical, ocean-bottom instruments is evident from the data
recorded on 0.5 m.y. old crust and presented in Chapter 3. The
amplitude patterns and small changes in those patterns would
have been difficult to detect and confirm had a variety of
instruments with different coupling characteristics and
348
instrument responses been employed in this study. Comparison
of the work of Chapter 3 to a similar study completed on 140
m.y. old crust [Purdy, 1983] provided strong evidence for an
increase in the velocity of the uppermost crust with increasing
age. Studies identical to that presented here and in Purdy
[19833, but conducted along isochrons both younger and older
than 0.5 m.y., could disclose structural trends not seen in
previous studies using fewer or less uniform instrumentation.
Questions to be answered by such studies include: At what age
do velocities near the surface begin to increase? Over what
period of time do these changes take place? Is the structural
evolution of the crust dependent on plate velocity, plate age,
or both? What would these findings tell us about hydrothermal
circulation? A final question motivated by the work of Chapter
3 is the relative importance of metamorphism versus original
igneous lithology in determining the seismic layering of
oceanic crust. By deploying several ocean bottom instruments
and conducting a thorough refraction experiment in conjunction
with deep drilling, many questions about the geologic analogs
of the observed seismic layering could be answered.
In Chapter 3, the thickness of seismic layer 2 was found
to vary by no more than a kilometer over a 200 km long
refraction line. However, the thickness of the crust varies by
up to 80 km over the same lateral distance on the nearside of
the Moon (Chapter 5). That the lunar lithosphere was thinned
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by tens of kilometers in the seconds to minutes required for
the formation of large basins attests to the great power of the
impact process and to the mechanical and thermal energy
transferred to all planets in the solar system during the
period of intensive bombardment which ended almost 4 b.y. ago.
More can be learned about the impact process by exploiting the
full resolution of the lunar line-of-sight gravity data to
improve upon the models of the deep structure of impact basins
presented in Chapter 5. The results of this chapter pose
questions that might be answered by a re-examination of the
lunar photographic data set: Do differences in basin
morphology (e.g., ring development) as a function of regional
crustal thickness exist? Do these differences represent the
preserved effects of a strength transition across the lunar
Moho on the expanding impact cavity at the time of basin
formation? Is the subdued relief of irregular mare basins a
product of a difference in the basin formation process early in
lunar history or a reflection of a relaxation process acting
over longer time scales?
A major conclusion of Chapters 4 and 6, is that thermal
stress is or has been a significant contributor to the
topography and tectonics of young oceanic crust and lunar
impact basins. This assessment was made using a series of
simple, elastic half-space models in which the effects of
temperature and pressure on the rheology of material at depth
were accounted for only incompletely and artificially.
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Future work will include visco-elastic models of the thermal
stress field in cooling lithosphere and models in which stress
is episodically relieved according to strength envelopes based
on the calculated strain rates and differential stresses and an
assumed rheology. Thermal stress may also be important to the
state of stress in such other geologic settings as oceanic
fracture zones, ridge-transform intersections, igneous
intrusions and volcanic extrusions. An effort should be
mounted to document geological and geophysical evidence (e.g.,
fracture patterns, seismicity, or physiographic features formed
in response to contraction) for the contribution of thermal
stress to the tectonics in such settings in order that the
modeling of the thermal stress fields be worthwhile.
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APPENDIX A
MASS DISK PARAMETERS AND TRIAXIAL GRAVITY COEFFICIENTS
USED TO COMPUTE THE LUNAR FREE-AIR GRAVITY ANOMALY
The free-air gravity anomaly field for the lunar nearside
is calculated as the sum of the contributions from 350 mass
disks [Wong et al., 19753 superimposed on a triaxial gravity
field [Liu and Laing, 19713.
Preseaited in Table 1 of this appendix are the following
disk parameters given by Wong et al. [1975]: latitude,
longitude, mass of the disk (m divided by the mass of the Moon
m = 7.35 x 1025 g), disk radius (a), and the radial location of
the center of the disk relative to the lunar center of mass.
the components of attraction of a single disk at the origin in
the x-y plane (Cartesian coordinates) on a point in space at
x,y,z can be approximated by taking the limit as the vertical
thickness approaches zero of an oblate spheroid [Moulton,
1914). The resulting components of attraction (Ax,Ay,Az) as
given by Wong et al. [19712 are:
A= A = 3Gm {-[kl/ 2/(1+k)] + sin-1[1/(1+k)1/ 2]} (Al)
x y 2a3
Az -3Gm fl/k 1 / 2 - sin-1[1/(1+k)1/2]} (A2)
Z a
where G is the gravitational constant and k is the solution of
the quadratic equation:
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k2 a2 + [a 2 - (x 2 +y 2 +z 2 )]k - z2  = 0 . (A3)
The gravitational attraction in space due to a distribution of
disks in spherical coordinates can be easily computed from
equations (AI-3) by rotating coordinates and summing the radial
components.
The triaxial gravity field (ignoring the zero order term)
at radius r from the Moon's center of mass and at latitude 6
and longitude 0 is given by
3GMRm 2
r4  [C2 0 P2 0 + C2 2P22 cos2o + S2 2P22 sin2o] (A4)
where Rm is the mean lunar radius (1737.42 km) and the non-
normalized coefficients are given by Liu and Laing [19713 as
C20  = -0.19963 x 10
-3
C22  = 0.23595 x 10-4 (A5)
S22  = 0.45383 x 10
-5
and the Legendre functions are:
P20  = sin
2 e -
(A6)
P22 = 3 COS 2e
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APPENDIX B
50 BY 50 AVERAGES OF LUNAR NEARSIDE TOPOGRAPHY
The topographic data set used in the study of lunar
crustal structure in Chapter 5 is given in Table 1 of this
appendix. These data are presented in the form of 50 latitude
by 50 longitude averages of observations of nearside topography
from a variety of sources (see text of Chapter 5). The
synthesis and averaging of most of the measurements were done
by B.G. Bills [personal communication, 1982]. Bills' data are
indicated by the number 1 under the "source" column in Table 1.
Also given is the number of observations incorporated into each
of his averages. In regions where the topography is poorly
resolved, values from the harmonic representation of Bills and
Ferrari [1977) (source = 2) supplement the block averages.
Topography over Orientale is taken from Head et al. [1981]
(source = 3), but required a downward adjustment of about 2 km
to fit smoothly with the topographic measurements of the
surrounding terrain. Discussion of the uncertainty of these
data is given in Chatper 5. Finally, the percent of each block
covered by mare units as used in the inversion procedure of
Chapter 5 is given in Table 1.
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APPENDIX C
THE POTENTIAL .OF A THIN DISK
The potential of an infinitely thin disk has been developed
by Thurber [1980, personal communication]. We his procedure to
derive a formula with which the displacements and stresses near
a cooling, axisymmetric body can be computed.
The integral representation for the potential of an
infinitely-thin disk of radius a, constant temperature change
AT, and centered at (0,2) is given by:
a 2ir 1
1(r,z) = 8 If I - r'de'dr' (Cl)
o o R1
where 8 is defined in equation (3), R1 is as defined in
equations (7) of Chapter 6 (to compute 02, insert R2 from
equation (8) in place of R1 ), and 8 is the angle swept out in
the place of the disk. If we assume then the observation point
is at 0=00, equation (Cl) can be rearranged to the form
a 2w
r1(rz) = f fr ' 1 de'dr' (C2)Sa (r' 2 +r 2 +(z-z')2)i/2 (1.2x) 1 /2
where,
rr' cose'
x = (C3)
r' 2 +r 2 +(z-z',)2
We then proceed with a binomial expansion of the second term in
the integrand:
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1 3
1+1(2x)+ 2!2 2!
1 3 5
(2x)2 + 2* 2 2 (2x) 33! + ... (C4)
which condenses to
(1-2x)- 1/2 = "
n=O
(2n-1)(2n-3)...(1)
Inserting (C3) and (C5) into (C2), removing from the integrand
terms not involved in integrations, and separating
remaini ng terms into integrations over 0' and over r' results
in:
*(r,z) = 8 z
n=o
a
I
0
r' n+l
( rl 2+r2 +( Z-Z 1')2 )n+l /2
21w
rn /
0
cosne'de
dr'
Integrating
2w
the cosine term in (C6) produces:
0 ,
I cosne'de' =
0 (n-1)(n-3)...(1)
2 (n)(n-2)...(2)
for odd
, for
we substitute 2k for n throughout (C6) and sum over all
integral k:
l(r,z) = 2wB Cko
k~o
(4k-1)(4k-3)...(1)
(2k)!
(2k-) (2k-3) .. (1)
(2k)(2k2-2)...(2)
r'2k+1
(r, 2 +r 2 +(z_-z') 2 ) 2k+1/2 (C8)
(1-2x) - 1 /2
xn (CS)
the
(C6)
Thus
even n (C7)
a
*I
o0
* r2 k
(2n-1)(2n-3),,,(l)
*
dr'
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and combining, the two factorial terms at the front of the
summation in (C8) we get:
(4k)' a r'2k+1l(r,z) = 2B (4k)! r 2 k I dr'k=o 24k(k!)2(2k)! o (r' 2 +r 2 +(z-z')2)2k+1/2
(C9)
The remaining integration can be solved by parts for any given
k. For example, the k=O term of (C9) reduces to:
2wa[(a2+r 2 +(z-z')2-z/2 - (2+(Z')2) /2 ] (C10)
which, for r=O, is simply the potential of a thin disk at a
point on the axis [Moulton, 1914, p. 113].
The number of terms necessary for convergence of (C9) is a
function of the location of the observation point (r,z-z') or
(r,z+z') relative to the disk. More terms are required when the
observation point is both near the plane of the disk and close
to the disk's edge. Less terms are necessary close to the axis
of the disk or at observation points far from the disk
(i.e. r 2+(z-z') 2 > 2a).
We numerically integrate (C9) over z' to derive the
potential of a cylinder of finite thickness. This potential can
then be inserted into equation (4), Chapter 6 to calculate the
thermoelastic displacement field produced by a uniformly cooling
cylinder.
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